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ABSTRACT
This study examines the effect of a mesoscale perturbation of aerosol on a larger-scale cloud system
driven by deep convective clouds. An aerosol-perturbed domain of size 120 km is prescribed in the middle
of the larger-scale domain of size 1100 km. Aerosol perturbations in the mesoscale domain result in an intensification of convection in a mesoscale convective system (MCS). This leads to an intensification of the
larger-scale circulations, which in turn leads to an intensification of the larger-scale subsidence. While the
invigorated convection enhances precipitation in the MCS, the intensified larger-scale subsidence acts to
increase the larger-scale stability and thus to suppress convection and precipitation in the larger-scale domain.
The suppression of precipitation in the larger-scale domain outweighs the enhancement of precipitation in the
mesoscale domain, leading to suppressed precipitation over the entire domain. The ramifications of aerosol
perturbations therefore need to be considered on scales much larger than the scale of the perturbation.

1. Introduction
Numerical modeling has suggested that aerosolinduced changes in evaporation and freezing of hydrometeors (i.e., changes in latent heat distribution) affect
low-level convergence and parcel buoyancy of mesoscale convective system (MCS) driven by deep convective clouds (Andreae et al. 2004; Givati and Rosenfeld
2004; Khain et al. 2005, 2008; Koren et al. 2005; Ekman
et al. 2006; van den Heever et al. 2006; Seifert and Beheng
2006; Lynn et al. 2007; van den Heever and Cotton 2007;
Rosenfeld et al. 2008; Tao et al. 2007; Lee et al. 2008a,b;
Lerach et al. 2008; Khain and Lynn 2009; Fan et al. 2009;
Ntelekos et al. 2009; Lee et al. 2010; Storer et al. 2010;
Ekman et al. 2011; Morrison and Grabowski 2011). The
MCS comprises multiple deep convective clouds and these
clouds grow above the freezing level to reach the tropopause. In spite of using different modeling frameworks
and microphysical representations, the above-mentioned
studies all show that aerosol-induced enhancement in
evaporation develops stronger downdrafts and, when
stronger downdrafts descend below cloud base and collide with ambient flow, low-level convergence is intensified; however, it is notable that the intensification of
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the low-level convergence depends on the magnitude of
wind shear and the intensification of the convergence
may not lead to that of convection when the interaction between wind shear and cold pools results in more
upshear-tilted convection. Increased low-level convergence invigorates the mesoscale convection and circulation, leading to more cloud mass and precipitation.
Moreover, there are aerosol-induced increases in freezing due to reduced droplet size and thus reduced conversion of cloud liquid to rain and associated increases in
cloud-liquid mass as a source of freezing. This enhances
parcel buoyancy from freezing and thus further invigorates the mesoscale convection and circulation. This
contributes to more cloud mass and precipitation. This
enhancement in parcel buoyancy occurs most efficiently
when updrafts are not strong enough to carry a significant
portion of rain upward.
Mesoscale circulations are building blocks of largescale circulations observed in systems such as monsoon
and the intertropical convergence zone (ITCZ). Hence,
we raise the possibility that aerosol-induced changes in
mesoscale circulations might extend to larger-scale systems by affecting large-scale circulations, even though
the aerosol perturbation is limited in the mesoscale system. This possibility is hinted at in Bell et al. (2008), Khain
et al. (2005), and van den Heever and Cotton (2007).
They showed a strong correlation between changes in the
strength of a source of aerosol pollution and precipitation

DOI: 10.1175/JAS-D-11-0111.1
Ó 2012 American Meteorological Society
Unauthenticated | Downloaded 01/09/23 04:42 AM UTC

1958

JOURNAL OF THE ATMOSPHERIC SCIENCES

changes in a convective system removed from, and, thus,
not directly affected by the source. Since these studies
did not show a detailed analysis of the mechanisms controlling this correlation, the current study extends these
studies to identify the mechanisms.
This study aims to examine aerosol–cloud interactions
in a mesoscale domain and their impacts on a largerscale domain that is ;8 times larger than the mesoscale
domain. The mesoscale domain enables the simulation
of a MCS and the larger-scale domain corresponds to
a mesoscale alpha system. This study aims to identify
mechanisms of how aerosol-induced changes in mesoscale circulations over the aerosol perturbation region
affect the larger-scale circulations and thus clouds and
precipitation far removed from the aerosol perturbation.

2. Cloud-system-resolving model
The Goddard Cumulus Ensemble (GCE) model (Tao
et al. 2003), which is a two-dimensional nonhydrostatic
compressible model, is used here as a cloud system–
resolving model (CSRM). The detailed equations of
the dynamical core of the GCE model are described by
Tao and Simpson (1993) and Simpson and Tao (1993).
The subgrid-scale turbulence used in the GCE model
is based on work by Klemp and Wilhelmson (1978) and
Soong and Ogura (1980). In their approach, one prognostic equation is solved for the subgrid-scale kinetic
energy, which is then used to specify the eddy coefficients. The effect of condensation on the generation of
subgrid-scale kinetic energy is also incorporated into the
model.
To represent microphysical processes, the GCE model
has been adopted to include the double-moment bulk
representation of Saleeby and Cotton (2004), which uses
bin model–derived lookup tables for hydrometeor collection processes. Hydrometeor size distributions assume
gamma basis functions with fixed breadth. Cloud droplet
and ice crystal nucleation also mimic a size-resolved approach (Lee et al. 2010).
A Lagrangian scheme is used for sedimentation of
hydrometeors, which is transportation of the mixing ratio and number concentration of each class of hydrometeors from any given grid cell to a lower height in the
vertical column, following Walko et al. (1995).
The cloud droplet nucleation parameterization of
Abdul-Razzak and Ghan (2000, 2002), which is based on
Köhler theory, is used to obtain parameterized supersaturation around cloud base and thus droplet nucleation
via primary nucleation around cloud base. This parameterization combines the treatment of multiple aerosol
types and a sectional representation of size to deal with
arbitrary aerosol mixing states and arbitrary aerosol size
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distributions. The bulk hygroscopicity parameter for each
category of aerosol is the volume-weighted average of
the parameters for each component taken from Ghan
et al. (2001). In applying the Abdul-Razzak and Ghan
parameterization, the size spectrum for each aerosol category is divided into 30 bins. For in-cloud or secondary
droplet nucleation above cloud base, supersaturation is
not parameterized but predicted supersaturation by the
CSRM used in this study is directly used. Aerosol particles whose critical supersaturation is smaller than the
predicted supersaturation are activated via secondary
droplet nucleation in cloud above cloud base.
Lohmann and Diehl’s (2006) parameterizations, taking
into account the dependence of ice nuclei (IN) activation
on dust and black carbon (BC) aerosol mass concentration, are used for contact, immersion, and condensation–
freezing activation of IN.
Secondary production of ice occurs by the Hallet–
Mossop process of rime splintering (Hallet and Mossop
1974) and involves 350 ice splinters emitted for every
milligram of rimed liquid at 25.58C. The number of
splinters per milligram of rime liquid is linearly interpolated to zero between 238 and 288C.
The parameterizations developed by Chou and Suarez
(1999) for shortwave radiation and by Chou et al. (1999)
and Kratz et al. (1998) for longwave radiation have been
implemented in the GCE model. The solar radiation
scheme includes absorption due to water vapor, CO2, O3,
and O2. Interactions among the gaseous absorption and
scattering by cloud particles, molecules, and the surface
are fully taken into account. Effective size of cloud particles is calculated using predicted cloud particle number
and mass by the double-moment scheme. Reflection and
transmission of a cloud layer are computed using the
d–Eddington approximation. Fluxes for a composite of
layers are then computed using the two-stream adding
approximation. In computing thermal infrared fluxes, the
k-distribution method with temperature and pressure
scaling is used to compute the transmission function.

3. Case description
a. Control run
For this study, 2-day two-dimensional simulations of
an observed MCS are performed. The MCS was observed during the Tropical Warm Pool International
Cloud Experiment (TWP-ICE) [1200 LST (local solar
time) 23 January–1200 LST 25 January 2006] campaign
in Darwin, Australia (12.478N, 130.858W). Henceforth,
the simulation of this observed case is referred to as ‘‘the
control run.’’
Periodic boundary conditions are set on horizontal
boundaries. This study focuses on cloud-scale interactions
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but not on interactions between clouds and large scales
much larger than the model domain where clouds are
generated in this study. Hence, observed heat and moisture fluxes are imposed on the model surface and there
are no two-way interactions between surface fluxes and
clouds. To prevent the reflection of gravity or sound
waves from the model top, a damping layer of 5-km
depth is applied near the model top.
The TWP-ICE observations provide initial humidity,
temperature, and large-scale forcings of humidity and
temperature. These observations are processed by variational analysis described in Xie et al. (2010). Vertical
profiles of the initial specific humidity and potential
temperature applied are shown in Fig. 1. Up to the top
of the planetary boundary layer (PBL) around 2 km,
potential temperature and humidity do not change significantly, whereas above the PBL top, potential temperature (humidity) increases (decrease) significantly.
Large-scale advective tendencies for potential temperature and specific humidity were interpolated from
3-hourly analyses of balloon soundings at every time
step. The time- and domain-averaged large-scale forcings of potential temperature and specific humidity are
4.8 K day21 and 4.3 g kg21 day21. The wind in the west–
east direction u is westward at most altitudes except for
those in the PBL. Hence, the time- and domain-averaged
wind is westward with a magnitude of 4.8 m s21. The
details of the procedure for applying large-scale forcing
are described in Donner et al. (1999) and are similar to
the method proposed by Grabowski et al. (1996). Horizontal momentum was damped to observed values, following Xu et al. (2002).
It is assumed that there are five chemical components
of aerosol: dust, sulfate, organics, BC, and sea salt.
Depending on predicted aerosol mass within cloud, the
total aerosol number for each aerosol species varies and
is reset to the background value at all levels outside
cloud. Within clouds, aerosol is advected, diffused, and
depleted by nucleation (i.e., nucleation scavenging). In
this study, we did not include the aerosol removal by
precipitation that captures aerosol (i.e., impaction scavenging) since it is known that impaction scavenging only
accounts for ;10% or less of the total aerosol removal
by scavenging (Hobbs 1993). Initially aerosol mass mixing ratio is everywhere set equal to its background value.
Background aerosol number concentrations for all aerosol species in each aerosol size mode are assumed not to
vary during time integration.
The control run adopts the background aerosol profiles that are extracted from the Aerosol and Chemical
Transport in Tropical Convection (ACTIVE) program
(Vaughan et al. 2008) with which the TWP-ICE was coordinated. The size distribution and number concentration

1959

FIG. 1. Vertical profiles of initial potential temperature and water
vapor mixing ratio.

of background aerosol is calculated following the methodology described in Fridlind et al. (2009) and aerosol
size distributions shown in Fig. 4 in Fridlind et al. (2009)
are applied to background aerosol. The number concentration of the background aerosol varies with height as
shown in Fridlind et al. (2009). Here, the mode diameter
and standard deviation of the distributions, as well as the
partitioning among modes for background aerosol follow Fridlind et al. (2009) and are assumed not to vary
spatiotemporally.
For the control run, the horizontal domain length is
set at 2200 km in the west–east direction while the
vertical domain length is set at 20 km to cover the troposphere and the lower stratosphere. The large-scale
forcings of temperature and humidity are applied to all
parts of this 2200-km domain. However, to minimize the
effect of boundary conditions on clouds and associated
circulations, an initial water vapor perturbation is applied only to a part of the horizontal domain between
550 and 1650 km. Hence, clouds are only formed over
the part of the domain between 550 and 1650 km, that
is, a distance of 1100 km. The water vapor perturbations vary in the horizontal but are constant throughout
the lowest 1.5 km in each column of the model. The
perturbations are horizontally random, generated from
a distribution between 62 g kg21. These perturbations
are similar to those employed by Donner et al. (1999)
and are chosen to be random so as not to impose organized structure on the convection when it develops. Also,
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initial wind fields and the damping of simulated wind
momentum to the observed one are imposed only on the
part of the domain between 550 and 1650 km and initial
wind fields in the rest of the domain are set at 0. The
periodic boundary conditions mean that circulations can
exit the domain on one side and re-enter the domain on
the other side. This can disrupt the circulation and thus
makes it difficult to isolate the effect of aerosol on the
circulation. The use of this larger 2200-km domain with
cloudy area embedded inside it prevents winds from
reaching the boundary and thus keeps them within the
domain throughout the simulations. Simulation results
described in the following sections show that winds are
indeed kept within the domain as intended. This facilitates the isolation of the effect of aerosol on circulation
by mitigating the effect of boundary condition on circulation.
All analyses (including averaging) of results in this
paper are performed and displayed only over the 1100-km
domain between 550 and 1650 km where clouds form.
Henceforth, the west end of this domain is set to 0 km
and the east end to 1100 km and the horizontal domain
refers to this 1100-km domain unless otherwise stated.
The horizontal domain length is ;6–7 times larger than
that adopted for a mesoscale cloud system simulated in
Lee et al. (2008a,b), Lee et al. (2009), and Lee et al.
(2010). Hence, this size of domain enables the examination of the effect of aerosol–cloud interactions on clouds
in a larger-scale domain. The horizontal gird length Dx is
500 m while the constant vertical grid length Dz is 200 m.
This study focuses on aerosol effects on the nucleation of cloud particles and thereby cloud microphysical and radiative properties and, thus, does not take
into account aerosol direct effects on radiation.

b. Idealized cases
In this study, we limit our interests to the effect of
aerosol on latent heat distribution and circulations, which
is initiated by the effect of aerosol on freezing as described in Andreae et al. (2004), Khain et al. (2005),
van den Heever et al. (2006), Rosenfeld et al. (2008),
Lee et al. (2010), van den Heever et al. (2011), and Seifert
et al. (2011). Thus, we do not concern ourselves with
the effect of wind shear on aerosol–cloud interactions
as identified by Lee et al. (2008b) who showed that wind
shear caused an aerosol-induced increase in the number
of secondary clouds. Instead, we focus on the effect of
aerosol on circulations via its effect on parcel buoyancy
in individual clouds. As mentioned in the introduction,
aerosol-induced increases in freezing enhance parcel
buoyancy and this invigorates convection and circulation; however, this increase in parcel buoyancy can be
offset by aerosol-induced increase in loading by cloud
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FIG. 2. Horizontal distribution of the domain-averaged background aerosol number concentration over the PBL for the idealhigh and -low runs.

particles and the invigoration can be prohibited in case
the loading effect outweighs the freezing effect. This is
because an increase in aerosol suppresses autoconversion
and thus increases cloud liquid available for its transportation to the freezing level.
To isolate the effect of aerosol on the mesoscale and
larger-scale circulations through the effect of aerosol
on freezing, the control run is repeated by setting the
background wind field to zero to remove wind shear
throughout the domain. Since background wind fields
and associated wind shear are known to predominantly
affect cloud evolution as compared to cloud-generated
wind shear (e.g., Weisman and Klemp 1982; Houze
1993), it is expected that this will exclude most of the
effect of wind shear on cloud evolution with good
confidence. This experiment is referred to as ‘‘the
ideal-low run.’’ The ideal-low run is repeated but with
one difference: aerosol mass and number are increased
by a factor of 10 between 490 and 610 km in the horizontal domain but is kept the same as in the ideal-low
run in the rest of the domain. We thus have a 120-km
region subject to a mesoscale aerosol perturbation,
embedded in a larger-scale domain, whose horizontal
scale is 1100 km. This repeated simulation is referred
to as ‘‘the ideal-high run.’’ Henceforth, the domain
between 490 and 610 km is referred to as ‘‘MESO’’ and
the entire domain except for MESO is referred to as
‘‘LARGER.’’ The repeated ideal-high runs with aerosol concentration increased by a factor 2, 4, and 7 (only
in MESO) as compared to that in MESO in the ideallow run show that the qualitative nature of findings between the ideal-low and -high runs does not depend on
the magnitude of aerosol perturbation in MESO. Figure
2 shows the horizontal distribution of the initial aerosol
number averaged over the PBL for the ideal-low and
ideal-high runs. A comparison between the ideal-low
and ideal-high runs identifies the effect of the mesoscale
aerosol perturbation on the larger-scale cloud system in
LARGER as well as on the mesoscale cloud system in
MESO.
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TABLE 1. Summary of simulations.

Simulations

Background aerosol
averaged over the PBL
in MESO (cm23)

Background aerosol
averaged over the PBL
in LARGER (cm23)

Background wind field

Latent heat release
from freezing

Control run
Ideal-low run
Ideal-high run
Ideal-high-whole
Ideal-low-no-freeze
Ideal-high-no-freeze

400
400
4000
4000
400
4000

400
400
400
4000
400
400

Observed field
Set to 0
Set to 0
Set to 0
Set to 0
Set to 0

Included
Included
Included
Included
Excluded
Excluded

A control run, in which the observed ambient wind
field is used, is performed to identify the role of the wind
field on the cloud system and to test the behavior of the
new CSRM. However, this identification is not the main
goal of this study and, thus, its analysis and implications
are described briefly. Table 1 summarizes simulations in
this study.

4. Results
a. Control
PRECIPITATION RATE AND CUMULATIVE
PRECIPITATION

Figure 3 depicts the time series of the area-mean
precipitation rate smoothed over 3 h in the control run.
The comparison of precipitation between observation
and the control run in Fig. 3 demonstrates that precipitation is simulated reasonably well because the water
budget is well constrained mostly by large-scale forcings
of humidity and temperature. Also, the simulated averaged liquid water path (LWP) and cloud fraction
(CF) are within ;10% of the observed averaged LWP
(52 g m22) and CF (65%); LWP is observed by the
microwave radiometer and corrections are made to eliminate the contamination by raindrops on the instrument
as described in Liljegren (1994). This indicates that model
used here is able to simulate precipitation with a good
confidence, and is therefore a suitable framework in
which to explore the goals of the study.

ideal-low runs, respectively. In the absence of wind
shear, both ideal runs result in smaller precipitation than
the control run; the control-run cumulative precipitation
is 85.12 mm. As shown in Lee et al. (2008b), wind shear
facilitates evaporation of hydrometeors and thus intensifies downdrafts, cold-pool, and low-level convergence,
which leads to the development of secondary clouds
and thus enhances precipitation. This is closely linked to
the fact that wind shear acts to organize convection with
downdraft–updraft separation and, thus, to strengthen
the local cold pool circulations (Rotunno et al. 1988; Liu
and Moncrieff 1996; Moncrieff and Liu 1999; Tompkins
2001). Hence, the cumulative number of convective cores
at the last time step in the control run (where background
wind shear is considered) is 126 195, which is larger than
104 725 in the ideal-low run. A convective core satisfies
at least one of the following three conditions: 1) maximum cloud draft strength wmax is larger than the average over grid columns within 4 km with w . 1 m s21, 2)
wmax . 3 m s21, or 3) precipitation rate exceeds
25 mm h21. Here, w represents vertical wind velocity.
The division of the domain into MESO and LARGER
facilitates exploration of how the aerosol perturbation

b. Idealized simulations
1) PRECIPITATION RATE AND CUMULATIVE
PRECIPITATION

The precipitation event simulated here is driven by
deep convective clouds as shown in Fig. 4, which depicts
contours of mixing ratios of cloud liquid obtained around
the occurrence of maximum precipitation rate in the
ideal-low run.
Domain-averaged cumulative precipitation at the last
time step is 80.81 and 82.66 mm in the ideal-high and

FIG. 3. Time series of the area-averaged precipitation rate for
observation and the control run.
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FIG. 4. Contours of cloud liquid mixing ratio (g kg21) at the time
of the occurrence of maximum precipitation rate for the ideal-low
run. Contours are at 0.1 and 0.5 g kg21.

in the mesoscale domain (i.e., MESO) affects a MCS in
that domain and then how subsequent changes in the
mesoscale circulations affect the larger-scale circulations
and clouds in LARGER.
In MESO (LARGER), the domain-averaged cumulative precipitation at the last time step is 91.44 (79.51)
and 83.97 (82.50) mm for the ideal-high and ideal-low
runs, respectively. Thus precipitation is enhanced in
MESO and suppressed in LARGER in spite of the
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aerosol perturbation being confined to MESO. The suppression dominates the enhancement, which leads to
smaller precipitation in the ideal-high run than in the
ideal-low run over the whole domain.
Microphysical processes leading to the aerosol-induced
differences in precipitation are examined by obtaining
differences in the domain-averaged cumulative sources
and sinks of the sum of precipitable hydrometeors between the ideal-high and ideal-low runs (high 2 low).
These differences are obtained for each of MESO and
LARGER. For this, production equations for the sum
of precipitable hydrometeors are integrated over each
of MESO and LARGER for the duration of the simulations. The time- and domain-average tendency is zero
since the storage of the hydrometeors is zero at the end of
simulation. Among the sources and sinks, autoconversion
and terms associated with accretion of cloud liquid predominantly account for precipitation differences to yield
the following approximate difference equation for both
MESO and LARGER:

      

›qr
›qi
›qa
›qh
1
1
1
5 DkPrk ’ DhAu(qr ; qc j qc )i 1 DhA(qr ; qc j qr )i 1 DhA(qh ; qc j qh )i
D
›t
›t
›t
›t
1 DhA(qi ; qc j qi )i 1 DhA(qh ; qc j qa )i 1 DhA(qh ; qc j qi )i

1 DhA qa ; qc j qa )i,
(1)
where volume and area integrations are denoted by h  i
and jjjj, respectively:
ððð
1
ra A dx dz dt, and
hAi 5
Lx
ðð
1
kAk 5
A dx dz.
(2)
Lx
Here, Lx is the domain length, which is 120 and 980 km
for MESO and LARGER, respectively. In Eq. (1), the
mixing ratios of cloud liquid, cloud ice, aggregates, rain,
and hail are represented by qc, qi, qa, qr, and qh, respectively, and Au and A represent autoconversion and
accretion, respectively. The quantity Pr is precipitation.
Notation for terms in the budget equations obeys the
following conventions: the variable before the semicolon
in each term indicates the quantity whose mixing ratio is
changed by the source or sink. Following the semicolon,
quantities that merge or separate in the source or sink
are indicated by a ‘‘j’’ between them. A single variable
following a semicolon indicates a quantity whose mixing ratio is changed by a phase transition; this last convention is used in the following Eq. (3).
The terms on the right hand side of Eq. (1) are differences (high 2 low) in autoconversion, accretion of

cloud liquid by rain to form rain, accretion of cloud liquid
by hail to form hail, accretion of cloud liquid by cloud ice
to form cloud ice, accretion of cloud liquid by aggregates
to form hail, accretion of cloud liquid by cloud ice to form
hail, and accretion of cloud liquid by aggregates to form
aggregates, respectively, between the ideal-high and -low
runs. The sources and sinks excluded from Eq. (1) contribute about one order of magnitude less to the differences in precipitation than sources retained in Eq. (1).
Note that excluded sources and sinks include those of ice
hydrometeors, which are deposition and sublimation.
Budget numbers for Eq. (1) are shown in Table 2 for
each of MESO and LARGER and for the whole domain,
that is, MESO 1 LARGER.
In MESO, the decrease in autoconversion is outweighed
by the increase in accretion of cloud liquid, enabling
precipitation enhancement [see Eq. (1) and Table 2].
However, in LARGER with increasing aerosol in MESO,
autoconversion and accretion both decrease with increasing aerosol. There are no processes that are able to offset
the decrease in autoconversion in LARGER (Table 2).
This leads to precipitation suppression in LARGER and
over the whole domain [see Eq. (1) and Table 2].
Whether the change in accretion of cloud liquid is
able to offset the autoconversion decrease is determined
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TABLE 2. Domain-averaged differences in the accumulated sources and sinks of precipitation, retained in the approximated Eqs. (1)
and (3), and the domain-averaged differences in the accumulated evaporation of rain between the ideal-high and ideal-low runs.
Differences (mm) (ideal high 2 ideal low)

Terms in Eq. (1)
hAu(qr; qc j qc)i: autoconversion
hA(qr; qc j qr)i: accretion of cloud liquid by rain to form rain
hA(qh; qc j qh)i: accretion of cloud liquid by hail to form hail
hA(qi; qc j qi)i: accretion of cloud liquid by cloud ice to form cloud ice
hA(qh; qc j qa)i: accretion of cloud liquid by aggregates to form hail
hA(qh; qc j qi)i: accretion of cloud liquid by cloud ice to form hail
hA(qa; qc j qa)i: accretion of cloud liquid by aggregates to form aggregates
Terms in Eq. (3)
hC(qc; qy)i: condensation
hE(qy; qc)i: evaporation of cloud liquid
Evaporation of rain
hE(qy; qc)i: evaporation of rain
kPrk: precipitation

by how much cloud liquid mass increases with increasing aerosol. This is because cloud liquid is the source
of accretion. To examine the source of cloud liquid,
budget terms controlling the evolution of cumulative
cloud liquid mass (i.e., h›qc /›ti) are added to those in
the production equation for the sum of precipitable hydrometeors. Terms associated with cloud liquid in the
production equation for the sum of precipitable hydrometeors are canceled out by this addition. Then, it is
found that differences in condensation and evaporation of cloud liquid are 1–3 orders of magnitude larger
than the other terms (Khain et al. 2008; Lee et al.
2008a,b); also, note that condensation and evaporation
of cloud liquid explain the precipitation variation much
more significantly than evaporation of rain by one to
two orders of magnitude. Therefore, the difference in
precipitation is approximated as follows for both MESO
and LARGER:
DkPrk ’ DhC(qc ; qy )i 2 DhE(qy ; qc )i.

(3)

The qy, C, and E represent water vapor mixing ratio,
condensation, and evaporation, respectively. The terms
on the right-hand side of Eq. (3) are differences (high 2
low) in condensation and evaporation of cloud liquid,
respectively. Budget numbers for Eq. (3) are also
shown in Table 2.
In the event that both condensation and evaporation
increase with increasing aerosol, the combination of
Eqs. (1) and (3) indicates that whether precipitation
increases or decreases with increasing aerosol is determined by whether an increase in the production of
cloud liquid by condensation (leading to an increase in
accretion) is larger than an increase in the loss of cloud
liquid by evaporation (leading to a decrease in accretion).

MESO

LARGER

Whole domain

29.90
12.87
2.12
0.07
0.92
0.81
0.08

20.03
22.01
20.42
20.01
20.10
20.19
20.03

21.11
20.39
20.14
0.00
0.01
20.08
20.02

63.77
56.75

29.80
26.97

21.77
20.02

20.25
7.47

20.32
22.99

20.31
21.85

In MESO, the increased condensation of cloud liquid is
greater than the increased evaporation of cloud liquid,
resulting in the greater ideal-high precipitation than the
ideal-low precipitation (Table 2). This is despite smaller
precipitation efficiency in the ideal-high run (41%) than
in the ideal-low run (52%) at the last time step in MESO.
Precipitation efficiency is defined as cumulative precipitation normalized by cumulative condensation. In LARGER,
condensation and evaporation both decrease with increasing aerosol. Decrease in condensation reduces cloud
liquid as a source of evaporation, leading to decrease in
evaporation; the cause of decrease in condensation is
described in the following section 4b(2). Also, condensation decreases more than does evaporation (Table 2).
In LARGER, precipitation efficiency at the last time
step is nearly identical between the ideal-high (48%)
and -low (47%) runs with only ;1% difference. Hence,
the ratio of cumulative evaporation to cumulative condensation at the last time step is similar between the two
runs based on Eq. (3); note that Eq. (3) shows that condensed water not converted into precipitation is evaporated. Cloud precipitation properties (represented by
precipitation efficiency and the ratio of cumulative evaporation to cumulative condensation at the last time step)
do not change much between the ideal-high and -low
runs in LARGER. With the similar fraction of condensed water that is evaporated between the runs, decreased cumulative condensation in the ideal-high run
leads to the situation where decrease in cumulative condensation is larger than decrease in cumulative evaporation at the last time step in LARGER. The fraction of
condensed water that is evaporated is ;50% for both
the ideal-high and -low runs. This leads to decrease in
cumulative evaporation that is roughly 50% of decrease in cumulative condensation at the last time step
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in the ideal-high run. This means that decrease in condensation and, thus, in cloud liquid as a source of accretion of cloud liquid (thus leading to decrease in
accretion of cloud liquid), outweighs increase in cloud
liquid (leading to increase in accretion of cloud liquid)
because of the decrease in evaporation of cloud liquid.
As a result, there is a decrease in accretion of cloud
liquid with increasing aerosol in LARGER. Hence, in
LARGER, at high aerosol, decrease in accretion contributes to the precipitation suppression in tandem with
decrease in autoconversion, leading to precipitation
suppression at high aerosol in LARGER (Table 2).
While the aerosol perturbation acts to enhance precipitation in places where the perturbation occurs, it
acts to suppress precipitation in places not directly affected by the perturbation. Thus the effect of an aerosol
perturbation of limited spatial extent propagates into
a domain beyond that of the perturbation.

2) DYNAMIC ASPECTS
In MESO, there is an intensification of the vertical
velocity (.0 m s21) with increasing aerosol throughout
altitudes (Fig. 5a). A comparison between runs with
no ice physics [described in section 4b(3)] and with ice
physics shows that this aerosol-induced intensification
of vertical velocity in MESO is caused by an increase in
parcel buoyancy because of an increase in latent heat
from cloud particle freezing (Givati and Rosenfeld 2004;
Khain et al. 2005; Koren et al. 2005; Ekman et al. 2006;
van den Heever et al. 2006; van den Heever and Cotton
2007; Rosenfeld et al. 2008; Tao et al. 2007; Lee et al.
2008a,b; Lerach et al. 2008; Khain and Lynn 2009; Fan
et al. 2009; Ntelekos et al. 2009; Lee et al. 2010; Storer
et al. 2010; Ekman et al. 2011; van den Heever et al. 2011;
Seifert et al. 2011). Delayed autoconversion as shown
in Table 2 enhances the amount of cloud liquid below
the freezing level, which enables more transportation of
cloud liquid to levels above the freezing level and thus the
increased freezing of cloud liquid mostly via riming of
liquid particles onto solid particles throughout altitudes
above the freezing level as shown in Fig. 6a; the intensification of the vertical velocity leads to an increase in
condensation in MESO. This increase in condensation
establishes a positive feedback with the vertical velocity
to further enhance condensation, which results in an

FIG. 5. Vertical distribution of the time- and area-averaged
vertical velocity (.0 m s21) for (a),(c) MESO and for (b),(d)
LARGER. Here, (a),(b) are for the ideal-high run and the ideallow run, and (c),(d) are for the ideal-high-whole run and the ideallow run.

Unauthenticated | Downloaded 01/09/23 04:42 AM UTC

JUNE 2012

LEE

FIG. 6. Vertical distribution of the time- and area-averaged
heating rate from freezing of cloud liquid for (a) MESO and (b)
LARGER.

increase in condensation larger than the increase in evaporation. This leads to precipitation enhancement with increasing aerosol in MESO (Table 2).
In LARGER, the vertical velocity is smaller in the
ideal-high run than in the ideal-low run throughout altitudes (Fig. 5b). This is due in part to the absence of
the increase in cloud liquid freezing in the ideal-high run
in LARGER in most of altitudes above the freezing
level as shown in Fig. 6b. This absence of the increase
in freezing is mainly because there is no prescribed increase in background aerosol in the ideal-high run in
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LARGER. Thus, there is no substantial suppression of
autoconversion as shown in Table 2 and thus no substantial increase in cloud liquid below the freezing level.
This contributes to no increase in cloud liquid transported above the freezing level in the ideal-high run in
LARGER. While explaining why the ideal-high run
does not have higher vertical velocity than the ideal-low
run, the absence of the increase in freezing is not able
to explain why the ideal-high run has lower vertical velocity than the ideal-low run in LARGER. To explain
the smaller vertical velocity in the ideal-high run than in
the ideal-low run, aerosol-induced changes in dynamics
and circulations and associated changes in latent-heat
distribution are examined. Condensation and associated
latent heating predominantly control the dynamic response as well as the precipitation response to aerosol.
The condensation rate is about 1–2 orders of magnitude larger than the other sources of latent heating,
which are deposition and freezing in most of cloud layers
(Tao et al. 2006; Lee et al. 2008a, 2010). Thus, henceforth,
the focus of this paper is on condensation to explain
the response of latent heat distribution and circulation to
aerosol.
Figure 7 shows condensation rate and wind fields and
Fig. 8 shows the vertical distribution of the area-averaged
condensation rate at various stages of the simulation.
Because of increasing heating and vertical velocity from
freezing in MESO between 490 and 610 km in the
ideal-high run, condensation becomes significantly larger
in MESO than in LARGER for the ideal-high run at
1800 LST 23 January throughout the cloud layer (Figs. 7a
and 8a). Red boxes in Fig. 7 represent MESO. Figure 7a
(ideal high) shows that stronger updrafts in the invigorated convection mostly because of the increased condensation result in divergence around cloud tops between
;(12–16) km in MESO. This divergence generates wind
fields spreading horizontally and their spatial extent is
represented by green boxes in the ideal-high runs in
Fig. 7. The same green boxes in Figs. 7a and 7c (for the
ideal-high runs) are displayed in Figs. 7b and 7d (for the
ideal-low runs), respectively, to compare the divergence
fields in MESO and associated spreading wind fields
in the ideal-high run to those in the ideal-low run. Divergence originating from aerosol-invigorated convection in MESO is much stronger than that in LARGER
since convection (and thus the divergence it powers) is
weaker in LARGER than in MESO. This enables the
divergence from MESO to form wind fields in the green
box that spread out to LARGER (Fig. 7a). The wind
fields generated by divergence in MESO are to the west
and the east relative to MESO (Fig. 7a; see the green box).
The west branch of these wind fields reaches ;300 km
and the east branch ;800 km. As time progresses, the
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west (east) branch of divergence-generated wind fields
spread out further to ;100 (1000) km as shown in the
green box in Fig. 7c at 2200 LST 23 January. In the ideallow run, due to no increase in aerosol and thus in
freezing in both MESO and LARGER, there are no
significant differences in condensation and thus convection between MESO and LARGER up to 2200 LST
23 January throughout the cloud layer as shown in Figs.
7b, 7d, 8b, and 8c. Hence, there are no strong convection
and thus divergence in MESO in the ideal-low run. This
results in no wind fields (generated by divergence in
MESO) spreading to LARGER around cloud tops in
the ideal-low run up to 2200 LST 23 January as shown
in the green boxes in Figs. 7b and 7d. The divergencegenerated wind fields turn into strong subsidence nearly
over the whole LARGER to complete circulation between ;10 and ;12 km in the ideal-high run at 2200 LST
January, as shown in the lower-half part of the green box
in Fig. 7c.
We now explore the manifestation of aerosol-induced
changes in the heating profiles. Subsidence warms the
air by transporting larger u from higher altitudes. Here,
u is potential temperature. Figure 9 depicts the vertical
distribution of the vertical gradient of potential temperature du/dz. Figure 9a indicates that the strong subsidence (warming the air) induces stronger stability
between ;10 and ;12 km in the ideal-high run than in
the ideal-low run at 2200 LST 23 January in LARGER.
This increased stability suppresses clouds and thus lowers
cloud-top heights down to ;10 km in LARGER in the
ideal-high run, while cloud-top height is maintained
around 12 km in LARGER in the ideal-low run with
no strong subsidence at 2200 LST 23 January (Figs. 10a
and 10b); Fig. 10 depicts cloud and wind fields. In Fig. 10,
red and green boxes represent MESO and the spatial
extent of wind fields and subsidence powered by the
intensified convection in MESO (demonstrated by much
larger cloud-liquid mixing ratio in the ideal-high run
than in the ideal-low run in MESO), respectively. The
identical green boxes in Figs. 10a and 10c (for the idealhigh runs) are displayed in Figs. 10b and 10d (for the

FIG. 7. Wind vector fields (arrows) and contours of condensation
rate (solid lines) at (a),(b) 1800 LST 23 Jan and (c),(d) 2200 LST
23 Jan. Here, (a),(c) are for the ideal-high run, and (b),(d) are for the
ideal-low run. Contours are at 0.001, 0.002, and 0.003 g kg21 s21.
Red boxes represent MESO and green boxes in (a),(c) represent the
spatial extent of wind fields generated by divergence in MESO
around cloud tops. The same green boxes in (a),(c) are displayed in
(b),(d), respectively, to compare the divergence and associated wind
fields in the ideal-high run to those in the ideal-low run.
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FIG. 8. Vertical distribution of the time- and area-averaged vertical distribution of condensation rate in
1025 g kg21 s21 at (a),(b) 1800 LST 23 Jan, (c),(d) 2200 LST 23 Jan, and (e) 0000 LST 24 Jan. Here, (a) is
for MESO and LARGER in the ideal-high run, and (b),(c) are for MESO and LARGER in the ideal-low
run; (d),(e) are for ideal-high and -low runs in LARGER.

ideal-low runs), respectively, for comparisons of subsidence and associated wind fields between the idealhigh run and the ideal-low run. The suppressed clouds
have suppressed condensation in the ideal-high run in
LARGER at 2200 LST 23 January (Fig. 8d).
Figure 10c shows that subsidence penetrates further
down to ;(8–9) km in the ideal-high run at 0000 LST
24 January (see the green box) Fig. 9b shows that this
further penetration of subsidence increases stability in
the ideal-high run further down to ;8 km. This results
in ;4 km lower-cloud-top height in the ideal-high run
than in the ideal-low run at 0000 LST 24 January in
LARGER as shown in Figs. 10c and 10d. This explains
the weakened updrafts (as shown in Fig. 5b) and leads
to further suppression of condensation in the ideal-high
run in LARGER as shown in a comparison of condensation in LARGER between the ideal-high and -low runs
in Fig. 8e. The decreased condensation results in precipitation suppression in the ideal-high run in LARGER,
which in turn results in precipitation suppression in the
ideal-high run in the whole domain (Table 2).
Figure 11 shows the time series of the domain-averaged
differences (high 2 low) in terms associated with the

precipitation suppression in LARGER. Subsidence becomes persistently stronger in the ideal-high run than in
the ideal-low run at ;2130 LST 23 January. Here, subsidence is averaged between 5 and 12 km where the
effect of subsidence on the suppression of cloud-top
height is strong (Fig. 9). Thereafter the stability (du/dz)
starts to be persistently larger in the ideal-high run. The
ideal-low run does not experience the same degree of
stabilization and cloud-top height becomes larger than
that in the ideal-high run around 2200 LST 23 January.
The suppressed convection leads to reduced updrafts
(see also Fig. 5b) and thus reduced condensation. The
reduced condensation at high aerosol leads to the negative difference (high 2 low) in the domain-averaged cumulative condensation whose magnitude is larger than
the negative difference in the domain-averaged cumulative evaporation around 0300 LST 24 January (thin blue
line in Fig. 11). This means that in LARGER, accretion
of cloud liquid decreases due to the decrease in condensation as a source of accretion of cloud liquid with
increasing aerosol. This together with suppressed autoconversion leads to precipitation suppression in the
ideal-high run, starting around 0400 LST 24 January
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increased subsidence, increased stability, and suppressed
condensation, and, finally, reduced precipitation.

3) SENSITIVITY TEST

FIG. 9. Vertical distribution of the area-averaged vertical gradient of potential temperature for LARGER at (a) 2200 LST
23 Jan and (b) 0000 LST 24 Jan.

(thick blue line in Fig. 11). Also, it can be seen that the
integrated difference in updraft mass fluxes over the
entire simulation period is nearly identical to that in
downdraft mass fluxes. This is associated with the fact
that downdrafts and updrafts mass fluxes balance each
other nearly exactly in each of the ideal-high and -low
runs, which conserves air mass in the 1100-km domain
reasonably well. This time sequence demonstrates how an
aerosol perturbation within MESO induces in LARGER

The ideal-high run is repeated by increasing the aerosol number in the whole domain (i.e., not only in MESO
but also in LARGER) relative to the ideal-low run. This
repeated run is referred to as ‘‘the ideal-high-whole run’’
(Table 1). By increasing aerosol over the entire domain,
the difference in the aerosol perturbation between MESO
and LARGER in the ideal-high-whole run disappears.
By comparing differences in results between the idealhigh-whole and ideal-low runs to those between the
ideal-high and ideal-low runs, we can see how spatial
differences in the aerosol perturbation affect the response of precipitation to the perturbation.
The increase in buoyancy and thus in updraft and
cloud-top height (associated with the invigoration of
convection) due to increasing freezing occurs across
the whole domain since background aerosol increases
throughout the whole domain in the ideal-high-whole
run; see Figs. 5c and 5d for the difference in updrafts
between the ideal-high-whole run and the ideal-low
run and the averaged cloud-top height is 10.1 (9.9) and
9.5 (9.2) km in MESO (LARGER) for the ideal-highwhole run and the ideal-low run, respectively. Hence,
there are no substantially stronger or weaker cells and
thus the strength of divergence and associated wind fields
from each of the cells do not vary significantly among
cells in the ideal-high-whole run. This leads to no suppression of convective cells by substantially increased
intensity of divergence, associated wind fields, and subsidence from invigorated cells by aerosol. This in turn
leads to larger precipitation in the ideal-high-whole
run than in the ideal-low run throughout the whole
domain. Domain-averaged difference (ideal-high-whole 2
ideal-low) in cumulative precipitation is 6.92 and 6.10 mm
for MESO and LARGER, respectively. This is in contrast to the findings in the previous sections where the
aerosol increase is not omnipresent, indicating that there
should be a spatial variation of the aerosol perturbation
to enable the suppression of cells by subsidence.
To isolate the effect of aerosol-induced increase in
freezing on results here, the ideal-high and -low runs are
repeated with latent heat release from freezing turned
off. However, in these repeated runs, microphysical formation of ice particles is allowed. These repeated runs
are referred to as the ideal-high-no-freeze run and the
ideal-low-no-freeze run. It is found that there are no
invigoration of clouds in MESO and associated largerscale circulations in LARGER in the ideal-high-nofreeze run. Owing to no invigoration and associated
feedbacks among aerosol, microphysics, and dynamics,

Unauthenticated | Downloaded 01/09/23 04:42 AM UTC

JUNE 2012

1969

LEE

just suppressed autoconversion with increasing aerosol leads to suppressed precipitation in MESO. Because of no suppression of clouds by subsidence (driven
by stronger convection in MESO), precipitation is much
less suppressed in LARGER with increasing aerosol.
Domain-averaged difference (ideal-high-no-freeze 2
ideal-low-no-freeze) in cumulative precipitation is 22.13
and 20.34 mm for MESO and LARGER, respectively.
These simulations with no latent heat release from freezing demonstrate that it is aerosol effects on latent heat
release from freezing that induce invigoration of clouds
and precipitation enhancement in MESO and larger-scale
circulations and subsidence (which suppress precipitation further) in LARGER.

5. Summary and conclusions
This study shows that the effect of mesoscale aerosol
perturbations on clouds can extend into a larger domain
through aerosol-induced changes in the larger-scale circulations as suggested by the satellite study by Bell et al.
(2008).
In other words, these changes in the large-scale circulations enable the effect of aerosol to be teleconnected
to cloud systems away from the aerosol pollution. When
aerosol increases in the mesoscale domain, it invigorates
the MCS in the mesoscale domain by enhancing latent
heat from the freezing of cloud liquid and thus updrafts.
This results in precipitation enhancement over the mesoscale domain. These enhanced updrafts in turn induce
enhanced intensity of divergence of air around cloud tops
in the mesoscale domain. Horizontally spreading airflows (generated by divergence in the mesoscale domain)
eventually descend over the larger-scale domain. More
divergence of air with increasing aerosol in the mesoscale domain leads to stronger descent in the largerscale domain. This stronger subsidence increases stability,
which suppresses clouds and thus precipitation in the
larger-scale domain. The net result is a suppression of

FIG. 10. Wind vector fields (arrows) and contours of cloud
liquid mixing ratio (solid lines) at (a),(b) 2200 LST 23 Jan and
(c),(d) 0000 LST 24 Jan. Here, (a),(c) are for the ideal-high run,
and (b),(d) are for the ideal-low run. For the effective visualization of interactions between vertical components of wind
fields and cloud-top height, model-predicted vertical components
of wind are multiplied by a factor of 8. Contours are at 0.1, 0.5, 0.7
and 1.0 g kg21. Red boxes represent MESO and green boxes in
(a),(c) represent the spatial extent of wind fields (generated by divergence in MESO) and strong subsidence. The same green boxes in
(a),(c) are displayed in (b),(d), respectively, to compare the divergence, associated wind, and subsidence fields in the ideal-high run
to those in the ideal-low run.

Unauthenticated | Downloaded 01/09/23 04:42 AM UTC

1970

JOURNAL OF THE ATMOSPHERIC SCIENCES

VOLUME 69

FIG. 11. Time series of difference (high 2 low) in domain-averaged cumulative precipitation, updraft mass flux,
subsidence mass flux, vertical gradient of potential temperature, cumulative condensation minus cumulative evaporation of cloud liquid, and cloud-top height. Here, updraft and subsidence mass fluxes are averaged over a layer
between 5 and 12 km.

precipitation with increasing aerosol over the entire
model domain.
Numerous previous studies of MCSs have demonstrated features of aerosol–cloud interactions that are
not seen in simulations of a single cloud system in a
small-scale domain (e.g., Andreae et al. 2004; Givati and
Rosenfeld 2004; Khain et al. 2005; Koren et al. 2005;
Ekman et al. 2006; van den Heever et al. 2006; Seifert
and Beheng 2006; Lynn et al. 2007; van den Heever and
Cotton 2007; Rosenfeld et al. 2008; Khain et al. 2005,
2008; Tao et al. 2007; Lee et al. 2008a,b, 2010; Lee and
Feingold 2010; van den Heever et al. 2011; Seifert et al.
2011). The increasing aerosol affects low-level convergence of convective clouds in the MCSs and this changes
the dynamic, thermodynamic, and microphysical development of subsequent secondary clouds in the presence
of wind shear. The effect of the changes in subsequent
secondary clouds on MCSs is shown to be substantiated
;(12–18) h after the beginning of simulations (Lee et al.
2008a,b; Lee and Feingold 2010). We are not able to see
this effect in simulations of a single cloud where the
simulation of secondary clouds is not viable and the
simulation period is generally shorter than a few hours.
However, this study demonstrates that there are also
different features of aerosol–cloud interactions over the
larger-scale domain that we have not been able to see in
simulations of MCSs. This is because mesoscale domains
for the MCSs are not able to resolve aerosol-induced
changes in the larger-scale circulations and subsidence.
These changes in circulations and associated changes in
precipitation in the larger-scale domain suggest that we
need to consider a much larger domain for a better assessment of the effect of pollution on precipitation.
Assessment of the effect of pollution on precipitation
only in a domain where pollution takes place can be misleading since results here show the different response of
precipitation to aerosol between MESO and LARGER.
This is in line with Wang and Feingold (2009), although

Wang and Feingold (2009) simulated stratocumulus
clouds trapped in the PBL in a mesoscale domain. They
showed that aerosol-induced changes in circulations in
a part of domain with higher aerosol concentrations
(high-aerosol domain) affected clouds in the other parts
of domain with lower aerosol concentrations (low-aerosol
domain). This leads to a different sign of aerosol-induced
changes in cloud liquid content between the high-aerosol
domain and the low-aerosol domain. Results here are
also in line with Lynn et al. (2005), Rosenfeld et al. (2007),
Zhang et al. (2007), and Khain et al. (2010). Lynn et al.
(2005), van den Heever et al. (2011), and Seifert et al.
(2011) showed that, in spite that aerosol tended to intensify squall line, the total precipitation over large
computational area remained unchanged or slightly decreased. Rosenfeld et al. (2007), Zhang et al. (2007), and
Khain et al. (2010) showed that aerosol-intensified convection at the periphery of a tropical cyclone competed
with that in the eyewall convection, which led to the
weakening of the tropical cyclone and to a decrease in
precipitation over the entire region of the tropical cyclone.
As shown by Lee and Feingold (2010), the microphysical pathways in clouds tend to compensate in ways
that result in a small overall effect and represent further evidence of a buffered aerosol–cloud–precipitation
system (Stevens and Feingold 2009). This study also
exhibits buffering of a different kind: competition between the effect of aerosol on precipitation in the mesoscale system and that in the larger-scale system in ways
that result in the smaller aerosol-induced precipitation
difference over the whole domain than that in each of
the mesoscale and larger-scale domains. In addition to
the microphysical buffering found in Lee and Feingold
(2010) and Lee et al. (2008a,b), this buffering associated
with the effect of aerosol on larger-scale circulations
further makes it difficult to discern a clear signal of the
aerosol effect on precipitation in convective systems.
Hence, buffering here makes it more difficult to separate

Unauthenticated | Downloaded 01/09/23 04:42 AM UTC

JUNE 2012

LEE

aerosol-induced changes in cloud systems from meteorological influences.
The identical surface fluxes from observation are
prescribed for the ideal-high and -low runs. Therefore,
the surface fluxes do not contribute to the different
precipitation response to aerosol perturbation between
MESO and LARGER. In this study, we focused on how
aerosol affects clouds and precipitation for an identical
observed net heat and moisture supplied to or removed
from the domain by large-scale flow and surface fluxes
in deep convective clouds. Although feedbacks from
differences in clouds onto the large-scale flow and surface fluxes cannot be captured by this design, this isolates interactions between aerosol, microphysics, and
dynamics and enables the identification of microphysics–
aerosol interactions on the scale of cloud systems.
However, it is notable that changes in environment
(represented by large-scale forcings and the surface
fluxes) can change cloud types and the effect of aerosol
on precipitation (Lee et al. 2008b; Lee et al. 2009, 2010;
van den Heever et al. 2011; Seifert et al. 2011). Hence,
it merits future study how changing environment and
associated changes in cloud types affect interactions
between aerosol, circulations and precipitation.
For the mesoscale system in MESO, it takes around
8 h to establish aerosol-induced precipitation enhancement. Figure 11 demonstrates that if simulations lasted
for less than 8 h, we would only observe precipitation
enhancement for LARGER. To see the effect of aerosolinduced changes in circulations and their effect on precipitation suppression in LARGER with confidence,
simulations need to last at least 16 h according to Fig. 11.
This indicates that the time scale of the response of the
cloud system precipitation to aerosol gets longer as the
spatial scale of the system gets larger. Thus, we need to
have much longer time-scale considerations as the spatial
scale of a system of interest gets larger to gain a correct
assessment of aerosol effects on the system.
Use of a two-dimensional, rather than three-dimensional,
cloud system model affords substantial computational
advantages but, as Tompkins (2000) notes, some aspects
of the divergence and subsidence differ in two- and
three-dimensional models. A three-dimensional version
of the ideal-high and ideal-low runs has also been conducted with single-moment microphysics, similar to Lin
et al. (1983), and coarser resolutions; the horizontal and
vertical grid resolutions are 2 km and 500 m. The spatial
scale of the wind fields in LARGER (generated by
convection and divergence in MESO) in this threedimensional version of the ideal-high run is ;70% of
that simulated with the two-dimensional domain. Also,
the averaged strength of the divergence in MESO and
associated wind fields in LARGER decreases by ;15%
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in this three-dimensional version of the ideal-high run as
compared to the strength in the two-dimensional domain. However, precipitation enhancement in MESO
and precipitation suppression in LARGER are still simulated, resulting in precipitation suppression over the
whole domain in the three-dimensional version of the
ideal-high run as compared to the three-dimensional
version of the ideal-low run. Hence, the qualitative nature
of results here is found to be robust to the choice of domain dimensionality.
To see the effect of background wind shear here, the
ideal-high and -low runs are repeated with observed
wind fields as in the control run. Comparisons between
this repeated ideal-high run and the ideal-high run
showed that background wind shear acted to increase
the intensity and number of subsequently developing
clouds in MESO. This increase in the intensity of subsequent clouds leads to larger increases in updrafts and
precipitation in MESO and in the strength of horizontally spreading wind fields (generated by convective
divergence in MESO) from MESO to LARGER as
compared to those with no background wind shear.
This leads to precipitation increase and decrease in
MESO and LARGER with increasing aerosol, respectively, which are larger with background wind shear than
with no background wind shear. Also, this increase in
precipitation in MESO is offset by this decrease in precipitation in LARGER to result in smaller precipitation
variation over the whole domain than that over each of
MESO and LARGER in the repeated ideal-high run.
As simulated in the ideal-high run, this offset leads to
aerosol-induced precipitation suppression over the whole
domain in the repeated ideal-high run. This demonstrates
that results here are fairly robust to whether background
wind shear is considered or not.
This study does not consider aerosol returning to the
atmosphere via evaporation and sublimation of cloud
particles. If aerosol were returned to the environment,
the divergence in MESO, associated spreading wind
fields from MESO to LARGER, and subsidence in
LARGER would have more aerosol returning to the
atmosphere in themselves in the high-aerosol case than
in the low-aerosol case in LARGER. This would result
in larger aerosol differences between the high-aerosol
and low-aerosol cases than simulated here particularly in
divergence in MESO, associated spreading wind fields
from MESO to LARGER and subsidence in LARGER.
However, it should be stressed that the strong divergence,
associated wind fields and subsidence are mostly limited
above the freezing level around 4–5 km in the highaerosol case up to the time when feedbacks leading to
precipitation suppression in LARGER are established as
shown in Figs. 7 and 10. Lee et al. (2008a,b, 2009) have
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shown that convective intensity is mostly controlled by
aerosol variation below the freezing level, leading to the
variation of primary nucleation around cloud base, and
the role of the aerosol variation above the freezing level
in the convective intensity is negligible; note that cloud
droplet number concentration is mostly controlled by
primary nucleation (Rogers and Yau 1991). The variation
in cloud-droplet number concentration below the freezing level induced by variation in cloud condensation nuclei (CCN) from the boundary layer and the associated
variation in evaporation, condensation and homogeneous freezing of droplets nucleated on CCN basically
determine changes in updrafts and the convective intensity. Hence, it is not likely that aerosol returning to
the atmosphere in the divergence, associated wind fields,
and subsidence above the freezing level does have a significant impact on the convective intensity in MESO and
LARGER and thus the relative intensity of convection
in LARGER to that in MESO in the high-aerosol case.
This indicates that stronger convection in MESO than
in LARGER, which generates the wind fields spreading from MESO to LARGER and thus subsidence in
LARGER, does not depend on the consideration of the
aerosol release to the atmosphere.
The propagation of gravity waves from a strong convective region (i.e., MESO) to LARGER in the idealhigh run can have an impact on large-scale circulations
and associated cloud and precipitation evolutions in
LARGER as suggested by Grabowski et al. (2000).
Grabowski et al. (2000) showed that this propagation of
gravity waves can generate quasi-two-day oscillations of
convective intensity and precipitation. Simulations only
last two days and thus the effect of the propagation of
gravity waves on cloud and precipitation responses to
aerosol in LARGER are not to be shown clearly in this
study. Longer simulations will identify interactions between the propagation of gravity waves and large-scale
circulations in a more convincing way and thus give us
more confident understanding of aerosol effects on largescale circulations and associated clouds and precipitation.
Acknowledgments. The author thanks NOAA’s Climate Goal Program for supporting this work and the
HPCC for computing support. He also thanks Graham
Feingold for review.
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