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ABSTRACT
Recently, Chen et al. used a combination of observations and WRF simulations to illustrate that the anthropogenic aerosol–cloud microphysics–radiation interactions over the southeast Pacific can potentially
reduce the excessive shortwave radiation reaching the sea surface, a common bias identified in CMIP5
models. Here, with the aid of a mixed-layer ocean, the authors further study the implications of the shortwave
radiation reduction to the underlying air–sea coupling, focusing on the SST sensitivity to the changes. Results
show that responses of the air–sea coupling include two negative feedbacks (a large decrease in the latent
heat flux and a small decrease in the sensible heat flux, both associated with the surface cooling) and a
positive feedback (an increase in the cloud cover, caused by the increase in the relative humidity within the
boundary layer, especially during the daytime). The 0.18C (W m22)21 SST sensitivity is about half that
documented in CMIP5 models. In addition, an effective daytime cloud fraction weighted with the solar
diurnal cycle is proposed to facilitate diagnosing the intensity of cloud–radiation interactions in general
circulation models.

1. Introduction
As revealed by Calisto et al. (2014) and Flato et al.
(2013), the CMIP5 models underestimate the solar
cloud radiative forcing by stratocumulus clouds and
have too much shortwave radiation reaching the surface.
This is consistent with the simulated warmer SSTs over
the regions topped by extensive marine stratocumulus
clouds (Wang et al. 2014). The biases in cloud radiative
forcing can be attributed to biases in cloud macroproperties (e.g., too few, too bright issue; Nam et al.
2012) or cloud microproperties or both. It has been
noticed that the CMIP5 models that allow aerosol–cloud
microphysics interactions can better simulate the observed surface temperatures (Ekman 2014; Wilcox et al.
2013) and the decadal temperature variations over the
North Atlantic and North Pacific (Boo et al. 2015; Booth
et al. 2012). Thus, it is possible that the SST biases are
caused by deficiencies in representing these processes in
these models.
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Recently, we (Chen et al. 2015) showed that anthropogenic aerosols emitted from South America greatly
increased the shortwave cloud radiative forcing of stratocumulus clouds over the southeast Pacific (SEP) and
decreased the shortwave radiation reaching the sea surface by up to 30 W m22 over the coastal region. Here,
we further investigate the implications of aerosol–cloud–
radiation interactions to the air–sea coupling and subsequently the SST sensitivity to changes in the shortwave
radiation.
The surface heat flux feedback is an important issue
related to the SST responses to the shortwave radiation
changes. The net surface heat flux feedback to the SST
anomaly is generally negative (i.e., damping effect on
the SST anomaly) over the global ocean, but positivefeedback pathways are also identified over some regions
associated with responses of surface wind speed (positive turbulent heat flux feedback), stratocumulus cloud
fraction (positive shortwave flux feedback), and atmospheric water vapor (positive longwave flux feedback)
(Park et al. 2005). The response of stratocumulus cloud
fraction is the most concern over the SEP region. The
stratocumulus has an inverse seasonal cycle to the SST
with the maximum cloud cover leading the minimum SST,
suggesting that the cooler SST induces more cloud cover,
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which further enhances the surface cooling by reducing
solar radiation reaching the surface (Kubar et al. 2012).
In addition to biases in the surface heat fluxes, biases
in the simulated cold water upwelling and ocean currents also contribute to the warm SST biases (e.g., Large
and Danabasoglu 2006; Richter 2015). Over the SEP,
the upwelling cold water along the coast is transported
offshore by ocean currents, which plays a dominating
role in maintaining the annual-mean SST (Zheng et al.
2010). Zheng et al. (2011) argued that, although biases of
individual surface heat components are pronounced
(especially those of the latent heat flux and shortwave
and longwave radiation), biases of the net surface heat
fluxes are negative for most models and therefore cannot explain the warm SST biases, and that the biases in
heat transport by Ekman currents largely contribute to
the warm SST biases over both the coastal region and the
remote ocean. However, the results from the CNRM-CM5
model showed that a correction to the surface solar net heat
flux could reduce the warm SST biases by more than 50%
over the equatorial Atlantic Ocean (Voldoire et al. 2014).
Therefore, investigating how much the shortwave reduction
can potentially lessen the SST biases is still warranted.
This study was conducted by examining the equilibrium responses of the air–sea coupling when a simple
mixed-layer ocean was coupled to the WRF Model [the
same version used in Chen et al. (2015)]. Stratocumulus
clouds during the 2008 Variability of American Monsoon Systems Ocean–Cloud–Atmosphere–Land Study
(VOCALS) campaign (Wood et al. 2011) were simulated
and compared with satellite observations. In addition,
we also addressed a few issues closely related to the
marine stratocumulus clouds over the SEP, notably the
diurnal variation of cloud cover, which are sensitive
to atmospheric conditions. Descriptions of the model
configuration, experiment design, and observation
datasets are given in section 2. In section 3, we present the aerosol–cloud–radiation interactions over the
SEP, in which the effects of cloud droplet number/size
on the radiation transfer were explicitly considered.
The implications of the interactions to the air–sea coupling, including SST sensitivity, atmospheric feedback,
and responses of cloud properties and radiative forcing,
are examined in section 4. Conclusions and discussion
are given in section 5.

2. Approach
a. Model configuration
This study used the WRF Model (version 3.3) coupled
with a physics-based two-moment microphysical
scheme (Chen et al. 2015; Cheng et al. 2007, 2010;
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Hazra et al. 2013) that resolves aerosol effects on cloud
properties. A brief description is given here while interested readers are referred to these papers for details.
This scheme predicts both mass and number mixing ratios
for five hydrometeors (cloud droplet, rain droplet, cloud
ice, graupel, and snow). It includes a simple aerosol
module, which explicitly calculates activation/resuspension
and transport by tracking aerosol mass in hydrometeors
and represents the two-way interactions between aerosols
and clouds to some degree. While the aerosol concentration is simulated in domains, it is held constant at
lateral boundaries of the outermost domain throughout
the simulation with prescribed initial values (see section
2b for aerosol initialization), allowing aerosols to flow in
and out based on local winds. At the surface, aerosols
are replenished with specific rates.
The RRTMG shortwave and longwave radiation
schemes (Iacono et al. 2008) were used to simulate the
radiation transfer in the model simulations. The cloud
droplet effective radius re, which was a diagnostic variable from the prognostic cloud droplet mass and number
mixing ratios with the formula in Chen and Liu (2004),
was used to account for the effect of cloud droplet
size. Simulations used the Yonsei University (YSU)
PBL scheme (Hong et al. 2006), although sensitivity
simulations were also conducted with the University
of Washington (UW) PBL scheme (Bretherton and
Park 2009) and the GBM PBL scheme (Grenier and
Bretherton 2001) (using the WRF Model, version 3.6.1)
as well. Configurations of other physical processes
(surface layer, land surface, and cumulus convection)
were as in Chen et al. (2015).
A simple mixed-layer ocean scheme was included to
estimate the response of SST to aerosol–stratocumulus–
radiation interactions. The time change rate of SST is
calculated with the following equation:
cw r w l

›T
5 SW(1 2 a) 1 LW 2 sT 4
›t
2 SH 2 LH 2 HD ,

(1)

where cw, rw, a, and « are, respectively, the heat capacity, density, shortwave reflectivity and longwave
emissivity of the seawater; s is the Stefan–Boltzmann
constant; l and T are, respectively, the depth and temperature (SST) of the mixed layer; SW and LW are,
respectively, the shortwave and longwave fluxes reaching the surface; and SH and LH are, respectively, the
outgoing sensible and latent heat fluxes from the surface. The last term, HD, calculated with the output of a
simulation with the fixed SST, is the heat divergence in
the mixed layer due to horizontal and vertical transport.
Note that the mixed-layer depth l is only a parameter to

Unauthenticated | Downloaded 01/09/23 02:46 AM UTC

JULY 2016

2761

CHEN AND WANG

FIG. 1. Setups of (a) the domain location and (b) the vertical levels. One domain without further nesting was used
in this study. In (a), the two dashed rectangles indicate the VOCALS region (larger one) and the coastal region
(smaller one); the black line indicates the flight track of C130-RF04 during the VOCALS campaign. In (b), the solid
and dashed lines indicate the 63- and 37-level vertical setups, respectively.

facilitate the air–sea coupling and does not correspond
to the depth of the bulk mixed layer (e.g., Pollard et al.
1972) or the skin surface layer (e.g., Zeng and Beljaars
2005). This scheme is simple and straightforward, highlighting the effects of the atmospheric radiative forcing
on the surface energy balance, but does not consider the
responses of ocean currents and the cold water upwelling. These processes are much more complicated and
interact with the atmosphere at much longer time scales,
which are beyond the scope of this study.

b. Experimental design
Figure 1 presents the model setup of the domain
location and the vertical levels. Besides the SEP region, the domain in Fig. 1a includes large part of South
America in order to better simulate atmospheric dynamics near the coast and aerosol transport from the
continent to the ocean. There were 171 3 138 grids
horizontally with the resolution of 27 km. No nested
domain was involved, but the analyses concentrated
on the VOCALS region (larger dashed rectangle) and
the coastal region (smaller dashed rectangle, where
clouds are greatly influenced by anthropogenic aerosols). There were 63 levels vertically (solid line in
Fig. 1b) with the resolution of about 40 m in the cloud
and subcloud layers. This relatively high vertical resolution is to lessen the underestimation of the boundary layer depth in simulating low cloud cover (Wang
et al. 2011). The influence of a lower vertical resolution
(37 levels; dashed line in Fig. 1b) versus the higher
resolution was also discussed.

The simulation period was 20–26 October 2008, a
subperiod of the VOCALS campaign. The meteorology
forcing was from the NCEP Final (FNL) Operational
Global Analysis data (18 3 18; National Centers for
Environmental Prediction/National Weather Service/
NOAA/U.S. Department of Commerce 2000). The SEP
region was weakly disturbed by a midlatitude synoptic
system around 24–26 October, and the WRF Model was
shown to have relatively better performance in capturing cloud properties and the boundary layer structure
for this disturbed period than for other steady periods
(Rahn and Garreaud 2010b). Unlike usual WRF forecasting or hindcasting studies, this study applied the
7-day forcing for not only 1 round, but recurrently for
16 rounds to force the model to reach an equilibrium
state. The unit forcing round, 7 days, involves meteorological variability within a week length (the typical
length of a synoptic system), but avoids the variability
at longer time scales, which demands a longer time for
the model to reach the equilibrium state. Data were
stored every 3 h.
Two cases—polluted and clean (including and excluding effects of anthropogenic aerosols, respectively)—
were simulated. Both cases determined the aerosol size
distribution and initial concentration through fitting the
mean aerosol spectrum below cloud base (,500 m) observed by C130-RF04 (http://data.eol.ucar.edu/codiac/
dss/id589.115) during the VOCALS campaign with a
trimodal lognormal distribution as in Chen et al. (2015).
All aerosols were assumed to be ammonium sulfate.
Initially, aerosols were horizontally homogeneous in
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the domain, vertically well mixed below 850 hPa, and
decreasing exponentially above with a scale height
of 800 m. In the polluted case (P for short), the aerosol
replenishment from the surface was assumed to be
proportional to the anthropogenic SO2 emission during October 2008 in the Monitoring Atmospheric Composition and Climate (MACC)/Megacity–Zoom for
the Environment (CityZen) European Union projects
(MACCity dataset in http://eccad.sedoo.fr/; Diehl et al.
2012; Granier et al. 2011; Lamarque et al. 2010; van der
Werf et al. 2006) with a constant ratio for all grids. The
ratio was tuned and determined by using the observed
cloud droplet size and its east–west gradient as references. The final value was about 0.08. The strongest
replenishing grids were mostly located on the continent
and corresponded to large industries and cities in South
America (figure not shown). In the clean case (C for
short), no aerosol was replenished from the surface,
and only the lateral boundaries provided the sources
because of constant aerosol concentrations. Hence, the
resulted aerosol spatial distribution reflected effects by
dynamic transport and cloud processing. This case
provides a reference to estimate the effects of anthropogenic aerosols. Both cases did not consider natural
aerosol emissions from the surface because we are
concerned with the coastal region, where anthropogenic
aerosols dominate the total aerosol loading.
Each case included two simulations. In one simulation, SST was fixed to the prescribed initial value (F for
short); in the other simulation, SST was simulated with
the coupled mixed-layer ocean scheme (M for short).
Hereafter, the four simulations are labeled with PF, CF,
PM, and CM, respectively. The HD values used in PM
and CM were calculated with the output from CF. As
our concern was mainly the SST equilibrium response
rather than its transient evolution, the mixed-layer depth
l was set to 5 m in PM and CM to shorten the required
time of the model to reach the equilibrium state.

c. Observational datasets
Cloud properties from the Moderate Resolution Imaging Spectroradiometer (MODIS) level-3 (L3; 18 3 18)
daily product (collection 051 in http://giovanni.gsfc.nasa.gov/
giovanni; Hubanks et al. 2008) during 20–26 October 2008
were used to tune the aerosol replenishment rate in the
polluted case and evaluate the model uncertainties. The
MODIS instruments are carried by two sun-synchronous
polar-orbiting satellites, Terra and Aqua, which cross
the equator at 1030 and 1300 local time, respectively.
Data were averaged between the two satellites to reduce the effect of the cloud diurnal cycle. We took
liquid cloud fraction, gridded LWP and cloud (top) re
from the dataset, and calculated cloud droplet number
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concentration Nc with cloud optical depth and re using
the formula suggested by Painemal and Zuidema (2011).
Because this formula assumes vertically uniform Nc and
does not consider cloud adiabaticity, the Nc data derived
by Min et al. (2012), which included corrections of cloud
adiabaticity, were also compared with the simulated Nc.
Cloud radiative forcing (CRF) at the surface estimated by the Clouds and the Earth’s Radiant Energy
System (CERES; Wielicki et al. 1996) during 20–26
October 2008 was compared with the simulated CRF.
To be consistent with the simulations and MODIS observations, we mainly used the SYN1deg daily product
(18 3 18, edition 3A; http://ceres.larc.nasa.gov/products.
php?product5SYN1deg). The surface fluxes are produced
using the Langley Fu–Liou radiative transfer model with
inputs including 3-hourly geostationary satellite (GEO)
radiances, MODIS and GEO cloud properties, atmospheric profiles provided by Global Modeling and Assimilated Office (GMAO), and MODIS aerosols. The
monthly CRF at the surface estimated by energy balanced and filled (EBAF) surface (18 3 18; edition 2.8;
http://ceres.larc.nasa.gov/products.php?product5EBAFSurface; Kato et al. 2013) during October 2008 was also
used as the climatology reference.
The low cloud fraction retrieved from Geostationary
Operational Environmental Satellite-10 (GOES-10) channel-4
(wavelength l 5 10.7 mm) radiances (Abel et al. 2010)
was used to examine the simulated cloud diurnal cycle.
This dataset includes the low-cloud-cover fraction on a
0.258 latitude–longitude grid with a temporal frequency
of once per 15–30 min. The 7-day mean cloud fraction
from this dataset is similar to that from the MODIS L3
dataset.

3. Aerosol–stratocumulus–radiation interactions
over the southeast Pacific
This part differs from our previous study (Chen et al.
2015) mainly in the method of evaluating cloud radiative
forcing. To resolve the effects of droplet size on radiation transfer, our previous study employed an offline
method, in which the diagnosed re was passed to an
offline radiation transfer model, while this study employed the online method, in which the diagnosed re
was passed to the online RRTMG schemes. The online
method allows more-realistic aerosol–cloud–radiation
interactions. In all simulations, the first 2 days of the
first forcing round were discarded as the model spinup
unless noted otherwise; the data were smoothed in all
contour plots with the 25-grid (5 3 5) running-mean
method to reduce the noise.
Figure 2 presents the comparisons of the low-cloud
fraction, the gridded LWP, Nc, and re between the MODIS
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FIG. 2. Cloud properties from (a)–(d) MODIS and simulations with the fixed SST [(e)–(h) PF and (i)–(l) CF]. The first 2 days of
simulations were discarded as the model spinup. Cloud droplet number concentration in (c) is calculated with the formula in Painemal and
Zuidema (2011). The simulated cloud fractions in (e) and (i) were calculated by assuming maximum/random overlapping. The simulated
LWP in (f) and (j) only included cloud droplets to be consistent with the calculation of radiation transfer. Cloud droplet effective radius in
(h) and (l) only considered cloud droplets around cloud top to be consistent with the MODIS observation.

observation and the PF and CF simulations. The simulated low-cloud fraction was calculated with the simulated 3D cloud fraction below 2500 m assuming maximum/
random overlapping. The simulated LWP only included
cloud droplets to be consistent with the calculation of
radiation transfer. As the MODIS retrieved re only
represents the droplet population in the uppermost
portion of a cloud, re from simulations was calculated
with cloud droplet mass and number mixing ratios at
the (top down) second cloud layer as in Rosenfeld
et al. (2012).
The simulated cloud fraction in both PF and CF
has a distribution close to the MODIS observation,
but is slightly smaller, especially to the east of 758W
(Figs. 2a,e,i). The cloud cover generally decreases from
the coast to the remote ocean and has three maximum

regions (178–198S, 208–258S, and 308–328S) near the
coast and one minimum region at the lower-right corner of the VOCALS region. The simulated maximum
cloud cover is shifted southward compared with the
observed. Between the two simulations, no significant
difference is shown.
The simulated gridded LWP shows northward shifted
peaks and great overestimations over the whole region
compared with the MODIS observation (Figs. 2b,f,j).
The observed gridded LWP is about 50 g m22 near the
coast and increases westward to about 100 g m22 over
the remote ocean, while the simulated LWP is about
150 g m22 near the coast and increases westward to more
than 250 g m22. As the MODIS observations already
overestimate the gridded LWP (Min et al. 2012), the
overestimation by the model is more than 100 g m22 for
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the whole region. Besides, the cloud geometric thickness
is overestimated as well. The difference between PF and
CF is minor, even for the coastal region, indicating
clouds hardly precipitate there in both simulations. This
is further explained below.
The simulated Nc in PF has a distribution comparable
with the MODIS observation but has obvious overestimations for both the coastal region and the remote
ocean (Figs. 2c,g). The observed Nc decreases toward
the southwest from about 220 cm23 near the coast to less
than 50 cm23 over the remote ocean, while the simulated
Nc in PF is about 300 cm23 near the coast and about
80 cm23 over the remote ocean. The Nc values derived
by Min et al. (2012), which included corrections of cloud
adiabaticity to the derivation formula, are slightly larger
than those shown in Fig. 2c, but still smaller than the
simulated by PF. The Nc overestimation by the model is
caused by the strong aerosol emissions from the surface
(mainly affecting the coastal region) and the lateral
boundaries (mainly affecting the remote ocean). In
tuning, the surface aerosol emission was constrained by
the cloud droplet size, not the droplet number, so in fact
the overestimation in Nc benefits the simulation of re
near the coast, as shown below. In contrast, the CF
simulation does not show obvious east–west gradient in
Nc (Fig. 2k). It differs from PF mainly to the east of 808W
(especially near the coast) owing to the lack of anthropogenic aerosols from the continent, and is almost the
same as PF to the west of 808W, confirming that the
aerosol replenishment from lateral boundaries was too
strong in the model.
The simulated re in PF also has a distribution comparable with the MODIS observation (Figs. 2d,h). The
cloud-top re has its minimum of about 6 mm at the coastal
region around 208S and increases toward the southwest
to more than 16 mm over the remote ocean. To the east
of 808W, the east–west gradients of re in PF are similar
to those shown by the MODIS observation; the overestimation in Nc by PF offsets the overestimation in
LWP so that the model can produce droplet sizes close
to the observed. To the west of 808W, the simulated re
clearly has smoother east–west gradients than the
MODIS observed re; the area with re greater than
16 mm in the simulation is also smaller, which further
confirms that the model overestimates Nc over the remote ocean. The CF simulation also shows increasing re
from the coast to the remote ocean (Fig. 2l), but the
gradient is much smoother near the coast, mainly caused
by the gradient in LWP. It is noted that the cloud-top re
represents a very small portion of cloud droplets in the
column because the model overestimates the cloud vertical geometric thickness. Therefore, the re value of
about12 mm near the coast in CF does not ensure efficient
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water removal by precipitation as expected. This leads to
the similar LWP in CF and PF as shown above.
As the MODIS observation tends to underestimate
the stratocumulus clouds, which usually peak in the early
morning, the simulated cloud fraction along the 208S
was also compared with the GOES-10 observation, and
the simulated cloud-mean LWP, Nc, and columnar re
were compared with the C130 aircraft observations during the VOCALS field campaign (figure not shown). The
results remain the same. Overall, the model slightly underestimates the cloud fraction but significantly overestimates the cloud-mean LWP; anthropogenic aerosols
mainly affect cloud microproperties (Nc and re), but have
little effect on cloud macroproperties (cloud cover and
LWP), which are most likely dominated by the large-scale
meteorology. This is consistent with our previous results
(Chen et al. 2015).
Figure 3 presents the surface CRF from the CERES
SYN1deg data and the PF and CF simulations. The shortwave and longwave cloud radiative forcings (SWCRF
and LWCRF) in both simulations (only PF shown in
the figure) show similar patterns to the SYN1deg data.
For example, the SWCRF has peak values over three
regions coinciding with the regions with the maximum
cloud cover. However, the model clearly overestimates
both SWCRF and LWCRF, mainly caused by the overestimation of cloud thickness (LWP). Nevertheless, uncertainties of the SYN1deg data were also noted: the
monthly mean surface CRF of October 2008 calculated
with the SYN1deg data is weaker than that from the
EBAF-surface data (figure not shown). The difference
between PF and CF is limited to the east of 808W and
the largest to the east of 758W (Figs. 3e,f), which is
consistent with the difference in cloud droplet number
and size shown above. Meanwhile, the difference is significant in the shortwave band (as much as 20 W m22) but
ignorable in the longwave band (less than 1 W m22). This
confirms that anthropogenic aerosols from the continent
induce significant increase in SWCRF via aerosol–cloud–
radiation interactions but have little effect on LWCRF.

4. Implications to the air–sea coupling
a. SST sensitivity
The HD values in Eq. (1) were calculated for each
ocean grid with the simulated heat budget at the surface
from the CF simulation. Assuming the LHS to be zero,
all terms except HD in the RHS were set to the temporal
means for the whole 16 forcing rounds, so the resulted
HD had only one time slice and kept constant throughout
the simulation in PM and CM. The HD data have positive values near the coast and negative values over the
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FIG. 3. Cloud radiative forcing at the surface from (a),(b) CERES
SYN1deg and (c),(d) simulations with the fixed SST. (e),(f) Different
scales are used for the differences in SWCRF and LWCRF between
PF and CF (PF minus CF).

remote ocean (figure not shown), consistent with the
climatological strong upwelling of cold water near the
coast. As the model biases in cloud fraction and thickness
are similar in the polluted and clean cases, their effects
are considered to be absorbed into HD values, so the
difference in SST between PM and CM can only be
attributed to their differences in cloud droplet number
and size.
As the HD data in the mixed-layer ocean kept constant,
the simulated SST has a simple diurnal cycle (warming
during the day and cooling during the night) due to the
solar diurnal cycle. This tends to modify the surface
heat budget, the boundary layer development, cloud
properties, and CRF, which would further affect SST.
Therefore, the simulated SST tends to drift from the
initial value (shown below) that also corresponds to
the prescribed SST used in PF and CF, although none
of other model configurations is changed.

Figure 4 presents the initial SST, the simulated final
SSTs in PM and CM, and the difference between the
latter two. A remarkable feature in the initial SST is
the warm water patch near 208S, 708W, which was also
shown in Rahn and Garreaud (2010a). We checked
the monthly SST in the ERA-Interim during 2004–10
(ds627.1; European Centre for Medium-Range Forecasts
2012) and found that the feature is seasonal and usually
prevails from October to May. The simulated final SSTs
in PM and CM are higher than the initial SST for most
area but show similar patterns to the initial SST (i.e., increasing from the coast to the remote ocean). This warm
water patch is still apparent in the final SST of CM but
much weaker in that of PM. The difference between
PM and CM mainly occurs near the coast, where PM
has a significant cooling of as much as 28C. This is consistent with the shortwave reduction at the surface in PF
as shown in Fig. 3c.
For more in-depth analyses, we concentrate on the
coastal region (smaller dashed rectangle in Fig. 1a).
The time series of the mean SST for this region is
shown in Fig. 5. Both the final SST and the mean SST
of each forcing round reach the equilibrium state at
the eighth forcing round. Within each round, the mean
SST is slightly lower than the final SST, but their difference is stable when in equilibrium. The equilibrium
final SST is about 0.68C higher in CM and 0.88C lower
in PM than the initial SST, so the average cooling
caused by the shortwave reduction is about 1.48C for
the coastal region.
Figure 6 shows the correlation between the SST cooling
and the CRF increase at the surface from all the grids in
the coastal region. The SST cooling generally has a positive correlation with the CRF increase with a correlation
coefficient of about 0.6. On average, the sensitivity of SST
cooling to the CRF increase is 0.18C (W m22)21—about
half the strength [0.198C (W m22)21] by the direct radiation cooling for this region. Note that larger variances are shown in the surface cooling for grids with
larger CRF increase, implying that the feedback intensity of the air–sea coupling is sensitive to local
meteorological conditions. It is also interesting to
mention that the 0.18C (W m22)21 sensitivity with the
prescribed HD here is 50%–100% smaller than the
values [0.158–0.28C (W m22)21] of the North Atlantic
SST to the aerosol-caused surface SW reduction shown
by the HadGEM2 results [Figs. 3c and 3d in Booth et al.
(2012)], in which responses of the ocean currents were
also included.

b. Atmospheric feedback
The atmospheric feedback to the aerosol–cloud–radiation
interactions was examined in two aspects: the surface
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FIG. 4. (a) The initial SST in PM and CM, the simulated final SST in (b) PM and (c) CM, and (d) the difference between the latter two (PM
minus CM). The SST near the coast is reduced by as much as 28C owing to the CRF increase caused by anthropogenic aerosols.

heat budget and the boundary layer structure. Our analyses concentrate on the coastal region using results from
the last four forcing rounds of all four simulations.
Table 1 presents changes of the surface heat budget
between the polluted and clean cases (polluted minus
clean). When SST is fixed, aerosols mainly affect the
downward shortwave radiation (SWY), which is consistent with the stronger SWCRF in PF as shown in
Fig. 3. SWY is decreased by 19.1 W m22 owing to the
increased cloud albedo while the downward longwave
radiation (LWY) is increased by 1 W m22 owing to the
slightly increased cloud fraction and thickness (Table 2);
both sensible (SH[) and latent heat (LH[) fluxes are
slightly perturbed by changes in the near-surface atmospheric conditions; the upward longwave (LW[ 5
«sT 4) is identical because of the same prescribed SST.
When the mixed-layer ocean is coupled, different responses in the surface energy balance are simulated. The
LH[, SH[, and LW[ fluxes are all decreased, imposing
negative feedback to the SST changes that directly respond to the decrease of SWY. The feedback in LH[
offsets large part of the SW reduction caused by the increase of cloud albedo. However, the most interesting

finding is the further decrease in both SWY (from 219.1
to 224 W m22) and LWY (from 1 to 23.3 W m22) reaching the surface. The former is caused by the increase of
cloud cover (especially the daytime cloud cover, shown in
Table 2), while the latter is caused by the decrease of the
cloud-base temperature (Fig. 7 and Tcbase in Table 2).
Figure 7 presents the mean vertical profiles of temperature, water vapor mixing ratio, cloud water mixing
ratio, and horizontal wind speeds of four simulations.
The differences between PF and CF are minor, while the
differences between PM and CM are significant in most
parameters. Because of less SH[ and LH[ outgoing
from the surface, the boundary layer in PM tends to be
cooler and have less water vapor than that in CM, but

FIG. 5. Temporal evolution of mean SST for the coastal region
(smaller dashed rectangle in Fig. 1) from PM (black) and CM
(gray). The thin lines include the initial SST and the final SSTs of
each forcing round, while the thick lines include the mean SSTs
within each forcing round.

FIG. 6. Correlation between the surface cooling and the CRF
increase caused by anthropogenic aerosols for the coastal region.
The solid line represents the linear regression result (DSST 5
0.0975DCRF 1 0.0514) with the ordinary least squares method.
The correlation coefficient is 0.594.
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TABLE 1. Changes of the surface heat budget (polluted minus
clean; W m22) as a result of anthropogenic aerosols for the coastal
region (188–228S, 718–758W), averaged over the last four forcing
rounds (28 days). The mean SSTs during this period are 17.68, 17.68,
16.88, and 18.28C for PF, CF, PM, and CM, respectively.

SWY
LWY
LW[
SH[
LH[
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Fixed SST

Mixed-layer ocean

219.1
1.0
0
20.2
0.7

224.0
23.3
27.8
22.2
217.0

the relative humidity in PM is higher, especially in the
subcloud layer. This leads to a lower cloud height and a
larger cloud cover in PM (shown below). Recalling that
LWY is decreased as shown above, it is inferred that the
effect of the boundary layer cooling in PM overwhelms
the effects of the cloud base descending and the cloud
fraction increasing in modulating LWY. The wind profiles are not affected much except that the easterly wind
is slightly stronger in PM. This tends to enhance the
aerosol transport from the continent to the stratocumulus
over the ocean, which further affects the offshore
aerosol–cloud interactions.

c. Responses of cloud properties and radiative forcing
Table 2 presents the mean cloud properties and radiative forcing at the surface for all four simulations,
which provides more details on how anthropogenic aerosols affect aerosol–cloud–radiation interactions in the air–
sea coupling process. As shown in section 3, when SST
is fixed, aerosols mainly affect cloud microproperties
(cloud droplet number and effective radius) but have
little effect on cloud macroproperties (cloud fraction and
LWP). Therefore, compared with CF, PF has stronger

SWCRF owing to the smaller droplet size and similar
LWCRF owing to the similar cloud cover, LWP, and
top and base heights (temperatures). When the mixedlayer ocean is coupled, however, aerosols affect both
cloud macro- and microproperties. First, the cloud fraction is increased by 3.7% (PM minus CM; versus the 1.1%
of PF minus CF) by the higher aerosol concentrations.
As the cloud-mean LWP (gridded LWP/cloud fraction)
is larger in PM than in CM, this further increases the
gridded LWP in PM and tends to increase both SWCRF
and LWCRF. Second, as the whole boundary layer is
cooler in PM (shown in Fig. 7), the cloud tops and bases
in PM are about 0.78C cooler than those in CM. Nevertheless, the clear-sky longwave radiation is also decreased owing to the lower temperature, so LWCRF is
not significantly affected by changes of the cloud temperature. The responses of cloud microproperties (droplet number and effective radius) to aerosols are similar
as in PF and CF. Overall, both SWCRF and LWCRF at
the surface are apparently increased by the higher aerosol
concentrations when the SST response is included.
As the stratocumulus shows significant diurnal variations (forming during the nighttime and dissipating during the daytime; e.g., Burleyson et al. 2013), we further
examine responses of the diurnal cycle of cloud fraction
and LWP to aerosols. Generally, the polluted case has
larger cloud fraction than the clean case all the time
(Fig. 8a; solid black versus solid gray, dashed black
versus dashed gray). The difference between PF and
CF is nearly uniform throughout the day, while the
difference between PM and CM is clearly larger during
the daytime than during the nighttime, indicating that
the aerosol increase reduces the diurnal variation of
cloud fraction. It is because the surface cooling caused
by the SWCRF increase prevails during the daytime

TABLE 2. Cloud properties and radiative forcing at the surface for the coastal region (188–228S, 718–758W), averaged over the last four
forcing rounds (28 days). CldFrac and DCldFrac are acronyms for the cloud fraction and the effective daytime cloud fraction, respectively.
The definition of DCldFrac is given by Eq. (2). Based on the retrieval from the GOES-10 channel-4 radiances (Abel et al. 2010), the mean
CldFrac over this region is 81.5% during 20–26 Oct 2008, while the mean DCldFrac is 74.7%. Cloud top and base are defined, respectively,
by the uppermost and the lowermost layers with the single-layer LWP greater than 0.003 g m22, which is the same as in RRTMG schemes.
Fixed SST

CldFrac (%)
DCldFrac (%)
Gridded LWP (g m22)
Cloud-mean LWP (g m22)
Tctop (8C)
Tcbase (8C)
Nc (cm23)
re (mm)
SWCRF (W m22)
LWCRF (W m22)

Mixed-layer ocean

Polluted (PF)

Clean (CF)

Polluted (PM)

Clean (CM)

83.0
68.9
147.1
177.2
8.6
11.6
174.1
7.5
2135.7
56.9

81.9
67.5
142.0
173.4
8.7
11.8
63.7
9.6
2118.4
56.2

84.3
70.2
152.2
180.5
8.3
11.4
185.9
7.4
2138.8
58.9

80.8
66.0
142.9
176.9
9.0
12.1
61.9
9.7
2115.7
54.3
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FIG. 7. Vertical profiles of (a) potential temperature, (b) water vapor mixing ratio, (c) cloud water mixing ratio, and (d) horizontal wind
speed over the coastal region, averaged over the last four forcing rounds (28 days). The dashed lines indicate results from PF (black) and
CF (gray), while the solid lines indicate results from PM (black) and CM (gray).

as a result of the solar diurnal cycle, which subsequently
leads to the increase of the boundary layer relative
humidity and cloud fraction and further increases the
SWCRF in return.
To quantify this effect, we defined an effective daytime cloud fraction (DCldFrac) as
nt

å CldFrac 3 max[cos(f 2 fsun ), 0]

DCldFrac 5 t51

nt

,

predicts a daily mean cloud fraction close to the observed. The similar bias might also exist in general circulation models because the models were shown to have
overestimated both cloud fraction and LWP of low
clouds but underestimated SWCRF during January–
May [Fig. 5 in Rapp (2015)]. Note that uncertainties
also exist in the GOES-10 estimation of cloud fraction.
The instruments cannot see clouds that are not optically

(2)

å max[cos(f 2 fsun ), 0]

t51

where CldFrac is the instant cloud fraction, f is the
grid longitude, fsun is the noontime longitude, and nt is
the number of data record for the grid. In this way,
DCldFrac represents the mean daytime cloud fraction
weighted with the solar diurnal cycle. When cloud fraction changes uniformly throughout the day, DCldFrac
changes by the same amount as CldFrac; when the
daytime cloud fraction changes more (less) than the
nighttime cloud fraction, DCldFrac changes more (less)
than CldFrac.
Shown in Table 2, the difference in DCldFrac between
PM and CM is larger than that in CldFrac, indicating
that the increase of daytime cloud fraction is larger than
that of nighttime cloud fraction. This is consistent with
the result shown in Fig. 8a. Meanwhile, the CldFrac and
DCldFrac calculated with the retrieval from GOES-10
channel-4 radiances (Abel et al. 2010) are 81.5% and
74.7%, respectively. This implies that the model underestimates the daytime cloud fraction and overestimates the nighttime cloud fraction, although it

FIG. 8. Diurnal cycle of (a) cloud fraction and (b) LWP over the
coastal region, averaged over the last four forcing rounds (28 days).
The dashed lines indicate results from PF (black) and CF (gray),
while the solid lines indicate results from PM (black) and CM
(gray). The local daytime is around 1200–2300 UTC.
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thick and have difficulties when the cloud-top temperatures are close to the surface temperatures. In addition,
the cloud-mean SWCRF is better defined as SWCRF/
DCldFrac instead of SWCRF/CldFrac. The former definition gives 1.97, 1.75, 1.98, and 1.75 for PF, CF, PM, and
CM, while the latter gives 1.63, 1.45, 1.65, and 1.43. Obviously the former definition better represents the similarity in cloud microproperties from simulations with the
same aerosol condition and highlights the important role
of the response of cloud fraction to aerosols.
The diurnal cycle of LWP is less affected by using
fixed or simulated SST (Fig. 8b). During the nighttime,
the polluted case has slightly larger LWP than the clean
case, mainly caused by the slightly larger cloud fraction
in the former. During the daytime, the difference is minor. However, recalling that the daytime cloud fraction in
PM is larger than that in CM, PM therefore has smaller
daytime cloud thickness (lower cloud-mean LWP) than
CM. In this sense, the aerosol increase could increase
the cloud fraction and decrease the cloud thickness
(cloud-mean LWP) during the daytime when SST and
the relevant air–sea coupling are allowed to respond
to aerosol–cloud–radiation interactions.

5. Conclusions and discussion
This study investigated the responses of the air–sea
coupling over the SEP to the surface SW reduction
caused by increased cloud albedo that is associated
with increasing anthropogenic aerosols. The coupling
was analyzed by examining the equilibrium responses
of the surface energy balance components—LH and
SH fluxes and SW and LW radiation simulated using
the WRF Model coupled with a simple mixed-layer
ocean module. The SST sensitivity was then derived
and discussed within the context of SST biases in CMIP5
models. Highlights of the findings are given here.
Anthropogenic aerosols emitted from South America
substantially reduce the solar radiation reaching the sea
surface over the coastal region through increasing cloud
radiative forcing by as much as 20 W m22. Both negative
and positive feedbacks are involved when SST responds
to the surface SW reduction. The negative feedback
stems from decreased LH and SH fluxes from the
surface as a result of surface cooling; the LH decrease
offsets most of the SW reduction. The positive feedback comes from an increase in cloud fraction (which
further decreases the SW reaching the surface) caused
by increased relative humidity in the boundary layer.
The increase of cloud fraction mainly occurs during
the daytime, when clouds shield the boundary layer
and the surface from the solar warming and help to
form a cooler, moister (larger relative humidity), and
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FIG. 9. Time series of the low-cloud fraction over the coastal
region from PF during the first forcing round (thin) and the last 15
forcing rounds (thick). Open circles represent the GOES-10
observation.

more stable boundary layer. An effective daytime cloud
fraction (DCldFrac) to quantify this effect is proposed,
which can also serve as a good diagnostic parameter to
compare the cloud–radiation interactions among climate models. In the end, the model calculates a
0.18C (W m 22 ) 21 sensitivity of the SST cooling to the
SW reduction.
There are several relevant issues worthy of comments.
First, the recurrent forcing method well retained the
cloud evolution with time. Figure 9 shows the time series
of cloud fraction over the coastal region in PF. Generally, the simulated cloud fraction has significant diurnal
variations in the first forcing round (PF1 for short; thin
dashed line in Fig. 9) and the mean of the other 15
forcing rounds (PF15; thick dashed line) and well reproduces the observed synoptic disturbance (open
circles) around 24–26 October (days 4–6 in the plot)
in both periods.
Second, the effect of vertical resolution was examined
because the 27-km horizontal resolution used in the
present study is much larger than the 3-km resolution in
Chen et al. (2015). Nevertheless, similar results are obtained: lower vertical resolution leads to a lower cloud
fraction, a higher LWP, and a thinner boundary layer
depth. Moreover, some clouds were shown to form at
the first level above the surface when using low resolutions in both horizontal and vertical dimensions, which
was not discussed in Chen et al. (2015). It suggests that
higher vertical resolution is needed to simulate stratocumulus clouds when the horizontal resolution is relatively coarse (e.g., in general circulation models).
Finally, as many previous studies have already pointed
out, the model biases of the underestimation of cloud
fraction and the overestimation of cloud thickness (LWP)
still persist. We believe that these biases are related
to the PBL scheme. The boundary layer top predicted
by the YSU scheme is closer to the cloud base instead
of the cloud top (Andrejczuk et al. 2012), causing weaker
mixing in the cloud layer. This not only suppresses the
cloud-top evaporation and thus the elevation of the
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boundary layer top but also contributes to the excessive cloud water content. In addition, the cloud fraction
and thickness are shown to be sensitive to PBL schemes:
the UW and the GBM schemes simulate smaller cloud
fraction and LWP than the YSU scheme. Further improvement of the PBL scheme seems to be the key to
reduce these biases.
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