E. B. Kraus

what do we not know
about the sea-surface wind stress
Abstract

A simple sampling experiment gives a several octave
range of values for the zonal surface stress obtainable
from synoptic maps over the North Atlantic. Uncertainty
about the value of the drag coefficient account for about
half the variance. The different methods that have been
used to specify this quantity are reviewed and an attempt is made to state explicitly the assumptions involved in each case.
1. Introduction

One wants to know about the wind stress over the sea
in a variety of contexts: It enters as a variable or parameter into the study of the general circulation in the
atmosphere and in the ocean; into the development of
perturbation; the distribution of momentum and of the
different species of matter and energy in the boundary
layers; the emission of internal and surface gravity
waves; thermocline erosion and so on. Every one of
these aspects of nature can be represented by a model
which, through some form of the Newtonian equations
of motion, provides a rational relationship between the
accuracy with which one wants to know the stress and
the accuracy with which the other variables that enter
these equations are known.
For example, the old Sverdrup model, which equates
the curl of the wind stress with meridional transport in
the ocean, implies neglect of some terms in the equations
of motion. The model is therefore inherently not
fully accurate. Furthermore the determination of the
meridional transport by any other method involves an
uncertainty range corresponding to one order of magnitude or a factor of ten. It is therefore futile in this
context to specify the wind stress with a very much
higher accuracy.
Smagorinsky (1964) reported experiments with a
numerical, general circulation model of a dry atmosphere. These experiments suggested that a smoother
globe would result simply in stronger surface winds,
without much effect on the mean, meridional momentum
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flux or on the statistical character of the general circulation. An exact specification of surface condition is
therefore again unlikely to affect the wind stress on
the ocean significantly within the frame of such a model.
On the other hand, surface boundary conditions become much more important when one deals with individual developments in time. The wave number, frequency and phase of atmospheric perturbations—particularly large perturbations—are certainly affected by
surface stresses and this has an obvious bearing for
predictions. It was pointed out also by N. Phillips, that
the transport and convergence of vapor in a moist atmosphere could be affected significantly by any change in
surface wind. When it comes to phenomena such as
gravity wave emission, one is concerned with rather
small changes in wind stress which may have to be
known with considerable accuracy.
To illustrate the existing uncertainties, I have evaluated the stress , within 10° grid squares over the
North Atlantic from the formula
Tx

r, = pDU\V,\.
The density p was considered uniform in this test; for
the drag coefficient D, I have used tentatively different
numerical values as quoted by Roll (1965); values of the
velocity U were approximated by the east-west component of the geostrophic surface wind V , sampled at
different locations within the 10° squares.
The ratio of the largest to the smallest value of
obtained in this way for the individual squares is on the
average about 10 to 15. There is no guarantee that the
mean of this range is necessarily the most effective or
most reliable value to use. True, the truncation errors
in U might have been reduced by suitable smoothing
procedures; on the other hand the approximation of
the surface wind by the geostrophic wind certainly introduces additional errors. If one tries to base wind
estimates on ships observations, one has to contend with
even larger observational errors. The actual range of
uncertainty is therefore probably greater than indicated
by this test.
A range corresponding to more than one order of
magnitude is not acceptable for many applications.
About half of this uncertainty is due to our not having
g
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FIG. 1. The effect of vertical alignment on measurements
of the Reynolds stress.
any reliable values for the drag coefficient D. The estimates for D are based on different experimental determination. I shall list die various methods that can or have
been used for this purpose.
2. Direct measurements of the Reynolds stress

The most direct determination of the vertical flux of
horizontal momentum involves the actual measurement of vertical and horizontal velocities over a suitable range of frequencies. The mean vertical velocity
W can be assumed zero. The turbulent vertical flux u'w'
is, however, often between ten and one hundred times
smaller than the turbulent horizontal flux of horizontal
momentum u' and perhaps a thousand times smaller
than the flux of mean horizontal momentum U . The
direct measurement of the Reynold stress is therefore
critically dependent on exact vertical alignment as illustrated by Fig. 1. Even if U is known, it may be still
necessary for the vertical of the instrument to deviate
less than one tenth of a degree from the true vertical if
errors in excess of 10% are to be avoided. A deflection of
one degree can give errors in excess of 100%.
From my reading of the literature it is not clear
whether such accurate alignments were in fact achieved
during attempted measurements of the Reynolds flux
over sea. There may be ways to relax this stringent requirement. For example, one can consider that the
power spectrum of u' reaches its peak at a lower frequency than does the co-spectrum of u' and w'. Suitable high-pass filtering would therefore maximize the
ratio of the vertical to the horizontal flux. The accuracy so obtained depends however on the residual
power of u' at high frequencies and of u'w' at low frequencies. It has yet to be proved that this can be
neglected.
As an alternative, R. Stewart suggested verbally that
measurements of all 6 components of the three-dimensional turbulent stress tensor would permit computation
of its principal axes and that this would be independent
of instrumental alignments. Such measurements at the
same point are difficult, however, and they would be
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relevant to our problem only if it can be assumed for
certain that one of the three axis is in fact vertical.
(Weiler and Burling in a very informative paper published November 1967 have reported measurements of
the three stress tensor components which fall into the
vertical plane parallel to the wind direction.)
On buoys, the heaving on the sea-surface, horizontal
surging and yawing may make other spurious contributions to the measured velocity components even if the
sensors are vertically aligned. Another type of error
results from the use of a single stationary platform.
Embedded in the boundary layer over the sea are threedimensional perturbations and these include persistent
longitudinal rolls. To avoid sampling errors it may
be necessary to use arrays of sensors or to install suitable
sensing systems on ship or aircraft which move at approximately right angles to the wind. Measurements
from moving platforms require, however, ever more
stringent vertical alignment controls. The permissible
attitude error in an aircraft for example is a few
seconds of arc. Stabilized airborn platforms which can
do this have only very recently reached the stage of
technical feasibility.
3. Stress determinations involving knowledge of the
dissipation

Instead of measuring the Reynolds stress directly, one
can relate it to the dissipation and to other measurable
variations through the turbulence-energy equation. This
avoids the need for very exact vertical alignment, but involves additional assumptions and acceptance of the
Kolmogoroff hypothesis. It is convenient—though not
essential—to assume also that conditions are statistically
stationary, horizontally homogeneous, and that viscous
effects except dissipation can be neglected. The turbulence-energy equation may then be expressed in the
form:
gpw_ + - ~ p'w' + Bw' .
I dU_
6 +
| dz
p dz
dz
P
V
IV
I
11 III
Term I represents the rate of energy transfer from
the mean shear flow dU/dz to turbulent motion through
the work of the stress per unit mass u* ~ /p• The
kinetic energy of a shear flow is larger than that of a
uniform stream with the same overall momentum.
Mixing across the shear flow therefore releases energy
which can be used to generate turbulence.
Term II is the dissipation per unit mass.
Term III represents the working rate of the
Archimedes forces—the energy released per unit time
by the buoyant flux p'w' of density anomolies p' in a
gravitational field.
Term IV is related to the work of wave generation
through the Miles mechanism. This is clearly seen when
one integrates the term along the vertical. At the surface
p'w' represents then the energy transmitted to the water
2
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by fluctuating pressures p' which are larger behind the
wave crests where the water sinks than in front where it
rises.
Term V—the convergence of the vertical flux Bw of
turbulent kinetic energy per unit mass B—can be associated with the emission of internal waves, particularly
perhaps at inversions and other surfaces of discontinuity.
Division of Eq. (1) by \BU/Qz\ should permit the
determination of u*. The dissipation e can be determined from velocity fluctuation measurements in the
Kolmogoroff inertial sub-range and spectral analysis:
e = Ck*<t>* (k)
(k = wave number of velocity fluctuations, = spectral
power, C = constant). The shear dU/dz might be measured conceivably with a vorticity meter. Evaluation of a
finite velocity difference ^JJ/^z is of dubious value
unless one works at least 6-10 m above the surface. At
that height the flux of density defect p'w' becomes
usually important. Over sea this depends not only
on the turbulent flux of sensible heat, H, but also on the
evaporation E or the flux of latent heat LE, being
given by:
r

2

H
cT
(H = turbulent upward flux of sensible heat; E — turbulent flux of moisture; c = Spec, heat, T = temperature;
r = 0.61 = air/water molecular weight ratio minus one).
The effect of the latent heat flux on the flux of density
anomaly and therefore on the work of the Archimedes
forces becomes greater than the effect of the sensible heat
flux when the Bowen ratio—H/LE—is less than about
8%. This is often the case in hurricanes—in fact all over
the tropical and sub-tropical oceans and in summer also
in higher latitudes.
Close to the sea surface the work of the Archimedes
forces is usually small compared to the work of the
shear stress and may be negligible. However, this is
just the height where dU/dz cannot be approximated by
AU/Az and where the work of wave generation and the
energy flux convergence, represented by the gradient of
the term (p'/p + B)w' reaches relatively large values.
There may or may not be an intermittent height where
all terms of Eq. (1) except the first two can be neglected.
This will depend on local conditions during observation
and has to be demonstrated to make derived results convincing.
p

w

=

—

v

p

4. Stress estimates based on wind profile
measurements

The turbulence-energy equation provides also a basic
rationale for the determination of stress from wind
profile measurements. This method avoids the observation of high frequency velocity fluctuations, but introduces a number of additional, rather dubious assumptions. Division of Eq. (2) by u* gives after some re-

arrangement and neglect of term V:
dU = —e (/ 1 H g pw
—— H d— • p'w \).
—
(2)
dz u* \
pe
pedz
)
The main additional assumptions are:
du* Q
(3)
dz
kz
where k is von Karman's constant. With these additional
assumptions, the last equation can be transformed into
an integrable differential equation for the wind profile
in the form:
dl _ u* /
(20
~ kz\ 1 4" L\ H~ L 2
This equation involves three different scale lengths:
the height z above the surface; the Monin-Obukhov
length
pu*
Li
kg p'w'
and a length
pu*
U =
d —'
kj —
dz p w
If L — L — oc one gets the equation for the logarithmic
profile. It can be seen that the assumption (3) for e is
implicit in all explanations of this profile.
With L and/or L finite, Eq. (2') characteristically
describes a log-linear profile. It is dubious whether it
is justified in a stratified boundary layer to consider the
dissipation inversely proportional to the height z, when
one assumes, however, that the dissipation is affected
additionally by convectively generated turbulence, it
becomes necessary to introduce further assumptions, involving empirical coefficients and higher powers of the
ratios z/L and z/L , if the simple differential form of
the profile equation is to be retained. In the absence
of any analytical derivation, this makes the whole approach a rather unsatisfactory patchwork.
The shear or horizontal vorticity component dU/dz is
usually not measured directly and the uncertainty
becomes even worse when the profile Eq. (2) or (2') are
integrated. With the work of the Archimedes forces and
the work of wave generation both assumed zero this
yields:
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Over a fluid interface, the velocity U near or at the
water surface is certainly not zero but may be an
appreciable fraction of the anemometer wind velocity.
Oil slicks, in spite of their adhesion to the slower moving
water below, usually have a drift velocity equal to about
5% of the anemometer wind. Small transient drops that
often float on top of die water surface, were observed in
Aruba to move jerkily with speeds up to 2 m sec- in a
0
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FIG. 2. Variation of z against w* over the sea, original graph
by Kitaigorodsky and Volkov (1965).
0

9 m sec- wind. The observational uncertainties of U affect any attempt to determine the roughness length z
from the profile measurements themselves. For different
reasons it also was pointed out by Priestley (1959) that w*
and z could not be both determined reliably from atmospheric profile measurements; the latter has to be prespecified. Charnock (1955) used dimensional arguments
to stipulate z = mu* g- where m is supposed to be a
constant coefficient estimated by different authors to be
anywhere between 0.0125 and 0.08. There is little resemblance to reality in this approach as can be seen from
Fig. 2 published originally by Kitaigorodsky and Volkov
(1965). In Fig. 3 the value of z obtained by conventional
methods at two sites under nearly neutral conditions,
was plotted against the anemometer wind at the 10-m
level. At site B in Buzzard Bay the sea was choppy and
chaotic, at site A near Aruba it was characterized by
an exceptional regular wave pattern formed under a
steady trade wind in the lee of a uniform unobstructed
beach. The derived drag coefficient
1
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D = k (\n z — In Zo)~
was 100% larger over Buzzards Bay than off Aruba
where the wind was actually stronger. Fig. 4 illustrates
the effect of fetch on the drag coefficient at two stations
aligned along the wind. With the possible exception of
the fully developed trade wind sea it is simply not
possible rationally to specify the surface characteristics
by a single variable. It is not a unique function of the
local, instantaneous wind, but will vary with the stability, with the fetch and the mean wind duration; and
also with the position across the stream, because of
longitudinal rolls which can produce pronounced and
long lasting local profile differences.
Considering the many doubtful assumptions and uncertainties and the fact that it is by no means simple to
measure profiles precisely over the sea, I have come re2

FIG. 3. Variation of z against U over Buzzard Bay (B)
and over sea in the lee of Amba (A). Observations were
carried out with the same equipment.
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FIG. 4. Drag coefficient at 10 m as a function of
velocity U and fetch.
luctantly to the conclusion that the profile method is
for the birds. Fig. 5 shows what sea birds—Cormorants—
can do to a sensitive anemometer.
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and die equation of turbulent kinetic energy (1) in the
form
dU
dz
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where / = Coriolis force; U ,V the geostrophic wind;
and the other symbols have been defined above. T o
solve this system, Laikhtman stipulates
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5. Stress determinations from measurements of the
ageostrophic wind component in the planetary
boundary layer

All methods discussed so-far require non-routine measurements and very specialized efforts. In many cases, the
rationale for their use is the hope that reliable stress
determinations, obtained under a sufficiently wide variety
of specifiable large-scale conditions, may lead eventually
to a parametric representation of the stress as a function
of variables that are measured or computed in a routine
manner. The so-called ageostrophic method which attempts to relate the stress to deviations from the geostrophic wind brings us somewhat closer to routine available
data. Since Ekman first computed his famous spiral, the
boundary layer flow across the isobars in rotating systems
has been the subject of intense theoretical and observational studies in the laboratory and in nature.
Common to almost all these investigations was the assumption of stationarity. For example Laikhtman (1966)
in an elegant and closely argued study of the planetary
boundary layer on both sides of the air-sea interface
obtained solutions for a system which consists of the
equations for horizontal and non-accelerated motion.
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FIG. 5. The effect of cormorant action on anemometers
over Buzzard Bay.
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It is assumed implicitly that the mixing length I is determined by the same type of process throughout the
planetary boundary layer and that it has the same
value for the heat and for the momentum flux—a
rather doubtful premise. (An account of Laikhtman's
approach and other related work may be found also in
a comprehensive review by Zilitinkevich et al. (1967)
which became available in English since this talk was
given.)
In fact one wonders whether the concept of an eddy
viscosity coefficient provides really a profitable approach to transports in the planetary boundary layer.
The uppermost layer of the sea is thoroughly stirred and
temperature is usually uniform throughout that layer.
The same applies commonly to the lowest maritime air
layers. A stirred layer with more or less uniform potential or equivalent—potential temperature, capped by an
inversion, appears to be typical not only of the trade
wind region which covers half the oceans, but also for
many other maritime situations. There are some indications that momentum as well as potential temperature
tend to become uniformly distributed in these layers
and that die turbulence adjusts itself in a way which
permits the layer to move like a slab. This was found
by Riehl et al. (1951) for the trades and has since been
corroborated by others. Fig. 6 shows no significant evidence for either clock-wise turning or an increase of
velocity with height at weather ship N (30N-140W),
where an inversion—usually between 1000 and 2000 m—
is a constant feature of July weather. If the surface layer
moved indeed like a slab, the velocity component across
the isobars should be larger when the layer is shallow
than when it is deep. This follows directly from a
simple theoretical analysis. I have shown earlier (Kraus,
1965) that the inversion over weather station N tends to
be systematically higher at night than during the day.
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The second, possibly even larger source of uncertainty
and error is the assumption of stationary, non-accelerated flow. Stationary Ekman layers occur in the laboratory and on paper, they are very rare in the atmosphere.
The time constant of the planetary Ekman layer is half
a pendulum day. Significant changes in the geostrophic wind are likely to occur during this period.
The resultant inertial and isallobaric accelerations can
completely swamp or reverse the Ekman effect. Under
certain conditions a 12-hr change of only 10° in geostrophic wind direction will produce this result and
such small direction changes are common even in the
trade wind regions. It is therefore probably not possible
to fit observations in the planetary boundary layer consistently into the framework of a stationary theory.
6. Outlook

FIG. 6. Wind observations at the surface, 150 m, BOO m
and 500 m from weather ship N (30N, HOW) during July.
Speeds in m sec .
-1

One might expect therefore an average veering or
clock-wise turning of the wind in the evening and a
corresponding anti-clock-wise turning in the morning.
This seems to be corroborated indeed by Fig. 6 which
shows a consistent positive angular difference between
the night and day time wind direction. The existence of
a thoroughly mixed homogeneous boundary layer with
constant momentum flux is equivalent to a linear variation of the stress with height. If real, it could make the
theoretical treatment very much simpler. Unfortunately,
the evidence becomes weaker when one looks at individual profiles instead of monthly statistics.
The difference between the actual and geostrophic
wind can be related only to the vertical gradient of the
stress and not to the stress itself. The latter can be obtained only by a vertical integration which establishes
the total mass transport across the isobars through the
layer and which inevitably involves specifications of the
boundary conditions both at the surface and at the
top of the layer in the atmosphere or at its bottom in the
sea. To establish surface boundary conditions, all recent
investigators including Lettau, Blackadar and Laikhtman found it necessary to have recourse to a roughness
length z , usually assumed to be a constant or a unique
function of the instantaneous local stress or of the
instantaneous local wind. It has been shown already
that this assumption is not well supported by maritime
observations and that it does not give consistent results.
0

To summarize: in spite of great advances in instrumental sophistication and in spite of the painstaking
efforts of many investigators, one cannot be confident
that any of today's specifications of the wind stress
over the sea are more reliable, than were those produced
by Rossby and Montgomery some 30 years ago. It seems
unlikely that any one of the models which underlie the
reviewed types of investigation can produce more precise
and reliable parametric stress representations. To
achieve this, one needs a better understanding of the
structure of turbulence in the layers immediately adjacent to a fluid interface where orbital motions and
energy transfer to surface waves becomes important. If
a better understanding of the motion pattern in this
region immediately above the waves can be achieved, it
might permit us to formulate more realistic surface constraints. These would probably have the character of a
time dependent equation. Three dimensional perturbations are probably not negligible in the boundary layer
and it may be impossible in nature to obtain relevant
observations without an array of observation points. On
a larger scale, time dependent models are essential to
interpret wind observations in the planetary boundary
layer and to evaluate for example the constants in
Laikhtman's approach or the total transport of moisture across the isobars.
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Insertion in a missile contrail at 40 km

Freeman F. Hall, Jr., McDonnell

Douglas
Corporation, Huntington Beach, Calif.

On the evening of 21 December 1967, a Minuteman missile
was launched from Vandenberg Air Force Base, leaving a
sunlit contrail which was clearly visible in Huntington Beach,
Calif., 150 miles to the southeast. When first noticed at 1720
PST, the trail had the appearance shown in the cover photograph. From the lower portions came long, white fallstreaks,
much like cirrus uncinus. These streaks were not evident
from regions of the contrail higher than the sharp bend,
near the left edge of the photograph.
Near the bend, the contrail exhibited brilliant irisation,
similar to that seen in thin cirrocumulus within 10° of the
Sun. The usual greens and pinks were most evident, in bands
parallel to the contrail direction, as typical for tropospheric
clouds (World Meteorological Organization, 1956). The
upper portion of the bend was orange, and the outer edge a
bright blue. A number of color pictures were taken between
1720 and 1730, and the relative positions of the irisation
bands remained essentially constant, indicating that the

sizes of the transparent droplets causing the colors were not
rapidly changing.
The Sun set on the colored area at 1740, when the trail
was 10° above the horizon. From these data, the height of
the colors may be calculated to be 40 km. A typical temperature at this altitude for the January stratosphere at 30N
latitude is 252K (Environmental Science Services Administration, 1966). Thus it is possible for supercooled water droplets
to exist at this height if suitable freezing nuclei are not
present. But the long life of the colors indicates that the
droplets did not rapidly evaporate. If the droplets were water,
this implies a stratosphere nearly saturated with respect to
liquid water. This would not be a typical condition, and it
would therefore be interesting to know how often such
contrails change into artificial nacreous clouds.
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