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ABSTRACT
The annual mean and seasonal cycle in latent heating over the Indian Ocean are investigated using a simple,
analytical ocean model and a 3D, numerical, ocean model coupled to a prescribed atmosphere, which permits
interaction through sea surface temperature (SST). The role of oceanic divergence in determining the seasonal
cycle in evaporation rate is reexamined from the viewpoint that the amount of rainfall over India during the
southwest monsoon is a function of the amount of water evaporated over the ‘‘monsoon streamtube’’ as well
as orographically induced convective activity.
Analysis of Comprehensive Ocean–Atmosphere Dataset (COADS) shows that nearly 90% of the water vapor
available to precipitate over India during the southwest monsoon results from the annual mean evaporation field.
The seasonal change in direction of airflow, which opens up a pathway from the southern Indian Ocean to the
Arabian Sea, rather than the change in evaporation rate is key to explaining the climatological cycle, though
the change in latent heating due to seasonal variations is similar to that needed to account for observed interannualto-interdecadal variability in monsoon rainfall. The simple model shows that net oceanic heat advection is not
required to sustain vigorous evaporation over the southern tropical Indian Ocean; its importance lies in ensuring
that the maximum evaporation occurs during boreal summer. Also shown with the simple model is that evaporation
over the Arabian Sea cannot increase sufficiently to make up for the loss of water vapor accumulated over the
southern Indian Ocean should there be a change in circulation such that the Southern Ocean is no longer part
of the monsoon streamtube.
Analytical, periodic solutions of the linearized heat balance equation for the simple model are presented under
the assumption that the residual of net surface heat flux minus rate of change of heat content (DIV) is considered
to be an external periodic forcing independent of SST to first order. These solutions, expressed as functions of
the amplitude and phase of DIV, lie in two regimes. The first regime is characterized by increases (decreases)
in the amplitude of DIV resulting in an increase (decrease) in the amplitude of the solution. In contrast, in the
second regime, the amplitude of the solution decreases (increases) as the amplitude of DIV increases (decreases).
It is noteworthy that the regime boundaries for SST and latent heating do not necessarily coincide. For the
present climate, as determined from COADS, the southern Indian Ocean’s annual harmonics of latent heating
and SST lie in the second regime near the border, and so their tendencies are sensitive to the nature of the
perturbation to the harmonic in DIV. The southern Indian Ocean’s semiannual harmonic of latent heating lies
in the first regime, and so its tendency is robust to the nature of the perturbation to the harmonic in DIV; that
of SST lies in the second regime near the border.
Contrasting runs of the 3D numerical model, in which the Indonesian throughflow differs by less than 4 3
106 m3 s21 in the annual mean and less than 62 3 106 m3 s21 in seasonal variability, provides new estimates
for its potential role in the Indian Ocean heat balance. Net surface heat flux differences of over 20 W m 22 are
found along the length and breadth of the southwest monsoon streamtube: particularly noteworthy regions are
over the Somali jet and to the east of Madagascar. These changes can be explained in part by the changes in
oceanic meridional transport generated by the throughflow as well as by its heat input. Spatial resolution and
upper ocean physics are sufficient for the throughflow to retain its zonal jet character across the Indian Ocean
and so inhibit meridional overturning. Significantly, its presence reduces the amount of heat imported into the
Southern Ocean from the Arabian Sea during boreal summer, so making SSTs in the Arabian Sea higher.

* Additional affiliation: Earth System Science Interdisciplinary Center, University of Maryland at College Park, College Park, Maryland.
Corresponding author address: Dr. Roxana C. Wajsowicz, Dept. of Meteorology, University of Maryland at College Park, College Park,
MD 20742.
E-mail: roxana@atmos.umd.edu

q 2001 American Meteorological Society

Unauthenticated | Downloaded 01/09/23 02:02 PM UTC

1200

JOURNAL OF CLIMATE

1. Introduction
The strength of the Indian monsoon, as measured by
rainfall during the southwest monsoon, is known to vary
on interannual timescales and longer (see, e.g., Kripalani
and Kulkarni 1997). The cause has been the subject of
much speculation and research, as described by Webster
et al. (1998) and references therein. In order to better
understand the oceans’ role in the variability, we reexamine the seasonal cycle using a combination of data
analysis, simple model, and 3D numerical model. A
particular focus is the southern Indian Ocean from 108
to 308S (referred to hereinafter as the STIO) from which
more than 70% of the water precipitating over India is
thought to be evaporated (see, e.g., Hasenrath and Greischar 1993). Key questions addressed are, why does the
evaporation rate increase so dramatically over the ocean
during its winter and what changes in the ocean circulation and heat budget occur to enable the vigorous
evaporation to be sustained? This region has been chosen as the subject of further scrutiny because data analysis by Wajsowicz and Zhu (1999), similar to that made
by Meehl (1987), shows that for composites of strong
(weak) monsoon years, the path of airflow, which accumulates moisture to precipitate over India, is similar
to the climatological seasonal cycle, but there are large
positive (negative) evaporation rate anomalies over the
southern tropical Indian Ocean, specifically to the northeast of Madagascar and basinwide in the vicinity of
308S.
Da Silva et al.’s (1994) reanalyzed Comprehensive
Ocean–Atmosphere Dataset (COADS) is used as the
basis for the analysis in section 2 in which the seasonal
cycles in evaporation rate, wind speed, and air–sea specific humidity difference are examined. The southern
oceans are data-sparse regions, and so the estimated
errors, even for a comprehensive dataset like COADS,
are large (e.g., 20–30 W m22 for surface heat flux components) (Glecker and Weare 1997). However, it is unlikely that these errors will fundamentally alter the findings of section 2. Excessive wind speed in the annual
mean is identified as the main cause of the STIO’s relatively large evaporation rate as compared with the other
southern oceans. The region to the west of Australia is
identified as being the most significant for accumulating
moisture and very different from its equivalent in neighboring oceans. In section 3, a simple box model in which
the components of surface heat flux are represented by
bulk aerodynamic formulas is used to identify basic
feedbacks between the Indian Ocean and atmosphere
and the role of oceanic heat advection. The model uses
information on the seasonal cycle of various atmospheric quantities from COADS, which are not necessarily
well-known. However, we expect that the basic concepts
introduced in this section and the findings will be robust
to these uncertainties. Solutions found under the assumption of no divergence in heat transport show that
the evaporation rate over the STIO peaks in May and
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then decreases rapidly during the boreal summer. Solutions in which Indian atmospheric quantities are replaced by their Atlantic equivalents demonstrate the relative importance of specific humidity and wind speed.
In section 4, these processes are examined in the more
realistic framework of “POSEIDON,” a 3D numerical
ocean model. The seasonal cycle in currents, which
gives the STIO its unique divergence, and the role of
the Indonesian throughflow, which supplies heat to the
STIO and also affects its divergence, are investigated.
A summary and discussion is given in section 5.
2. Seasonal cycle in surface parameters from
COADS
Before describing unique features of the southern Indian Ocean, which enhance its ability to provide moisture for the Indian summer monsoon, it is useful to recap
general causes of rainfall variability and the importance
of determining the path of airflow incident on the region
under discussion.
a. Causes for rainfall variability
An investigation into rainfall variability starts with
establishing the basic cause for the addition (reduction)
in rainfall. In general terms, increased rainfall is due to
one or more of the following:
1) a change in airflow opening up a new path and source
of moisture,
2) same path but greater net evaporation minus precipitation (E2P) along the path, or
3) same amount of available precipitable water but
greater atmospheric convergence causing more to
precipitate.
A reduction in rainfall is due to the opposite of the
above. For the climatological Indian monsoon cycle,
reason 1 is the primary cause. As boreal summer approaches, the easterly surface airflow over the southern
tropical Indian Ocean strengthens, and that over the Arabian Sea reverses to give southwesterly flow onto the
Indian continent. A northward cross-equatorial flow, the
Findlater Jet, connects the two systems [see the upper
panel in Fig. 1, which contrasts (a) boreal winter and
(b) summer averages]. Concurrent with this development is the evolution of the Mascerene high to the southeast of Madagascar, which sweeps very dry air into the
STIO region over two-thirds of the breadth of the Indian
Ocean (see the middle panel of Fig. 1). In boreal winter,
the dry air enters the STIO region only through the
eastern third of the basin. The result is an increase in
low-level moisture flux across the STIO (as displayed
in the lower panel of Fig. 1). It is also assisted by an
increase in E 2 P over the STIO in boreal summer
(contrast the middle panels of Figs. 2a and 2b). Over
the Arabian Sea, there is an enormous increase in lowlevel horizontal moisture flux (bottom panel of Fig. 1)
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FIG. 1. COADS 10-m winds u10m for the Indian Ocean are shown in the upper panels of (a) averaged over the winter
months (DJF) and (b) averaged over summer months (JJA). The specific humidity at the standard height qair and at the
sea surface qsea is contoured in the middle panels using dark and light gray contours, respectively. The low-level
horizontal moisture flux divergences calculated from COADS qu|10m-field are shown in the bottom panel. Calibration
vectors for the wind field, representing 10 m s21 , are drawn on Australia in the upper panel. The contour interval for
the specific humidities is 2 g kg21 , and the contour interval for the horizontal moisture flux divergences is 0.2 3 1025
m s21 . Values greater (less) than 0.4 3 1025 m s21 (20.4 3 1025 m s21 ) are shaded dark (light) gray.
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FIG. 2. COADS evaporation rates E for the Indian Ocean are shown in the upper panels of (a) averaged over the
winter months (DJF) and (b) averaged over summer months (JJA). The net evaporation minus precipitation fields, E
2 P, are contoured in the middle panel, and the net accumulation rates, (E 2 P)/|u10m|, in the bottom panel. The
evaporation rate is contoured at intervals of 0.05 mm (3 h) 21 and regions where it is greater than 0.6 mm (3 h)21 are
shaded dark gray. The net E 2 P is contoured at intervals of 0.1 mm (3 h)21, and regions where it is negative are
shaded very light gray and where it is in excess of 0.4 mm (3 h)21 are shaded dark gray. The net accumulation rate
is contoured at intervals of 1.11 3 10210 kg m22 per alongpath meter; regions of negative net accumulation are shaded
very light gray, and those greater than 0.4 contour units are shaded dark gray. The hatched swirl on the boreal summer
plots in (b) is the streamtube for the 10-m airflow that intersects India.
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due to the increased wind speed. However, the increase
in evaporation rate is modest (top panel of Fig. 2), as
the humidity of the inflowing air is greater (middle panel
of Fig. 1).
b. Accumulation versus evaporation
Controversy has existed over whether the source of
moisture for the southwest monsoon is simply the Arabian Sea (Pisharoty 1965) or additionally the STIO
(Saha 1970). From the map of low-level horizontal
moisture flux divergence, =h · (uq a )|10m (shown in the
bottom panel of Fig. 1), it is tempting to conclude that
the Arabian Sea is the major source. However,
=h · (uq a )|10m times a vertical-scale height is not representative of the horizontal moisture flux divergence integrated over the depth of the troposphere, as may be
seen by considering the vertically integrated moisture
balance equation
E2P5
.
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H
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]t

(2.1)

where E 2 P is the net evaporation minus precipitation,
H
Q a 5 # 0 r a q a dz is the water content of the air column,
u is the horizontal velocity, U is representative of the
vertically integrated velocity, and =h · ( · ) is the horizontal divergence. The spatial distribution of
=h · (uq a )|10m in the bottom panel of Fig. 1 does not
resemble the E 2 P field shown in the middle panel of
Fig. 2, suggesting that the depth of the marine–atmosphere boundary layer decreases along the Findlater Jet.
Performing extensive data analysis of the ocean and
atmosphere heat and moisture budgets, Hasenrath and
Greischar (1993) concluded that 70% of the water precipitating over India during the southwest monsoon was
evaporated from the STIO.
Air accumulates (loses) moisture if it flows slowly
over a region of high evaporation (precipitation), which
is described by rewriting (2.1) in the form
DQ a
(E 2 P)
5
,
D,
|U|

(2.2)

where , is the coordinate following the flow so that |U|
5 D,/Dt. Equation (2.2) gives a qualitative description
of the low-level moisture budget for the Indian Ocean.
The right-hand side (rhs) of (2.2) is plotted in the bottom
panel of Fig. 2 using the horizontal velocity field at 10
m for U. Not surprisingly, in view of the form of the
bulk formula for E and the relatively small value of P,
it resembles the corresponding q s 2 q a fields (not
shown), which can be deduced from the middle panel
of Fig. 1.
In order to determine from where the moisture that
precipitates over India is accumulated, the 3D stream-

tube of airflow intersecting India needs to be traced back
to a source of dry air, typically the midlatitudes, and
then the regions where the streamtube intersects the surface of the ocean must be identified. This is not an easy
task, even with present-day general circulation models
(GCM); Rodwell and Hoskins (1996) give some examples of trajectories for the Indian monsoon system.
A very qualitative impression is given by tracing back
streamlines of the surface-level airflow that intersect
India, as shown in Fig. 2b. This ‘‘monsoon streamtube’’
traces out a broad swathe across the STIO, tapering to
a point in the Mascerene high. In practice, the swathe
is probably much broader, but COADS does not document airflow over land, and so all of the streamlines
entering and exiting the Findlater Jet cannot be ascertained. The greatest rate of accumulation along the monsoon streamtube is off the west coast of Australia and
over the band between 158 and 308S. There is little
precipitation along this path except on its eastern flank.
It is noteworthy that the enormous amount of moisture
accumulated over the northwest Australian shelf precipitates to the west of Sumatra, where P/|U| is strong.
The total amount of water available to precipitate over
India during the southwest monsoon is
Wavailable 5

E

Monsoon Season

dt

[EE

Streamtube

]

ra (E 2 P) dA .
(2.3)

Equation (2.3) does not depend upon where along the
path the water is evaporated, which has led many to
argue that identifying the water mass source is unimportant, because if the air did not saturate over the STIO,
then it would do so over the Arabian Sea. However, in
the next section, a simple model is used to demonstrate
that the evaporation rate over the Arabian Sea cannot
increase sufficiently in the presence of inflowing dry air
to compensate for the loss of the STIO from the streamtube integral in (2.3). The main reason for identifying
the water mass source is to determine the spatial extent
of the streamtube integral in (2.3). Motivation for revisiting the seasonal cycle in the Indian monsoon is
given by the notion that interannual variability is just a
perturbation to the seasonal cycle, which emphasizes
the extremes. Recognizing that significant cross-equatorial transport such that the streamtube integral in (2.3)
spans the STIO and is not confined to the Arabian Sea
opens up a new range of possibilities for influences on
the strength of the southwest monsoon. In the remainder
of section 1, significant features of the STIO’s evaporation rate field are identified.
c. Annual mean evaporation rate
Taking the streamtube in (2.3) as that shown in Fig.
2b and the monsoon season as June through August,
then substituting the annual mean value for E 2 P from
COADS in (2.3) gives a Wavailable that is about 90% of
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FIG. 3. COADS annual mean evaporation rate minus its zonal average is contoured in the top panel; to the right of the contour map is a
plotx of the zonal
average
of the annual mean evaporation rate. The contribution from the zonal anomaly in wind speed,
x
x
Cd x (qseax 2 qair ) (|u| 2 |u| ), is xshown in the middle panel, and from the zonal anomaly in specific humidity difference,
Cd |u| [(qsea 2 qair ) 2 (qsea 2 qair ], in the bottom panel. The zonal averages of the annual mean wind speed and specific humidity difference
are plotted on the right in the middle and lower panel, respectively. The contour interval is 0.03 mm (3 h) 21, and regions in excess of (less
than) 0.06 mm (3 h)21 [20.06 mm (3 h)21 ] are shaded dark (light) gray.

that if monthly E 2 P values were used; the change in
direction of the airflow far outweighs any contribution
from the seasonal increase in evaporation over the Arabian Sea and STIO. Figure 3 shows that the annual mean
evaporation rate field over the Indian Ocean is quite
different from those of the Pacific and Atlantic oceans,
which is emphasized by contouring departures from the
zonal average. First, mean evaporation rate averaged
over the STIO is about 10% larger than over the equivalent regions in the Pacific and Atlantic oceans. However, near the west coast of Australia, the rate is double
that near the west coasts of South America and Africa.
A breakdown of terms in the expression for zonal deviation in mean evaporation rate DE, namely
DE
. Cd D[w(qs 2 qa )]
ra
. Cd (qs 2 qa )Dw 1 Cd wD(qs 2 qa )
1 Cd D[DwD(qs 2 qa )],

(2.4)

where DX 5 X 2 X and X is the zonal average of the
annual mean of X denoted by X, w is the wind speed
at 10 m, (q s 2 q a ) is the specific humidity difference
between the sea surface and overlying atmosphere, and
C d is the Dalton number, is shown in the lower panels
of Fig. 3. Greater than zonal-average wind speed is responsible for the STIO’s relatively large evaporation
rate. It is enhanced next to the west Australian coast by
a larger than zonal-average specific humidity difference.
The very low evaporation rates near the western coasts
of South America and Africa are chiefly due to belowaverage specific humidity differences. The relatively
large evaporation rate off western Australia was explained by Godfrey and Weaver (1991) as being due to
the heat supplied by the Indonesian throughflow, which
resulted in warmer sea surface temperatures (SSTs) than
along the other oceans’ eastern shores. The extremely
large evaporation rate off eastern Australia, which is
also due to an anomalously large specific humidity difx

x
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FIG. 4. The seasonal deviation in COADS evaporation rate from its annual mean is contoured as a function of longitude and latitude. The
panels from the top to the bottom of the page are for boreal winter (DJF), spring (MAM), summer (JJA), and autumn (SON). The contour
interval in each panel is 0.03 mm (3 h)21. The shading is as in Fig. 3.

ference, is not due to the Indonesian throughflow, as
shown in section 4.
d. Seasonal cycle in evaporation rate
A comparison of the seasonal anomaly in evaporation
rate is shown in Fig. 4. Not only is the STIO more
evaporative in the annual mean than the equivalent regions in the Pacific and Atlantic, its boreal summertime
anomaly is much larger than in the other oceans, in
particular, in a broad region to the east of Madagascar
and immediately to the west of Australia. It is noteworthy that the peak in boreal summer is about 20%
greater than the annual mean and that years of anomalous monsoon rainfall are identified as those which lie
more than one standard deviation, that is, ;10%, from
the mean. Therefore, a large, but not necessarily unachievable, perturbation to the seasonal cycle is required

if cause 2 in section 2a is the sole cause for monsoon
rainfall variability.
In general, over the ocean interior, if the incident solar
radiation is predominantly annual period, then evaporation is also annual period with a maximum in the
winter hemisphere. The zonal winds increase as the
pole–equator temperature difference increases, and there
is a greater air–sea specific humidity difference, as drier
air flows in from midlatitudes. These two effects are
more than sufficient to counter the decrease due to the
decrease in SST. The STIO is remarkable in managing
to sustain such vigorous evaporation throughout the boreal summer. In contrast, the Arabian Sea is unable to
sustain vigorous evaporation over its breadth during boreal summer due to upwelling associated with the Somali Jet. During boreal winter with a different ocean
circulation, it sustains a strong evaporation across its
breadth (see Fig. 4).
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FIG. 5. The seasonal anomalies in COADS evaporation rate, dE, for Apr–Aug for the Indian Ocean are shown in the top panel; dX 5 X
2 X , where the overbar denotes the annual mean. The contribution due to the seasonal variation in wind speed, C d (qsea 2 qair ) d|u|, is shown
in the middle panel, and that due to the seasonal variation in specific humidity difference, C d|u| d(qsea 2 qair ), in the bottom panel. Overlying
the evaporation rate anomaly contours are arrows denoting the monthly mean airflow at 10 m. The contour interval in each plot is 0.03 mm
(3 h)21, and 10 m s21 calibration vectors for the wind vectors are drawn over Australia. The shading is as in Fig. 3.

Weak evaporation near the eastern boundaries of the
South Pacific and Atlantic basins, which extends as a
tongue into the equatorial region in boreal summer, is
explained by the strengthening of the southeast trades
and relaxation of the alongshore winds, which increase
upwelling and thus reduce SST. In the Indian Ocean,
the effect is countered in part by the Indonesian throughflow, which has peak transports over the upper thermocline during the boreal spring and summer. The evaporation rate near the west Australian coast is further
enhanced by the Australasian monsoon, which brings
dry air from the continent over the eastern part of the
basin. This is more readily seen in the month-by-month
time sequence in Fig. 5, which shows a dramatic change
between April and May off the west Australian coast.
Figure 5 also shows the changing role of different
regions in the Indian Ocean as the monsoon develops.
On moving from April to May, as the airflow over the
Arabian Sea switches from northeasterly to southwesterly, there is strong evaporation over the STIO and the
southern part of the Arabian Sea due to an increase in
the specific humidity difference. In June, there is very

strong evaporation over the Arabian Sea due to the sharp
increase in wind speed. By July, the evaporation rate
has peaked in most regions, and although the wind speed
over the Arabian Sea continues to increase, the specific
humidity difference has decreased below its annual
mean, yielding only modest evaporation over the Arabian Sea. Evaporation near the west coast of Australia
has also started to fall off as the specific humidity difference declines. By August, above–annual mean evaporation is confined to a broad band reaching from the
equator to 308S and is driven by larger-than–annual
mean wind speed.
3. Simple model of the seasonal cycle
In this section, a simple 1D interactive model of the
Indian Ocean system is constructed to explore the sensitivity of its latent heating to changes in wind speed
and atmospheric specific humidity and to changes in
oceanic heat storage and divergence. Since the points
where the monsoon streamtube intersect the ocean surface and acquire moisture are unknown, a box model
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is used. The system is first applied to the STIO to estimate the oceanic heat transport divergence required to
simulate the observed variability in SST and to investigate the sensitivity of the SST and latent heating to
variations in this heat transport divergence. The system
is then applied to the Arabian Sea. Also investigated is
the ability of the Arabian Sea to support greater latent
heating if drier air were to flow across it during boreal
summer.
a. Basic equations
The heat balance of the upper ocean to a depth H is
given by the balance of storage, surface heating, advection, and diffusion, namely,

ro Cp h
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]Ts
5 Q i 2 Q o 2 DIV,
]t

(3.1)

where Ts is the SST, h is a scale that characterizes the
depth to which the surface temperature changes are reflected in heat content (h K H), r o is a representative
ocean density, and C p is the specific heat of water. The
quantity Q i is the net absorbed solar radiation, and Q o
is the remainder of the surface heating that consists of
the net outgoing longwave radiation Q b, the sensible
heat flux Q s, and the latent heat flux L y E. The quantity
DIV represents the oceanic processes, which balance
the net surface heat flux minus rate of change of heat
content. These are essentially advective heating, that is,
the average of u · =T, and diffusion.
The absorbed shortwave radiation Q i is considered a
known function of time, while Q o is considered dependent upon Ts and the atmospheric quantities of air temperature (Ta ), specific humidity (q a ), wind speed (|u|),
and fractional cloud cover (n c ). The component of surface heating Q o is computed from bulk aerodynamic
formulas (see, e.g., Gill 1982). The simplified bulk aerodynamic formulas used are
Q b 5 0.985s T s4 (0.39 2 0.05ea1/2 )(1 2 0.6n c2 ),
L y E 5 L y ra Cd |u|(qs 2 qa ), and
Q s 5 ra Cpa Ch |u|(Ts 2 Ta ),

b. Periodic solutions to the linearized equations
To examine the annual cycle, periodic solutions of
(3.1) are sought by first linearizing the heat flux (3.2)
about a mean state (cf. Haney 1971),
Q o (Ts , t) . Q o (t)| Ts5T s 1

(Ts 2 T s ),

(3.3)

all

where Q o| Ts5T s is Q o evaluated with Ts fixed at its annual
mean value of Ts and Ta , q a , |u|, and n c varying as
observed, and ]Q o /]T|all is evaluated with all quantities
taking their annual mean values. In El Niño–Southern
Oscillation (ENSO) studies, it is common to let Ta and
q a vary with Ts , (cf. Schopf 1985) and not to prescribe
them, as done here. Aspects of the monsoon cycle indicate that Ta and q a force the ocean, especially during
the early phase of the monsoon. Hence, the above formulation is adopted in the following, and it is noted
that the general conclusions of this section hold even if
an ENSO-type formulation is used.
Substituting (3.3) in (3.1) and subtracting the annual
mean DIV 5 Q i 2 Q o| Ts5Ts yields the perturbation equation

1r C h ]t 1 ]T ) 2T9 5 Q9(t) 2 Q9|
]

o

]Q o

p

s

i

o Ts5Ts

(t)

all

2 DIV9,

(3.19)

where 9 denotes the perturbation from the annual mean.
If we assume that the advective term DIV9 in (3.19) may
be treated to first order as independent of T9s , then (3.19)
has a solution of the form
T9s 5 Tn exp[2i(v n t 2 un )],

(3.4a)

in response to rhs forcing of frequency v n . Taking
Q9i 2 Q o |9Ts5T s 5 Q n exp(2iv n t)

and

(3.4b)

DIV9 5 Dn Q n exp[2i(v n t 2 a n )],

(3.4c)

and then substituting (3.4) into (3.19) yields
Tn 5

(3.2a)

Qn
(1 1 Dn2 2 2Dn cosa n )1/2
rn

(3.2b)

un 5 tan21

(3.2c)

and

11 2 D cosa 2 1 d ,
2Dn sina n

n

n

where e a is the vapor pressure. The dependency of e a
on q a and of the specific humidity at the ocean surface,
q s , on Ts are given in an appendix along with the values
of s, L y , r a , C d , and Cpa used. For simplicity, the coefficients in (3.2) are assumed to be constant. The fractional cloud cover n c in (3.2a) is insignificant in diagnosing the monthly anomalies in SST and latent heating
but does affect the mean values, and so it is retained
for completeness. The quantity DIV is either diagnosed
as a residual from (3.1) or as a specified function of
time.

)

]Q o
]T

(3.5a)

(3.5b)

n

where
2 1/2
rn 5 [(v n ro Cp h) 2 1 (]Q o /]T )| all
] , and

dn 5 tan21

[

]

v n ro Cp h
.
(]Q o /]T )| all

(3.6)

Treating DIV9 as an independent forcing of the system,
then the variation in T9s as a function of amplitude and
phase of DIV9 is shown in Fig. 6, where Tn relative to
Q n /rn and un relative to d n are plotted. The Tn plot has
a region of closed contours surrounded by open con-
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sitivities is noteworthy for future studies on air–sea interaction over the Indian Ocean.
In Fig. 6b, the phase un has a branch point at Dn 5
1, a n 5 0, where Tn 5 0, and a cut along a n 5 0, Dn
$ 1 such that un| a n→02 5 p 1 d n and un| a n→01 5 2p 1
d n . For D $ 1, either side of the cut, un tends to d n
monotonically as |a n| → p. For D , 1, the phase of
T9s passes through a relative maximum (minimum) as
a n varies between 0 and 2p (p). A noteworthy feature
of Fig. 6b is that the phase of T9s is relatively insensitive
to changes in amplitude and phase of DIV9 if Dn is well
less than 1 or |a n| is near p but is very sensitive in the
vicinity of the branch cut. If Dn . 1, this latter sensitivity
may not be of any practical consequence, as the amplitude of T9s is small, but for larger values of Dn , it
could be.
Assuming that the latent heating may be separately
linearized on Ts , then the latent heating resulting from
(3.4) is

[

L y E9 [ L y E| Ts5T s 1

)

]L y E
]T

]

(Ts 2 T s )

all

5 L n exp[2i(v n t 2 fn )],

(3.7a)

where
L n 5 (1 1 K n2 1 2K n cosk n )1/2

FIG. 6. The amplitude and phase of the vector Vn 5 1 2 Dn are
contoured as a function of the amplitude Dn and phase a n of the
vector Dn in (a) and (b), respectively. The maps may be interpreted
as the amplitude and phase of the temperature harmonic Tsn relative
to Q n /rn and d n , respectively, as defined in Eqs. (3.4)–(3.6). Also
plotted are the locations of the annual (subscript 1) and semiannual
(subscript 2) period components of DIV diagnosed for the southern
tropical Indian Ocean (i) and Arabian Sea (a). Crosses denote diagnosed DIVs for h 5 50 m and diamonds for h 5 100 m. The region
where an increase (decrease) in the amplitude of DIV results in a
decrease (increase) in the amplitude of Ts for fixed phase of DIV is
shaded light gray in each plot.

fn 5 un 1 tan21

)

]L y E
]T

Tn ,

11 1 K cosk 2,
K n sink n
n

(3.7b)

all

(3.7c)

n

where K n , k n are the amplitude and phase of L y E| Ts5T s
relative to (]L y E/]T)|all Tsn . The variation of L n and f n
as a function of K n and k n look similar to Fig. 6. In the
following, it is found that the annual harmonic of Ts is
typically out of phase with that of L y E| Ts5T s , and so air–
sea interaction drives the amplitude of latent heating
close to a minimum.
c. Southern tropical Indian Ocean applications

tours; the boundary is given by Dn 5 2 cosa n so that
Tn 5 Q n /rn on the boundary. The closed contours encircle the point Dn 5 1, a n 5 0, corresponding to DIV9
5 Q9i 2 Q o|9Ts5Ts , and so Tn 5 0 there. Figure 6a has
two regimes, which have been delineated by shading.
In the first regime, Dn . cosa n , and if Dn increases
(decreases), then Tn increases (decreases) monotonically, keeping a n fixed. In contrast, in the second regime,
Dn , cosa n , which is shaded in Fig. 6a, and if Dn increases (decreases), then Tn decreases (increases) for
fixed a n . For the present climate, as determined from
COADS, the annual and semiannual harmonics of Ts for
the STIO, assuming h ; 50 m, lie in the second regime,
whereas those of the Arabian Sea lie in the first regime;
their positions are denoted by 1i1 , 1i 2 , and 1a1 , 1a 2
in Fig. 6. The existence of these two contrasting sen-

The southern tropical Indian Ocean box (STIND) is
bounded by the 108 and 308S latitude lines, the east
coast of Africa to the west, and the Indonesian and
Australian coasts to the east.
1) DIAGNOSING

THE SEASONAL CYCLE IN
FROM OBSERVATIONS

DIV

The results of averaging COADS incident solar radiation at the sea surface Q i , air temperature Ta , specific
humidity q a , and wind speed |u| at 10 m over the STIO
box are shown in Fig. 7a. The COADS net constrained
surface heat flux Qnetc averaged over the STIO box is
also shown; in calculating Qnetc , da Silva et al. (1994)
constrained the fluxes to satisfy the condition that there
is no net surface heat flux globally. These quantities are
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FIG. 7. The nonlinear heat balance Eq. (3.8) is solved diagnostically for Ts , assuming incoming solar radiation at
the surface of the ocean Q i , and the net surface heat flux Qnetc take values for the average southern tropical Indian
Ocean from COADS; their seasonal anomalies are plotted in the upper panel of (a). The functional dependence of Q o
on Ts , t is assumed to be given by the simplified bulk aerodynamic formulas (3.2), where the atmospheric variables
Ta , q a , and |u| take the values for the average southern tropical Indian Ocean from COADS; their seasonal anomalies
are shown in the lower panel of (a). The agreement with the observed seasonal variability in Ts and the components
of the surface heat flux, as shown in (b), is good; the observed values are denoted by a thin line, and the diagnosed
values by a thick line of a given style.

specified, and then SST Ts is diagnosed from the bulk
aerodynamic formulas, that is, the nonlinear equation
Q o (Ts , t) 5 Q i (t) 2 Qnetc (t)

(3.8)

is solved by Newtonian iteration for Ts for a specified
rhs and known functional dependence of Q o on Ts , t as
given by (3.2). The resulting Ts is shown in Fig. 7b

along with q s and components of Q o obtained by substituting the resulting Ts in (A1) and (3.2), respectively.
Also plotted in Fig. 7b are the observed quantities from
COADS. The seasonal anomalies are well reproduced,
indicating that the simplified bulk aerodynamic formulas (3.2) are a good approximation to the more complex ones used by da Silva et al. (1994) and that the
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158.183
9 Jan
21.066
21 Sep
88.694
8 Feb
8.438
19 Apr
73.629
8 Feb
6.768
18 Apr
Semiannual

* Observed means not specified in the diagnosis are given in parentheses.

5.111
15 Feb
0.756
8 Jul
10.011
4 Feb
2.371
18 Apr
111.693
28 Jul
11.638
30 Jun
88.262
27 Jul
10.259
29 Jun
Annual

16.098
2 Aug
1.798
14 Jul

7.424
31 Jul
0.495
2 May

Q o| T
(W m22 )
Q b| T
Ly E| T
(W m22 ) (W m22 )

Semiannual

Q s| T
(W m22 )

Q s 2 Q s|T Q b 2 Q b|T Ly E 2 Ly E| T Q o 2 Q o|T Q i 2 Q o|T
(W m22) (W m22 ) (W m22 ) (W m22 ) (W m22 )

2.25
8 Feb
0.11
14 Apr
2.25
31 Jan
0.18
6 Sep
1.89
8 Feb
0.13
22 Apr
2.13
3 Feb
0.14
9 Apr
22.45
13 Jun
6.60
8 Jun
6.11
30 Jul
0.67
1 May
2.80
3 Jul
0.57
17 Jun
63.55
5 Dec
10.16
13 Sep
Annual

168.49
(126.52)
52.71
(54.41)
6.46
(7.94)
216.03
Mean

Ly E
(W m22 )
Qs
(W m22 )

Qb
(W m22 )

92.26
11 Dec
17.33
10 Sep

0.68
8 Jul
0.17
12 Jul

DIV 50 m

211.62
5.19
(4.79)
0.88
(0.67)
20.16
(19.76)
14.98
7.21
211.62

25.35
(25.14)
24.47

|u|
(m s21 )
Qnetc
(W m22 )

Ta
(8C)

Ts
(8C)

qa
(g kg21 )

qs
(g kg21 )

Ts 2 Ta
(8C)

qs 2 qa
(g kg21 )

DIV
(W m22)

DIV100 m
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Qi
(W m22 )

TABLE 1. Properties of the southern tropical Indian Ocean (STIND) diagnosed from COADS.* In each column, the amplitude of the harmonic is given above the date when the quantity is
a maximum.
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FIG. 8. The advection term in the heat balance, DIV, diagnosed
from the heat balance (3.1) for scale-depths h 5 50 m and h 5 100
m is plotted in the upper and middle panels, respectively. The corresponding rate of change in heat content and net surface heat flux
are also plotted. In the bottom panel, the heat balance terms are plotted
for h 5 hobs (t), where hobs is the observed monthly variation in mixedlayer depth averaged over the STIO; hobs is plotted beneath. For comparison with Fig. 15, below each plot, a shaded stripe shows the
dominant monthly averaged heat balance; the balances and shading
schemes are given in Fig. 15.

heat equation describing the annual cycle is approximately linear in Ts for the STIND. Summaries of the
climatological mean and annual and semiannual harmonics are given in Table 1. As noted in Table 1, the
means of the various components of surface heat flux
differ from observed; da Silva et al. (1994) note the
discrepancy between Q i 2 Q s 2 Q b 2 L y E and Qnetc .
The DIV required to balance the rate of change in
heat content and net surface flux is shown in Fig. 8 for
h 5 50 and 100 m. Hastenrath and Greischar (1993)
summarized the annual cycle in heat transport and storage for the Indian Ocean and overlying atmosphere
based on observed data. They found that during the
boreal winter half year (November to April), there is a
net heat gain across the surface for much of the Indian
Ocean. In the northern ocean, this heat is stored in the
upper 400 m, whereas in the southern ocean, the heat
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input is advected into the Northern Hemisphere. During
the boreal summer half year (May to October), there is
a net gain of heat across the surface in the Northern
Hemisphere, which, with the heat stored in winter, is
advected into the Southern Hemisphere, where it sustains a large heat loss to the atmosphere.
In the simple box model, the STIO heat content peaks
in March, three months after the peak in insolation, and
achieves a minimum in August, three months after the
minimum in insolation. If the scale depth of the oceanic
surface temperature is 50 m, then the maximum export
of heat from the STIO occurs in February and March,
and the maximum import of heat occurs in July. The
change from export to import and vice versa occurs in
May and December, respectively. If the scale depth is
100 m, then the maximum heat export from the STIO
occurs in April and maximum import in November. This
latter scenario is at odds with Hastenrath and Greischar’s
analysis, as it shows that the vigorous evaporation rate
in boreal summer is sustained by a decrease in heat
content, which is so large that the STIO can export heat
even in June.
The mixed-layer depth of the STIO varies from about
25 to 55 m between boreal winter and summer; see the
lower panel of the bottom plot of Fig. 8, which shows
hobs , the observed mixed-layer depth for STIND calculated from the National Oceanographic Data Center’s
(NODC) World Ocean Atlas 1994 (Levitus and Boyer
1994; Levitus et al. 1994). Although a seemingly large
peak-to-peak variation, it represents an amplitude of 15
m on a mean of 40 m. Hence, with the model formulation (3.1), the resulting DIV, (shown in the bottom
panel of Fig. 8) is similar to that assuming h is a constant
50 m (shown in the top panel of Fig. 8).
2) DIV [ 0
Hastenrath and Greischar (1993) emphasize the importance of importing heat into the STIO in boreal summer to sustain the vigorous evaporation. This notion can
be tested by setting DIV [ 0 and solving (3.1) with the
nonlinear bulk aerodynamic formulas (3.2) to obtain Ts ,
and so the separate terms in the outgoing flux. The
quantities Ta , q a , |u|, and n c are permitted to vary as
observed. While these solutions are expected to differ
from observations, it is informative to examine the individual components. The amplitude in seasonal anomaly of Ts decreases with increasing h, and the phase
increasingly lags the observed. The best agreement with
observed Ts is given for h 5 50 m, and the results for
h 5 50 m and h 5 100 m are plotted in Fig. 9. The
outgoing longwave radiation is little affected, but the
sensible and latent heat fluxes are greatly affected by
setting DIV 5 0. The amplitudes increase with increasing h; all are much greater than observed. The agreement
with observed phase is reasonable for h $ 100 m, but
for h 5 50 m, the peak is advanced by a couple of
months. The behavior with increasing h is readily ex-

plained by noting that as h → `, then Ts → Ts , and so
Q o and its components tend to Q o| Ts5Ts and its respective
components. These latter curves have been plotted in
Fig. 9 using a thin solid line. An impression of air–sea
interaction and the relative importance of the forcings
is given by considering the contrasting limit in which
the components of Q o are evaluated for observed monthly values of |u| with Ts , Ta , q a , and n c fixed at their
annual means. These curves are plotted in Fig. 9 using
a thin dotted line.
In summary, in this simple model, if DIV [ 0 and
the atmospheric forcing remains unchanged, although
there is a decrease in the mean latent heating, the increase in amplitude of the annual harmonic is sufficient
to give larger-than-observed values of L y E in boreal
summer for h $ 100 m. If h 5 50 m, the peak is larger
than observed, but it occurs two months earlier so that
the latent heating has fallen below observed values by
July. The importance of DIV, therefore, may lie in its
effect on the phasing of the maximum in evaporation
rate; after all it is no use to have maximum evaporation
in spring, when the southern tropical Pacific and Atlantic
have their maxima, because the airflow will not carry
the moisture to India.
3) SOLUTIONS

TO THE LINEARIZED EQUATIONS

The difference Q o 2 Q o| Ts5T s is plotted on the top rhs
of Fig. 9 for each experiment along with (]Q o /]T)|all (Ts
2 Ts ) for (]Q o /]T)|all 5 45 W m22 K21 ; a breakdown
of each of the components of Q o is given in Table 1.
The agreement is very good and indicates that the solutions given in section 3b can be used to explore the
behavior of the system. The variation in amplitude and
phase of the annual and semiannual harmonics of temperature Ts and latent heating L y E with amplitude and
phase of DIV are shown in Fig. 10 for the case h 5 50
m. The location of the observed STIO is marked by a
cross. The patterns in these figures are the same as those
of Fig. 6, but with the axes stretched and shifted, and
notably by different amounts for SST and latent heating.
The DIV 5 0 results described in Fig. 10b are explained
by noting that the observed state of the STIO lies in
the interior region of closed contours in the annual harmonic amplitude plots, and so the amplitudes of Ts and
L y E increase as DIV → 0. Figures 10a and 10b also
show that the phase of Ts is lagged by less than a month
and that of L y E advanced by nearly two months, as
found in Fig. 9, by integrating the full equations. It is
interesting to note that the amplitude of the annual harmonics in Ts and Ly E are near their minima of zero for
the magnitude and phase of the diagnosed DIV. Advancing the phase of DIV by 2 months doubles the latent
heating amplitude but has little effect on the SST amplitude; the phases of both are little affected. Lagging
the phase of DIV by 2 months has little effect on latent
heating amplitude but advances the phase by 2 months.
There is little effect on the phase of the temperature
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FIG. 9. The heat balance Eq. (3.1), with the functional dependence of Q o on Ts , t given by the simplified bulk aerodynamic formulas (3.2),
is solved under the assumption DIV [ 0 for the southern tropical Indian Ocean. The quantities Q i , Ta , q a , and |u| take values for the average
southern tropical Indian Ocean from COADS. The resulting Ts , Q b , Q s , L y E, and Qnet are plotted as a function of time for scale-depths h 5
50 and 100 m, which are denoted by dashed and dot–dashed line, respectively. The observed value of Ts is plotted as a bold solid line.
Observed values of Q b , Q s , L y E, given by substituting the observed value of Ts in the simplified bulk aerodynamics Eq. (3.2), and Qnet,
defined as the sum of the previous quantities, are also plotted in their respective panels as bold solid lines. Outgoing fluxes obtained by
holding Ts fixed at its annual mean value and allowing Ta , q a , |u|, and n c to vary as observed are plotted as a thin solid line in their respective
panels. Equivalent lines obtained by holding Ts , Ta , q a , and n c at their annual means and allowing only |u| to vary as observed are plotted
as a thin dotted line in their respective panels. In the upper-rhs panel, the seasonal anomaly in Q o 2 Qo| Ts5T s is plotted for each scale depth
as a bold line, and (]Q o /]T )|all (Ts 2 T s ), where (]Q o /]T )|all 5 45 W m22 K21 , is plotted as a thin line of the same style.

response, but the amplitude is decreased by one-quarter.
A small perturbation to the amplitude of the annual
harmonic of DIV has little effect on the SST and latent
heating response at annual period.
The corresponding plots for the semiannual harmonics are shown in Figs. 10c and 10d. Once again, small
perturbations to the amplitude of DIV have little effect
on the SST and latent heating responses. The amplitude
of the semiannual harmonic in latent heating is nearly
a maximum w.r.t. phase for the diagnosed magnitude of
DIV. Lagging the phase of DIV by 2 months reduces
the latent heating amplitude by one-third, whereas advancing its phase has little effect. In contrast, the effect
on temperature is to double the response if the phase
of DIV is advanced by 2 months and to have little effect
if the phase is lagged. Of course, these maps can only
give an impression of tendencies and are most useful
for understanding responses in ocean-only GCMs,
where the properties of the atmosphere are specified, as
will be considered in section 4. The maps for other scale
depths and oceans have a similar structure, that is, related to Fig. 6, but the location of features such as the
amplitude minimum and branch cut in phase is shifted.

If an ENSO-type linearization of the outgoing heat
flux is adopted, then the results are similar to Fig. 10,
with different numerical values for the contours and
slight changes in the locations of the minima and branch
cuts. The location of the observed annual harmonic in
the interior region of the closed contours and of the
semiannual harmonic in the outer region still holds.
d. Arabian Sea applications
The Arabian Sea box (ARAB) is defined as that from
the equator to the north coast of the Arabian Sea, with
the eastern boundary a diagonal line parallel to the east
African coast running from the equator to the southern
tip of India.
1) DIAGNOSING DIV

FROM OBSERVATIONS

The equivalent plots to Fig. 7 for the Arabian Sea
box are shown in Fig. 11, and the properties of the
diagnosed fields are given in Table 2. The agreement
on diagnosing the seasonal cycle in Ts and related quantities is not quite as good as for the STIO. Although the
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FIG. 10. The variations in amplitude and phase relative to Jan of the annual harmonic in (a) temperature Ts (Tannual , Qannual [ uannual 1 gannual )
and (b) latent heating L y E (Lannual , Fannual [ f annual 1 gannual ), with amplitude [D annual [ (DQ)annual ] and phase relative to Jan (a*annual [ aannual
1 gannual ) of the annual harmonic in DIV as given by the linearized form of the heat balance [Eqs. (3.4)–(3.7)], are contoured assuming the
scale-depth h 5 50 m, for the southern tropical Indian Ocean; gannual is the phase of Q i 2 Qo| Ts5Ts relative to Jan. The constants ]Q o /]T|all ,
]L y E/]T|all are given values of 45 and 37 W m22 K21 , respectively. The position of present seasonal climatology is marked by a cross. The
contour intervals for Ts , L y E are 0.58C, 10 W m22 , respectively, for amplitude and 1 month for phase. The equivalent plots for the semiannual
harmonic are shown in (c) and (d), respectively. The contour intervals for Ts , L y E are 0.18C, 2 W m22 , respectively, for amplitude and a
fortnight for phase.

discrepancies in Ts 2 Ta and q s 2 q a look large, the
latent heating cycle is well reproduced, with errors only
as large as 10% in June and September/October. The
discrepancies in sensible heat flux are larger, but the
component is relatively insignificant in the net heat flux.
Interestingly, the phase for the diagnosed DIV does not
show the wide variation with scale-depth h, as found in
the STIO (see Fig. 12). This is because the rate of change
in heat content and net surface flux signals are almost
in phase. The import and export of heat to the Arabian
Sea is a little more complex than described in Hastenrath
and Greischar (1993), because annual and semiannual
components of DIV have similar magnitude. The Arabian Sea imports heat during the period from February
to April and then exports heat for the remainder of the
year. The export drops off during the transition season
in September/October. Since the Arabian Sea absorbs
heat from the atmosphere for most of the year, the seasons of import and export of heat correspond to those
of heat storage and release, respectively.

Figure 12 also shows the heat balance for the Arabian
Sea box if the scale height is assumed to vary as the
observed mixed-layer depth, which ranges from about
20 m in April and October to about 40 m in July. The
diagnosed DIV is similar to that assuming h is a constant
50 m (shown in the top panel of Fig. 12).
2) LINEARIZED
DIV [ 0

SYSTEM AND SOLUTIONS FOR

Once again, the system is well represented by a linearized system, as summarized in Table 2. The equivalent plots to Fig. 9 (not shown) show that if h 5 50
m, then the observed ARAB is on the upper flank of
the region of closed contours for the amplitude of the
annual harmonic in SST and latent heating and on the
left-hand side (lhs) flank of the closed-contour region
for the semiannual harmonic in L y E and in the outer
region for SST. For phase, the observed annual harmonics are located near the branch point, and so the
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FIG. 11. As in Fig. 7 but for the Arabian Sea.

phase of both SST and L y E will be sensitive to changes
in DIV, whereas the semiannual harmonics are located
well to the left of the branch point, and so their phases
are insensitive to changes in DIV. Hence, as DIV → 0,
the amplitude of the seasonal anomaly in latent heating
increases. The phase of the annual component is lagged,
and that of the much stronger semiannual component is
almost unchanged. Of course, since the annual mean
DIV is much larger than in the STIO, if DIVARAB were
set to zero, there would be a much larger increase in
mean SST and latent heating than seen in Fig. 9 for the
STIO.

3) FORCING

BY YEAR-ROUND DRY AIR

One of the issues under consideration is whether the
Arabian Sea could produce sufficient evaporation to
compensate for a reduction in moisture accumulation
over the STIO, or a slightly different airflow pattern,
such that during boreal summer, the air flowing over the
Arabian Sea originated from continental Africa. The
result of integrating the ARAB model, assuming the
observed seasonal cycle in the specified variables except
for q a , which is fixed at its dry January value, is shown
in Fig. 13. The maximum in latent heating in boreal
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6.465
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2.085
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FIG. 12. As in Fig. 8 but for the Arabian Sea.
* Observed means not specified in the diagnosis are given in parentheses.

6.032
6 Feb
6.117
14 Apr
34.435
24 Nov
58.439
10 Jul
21.844
8 Nov
53.436
8 Jul
9.673
31 Dec
1.624
25 Aug
5.599
25 Nov
5.788
23 Jul
Semiannual

Semiannual

Annual

Q b| T
Ly E| T
(W m22 ) (W m22 )
Q s| T
(W m22 )

Q o|T
(W m22 )

Q s 2 Q s|T Q b 2 Q b|T Ly E 2 Ly E| T Q o 2 Q o|T Q i 2 Q o|T
(W m22) (W m22 ) (W m22 ) (W m22 ) (W m22 )

1.01
26 Apr
1.54
17 Apr
1.90
18 Jun
0.72
19 Apr
0.73
26 Apr
1.13
17 Apr
0.97
30 May
0.89
20 Apr
1.88
8 Jul
1.84
30 Jun
9.42
2 Jan
1.69
7 Sep
3.35
13 Jan
1.31
10 Apr
27.80
2 May
29.39
15 Sep
Annual

9.26
26 Feb
23.75
12 Jun

35.65
5 Jun
50.54
12 Sep

DIV 50 m

27.31
6.40
1.94
(2.80)
247.69

49.94
(50.23)

144.98
(106.05)

50.84

27.73
(27.56)

17.81

23.17
(22.76)

0.42
(0.25)

5.36
(4.96)

50.84

DIV100 m
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Mean

DIV
(W m22)
qs 2 qa
(g kg21 )
Ts 2 Ta
(8C)
qs
(g kg21 )
qa
(g kg21 )
Ts
(8C)
Ta
(8C)
|u|
(m s21 )
Qnetc
(W m22 )
Ly E
(W m22 )
Qb
(W m22 )
Qs
(W m22 )
Qi
(W m22 )

TABLE 2. Properties of the Arabian Sea (ARAB) diagnosed from COADS.* In each column, the amplitude of the harmonic is given above the date when the quantity is a maximum.
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summer is much increased at the expense of the boreal
winter peak. However, as displayed in Table 3, the increased evaporation is not sufficient to make up for the
loss from the STIO.
Table 3 is an attempt to estimate the amount of water
available to precipitate over India during boreal summer
for several different scenarios. The amount of water is
calculated as the total amount evaporated over the box.
That for the STIO box is then halved to take into account
that the monsoon streamtube spans only a fraction of the
box. The factor of one-half was chosen because that gives
the STIO as responsible for 70% of the total amount for
the observed conditions. The perpetual annual mean scenario imagines that there is no seasonal cycle in the ocean,
and the monsoons and their rainfall are solely associated
with a change in direction of the winds; this accounts for
;90% of the observed amount. The diagnosed results
correspond to Figs. 7 and 11. The DIV 5 0 results should
be compared with the diagnosed results rather than with
the observed ones. They yield an increase in total amount
of water of 15%–30% depending on assumed scale depth.
The scenario of losing the STIO contribution so that the
air flowing into the Arabian Sea is dry is tabulated next.
The result is less than one-half of the diagnosed case.
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FIG. 13. The simple Arabian Sea box model with Qi , Ta , |u|, and nc specified from COADS and DIV given by the values
diagnosed from observations shown in Fig. 12, as shown in (a), was run with qa fixed at its observed Jan value. The
resulting SST and components of outgoing radiation are shown in (b). Thin lines of a given style denote observed values
and are labeled ‘‘obs.’’ Results assuming scale-depths of h 5 50 m and h 5 100 m are labeled 50 and 100 m, respectively.

TABLE 3. Available precipitable moisture from simple box model experiments.
Total amount of water evaporated in JJA (31016 kg)
From STIO
(18.816 3 1012 m 2 )
Observed monthly
Observed annual mean
Diagnosed
DIV 5 0
ARABDry
STINDSTATL Ta9 qa9 u

From Arabian Sea
(6.2596 3 1012 m 2 )

0.888
0.757
1.144
h 5 50 m
1.057
–
1.061

h 5 100 m
1.282
–
1.036

Total available
(Arabian 1 0.5 3 STIO)
to precipitate over India
(31016 kg)

0.223
0.211
0.305
h 5 50 m
0.501
0.373
As diagnosed

h 5 100 m
0.499
0.411
As diagnosed

0.668
0.590
0.877
h 5 50 m
1.029
0.373
0.835

h 5 100 m
1.140
0.411
0.823
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Last, the scenario of the STIO subjected to the south
tropical Atlantic’s atmospheric forcing of Ta , qa , and u
is considered. The decrease in total amount of water
available is less than 5%.
4. Results from a 3D numerical simulation
The purpose of the simple model of the previous section was to explore the sensitivity of latent heating to
changes in oceanic processes represented by DIV and
certain atmospheric quantities, such as air temperature,
specific humidity, and wind speed. In this section, results from a 3D numerical ocean model are examined
to understand better the limitations of the assumption
made in the simple model about dependency on temperature variations with depth and the implications that
has on the diagnosed DIV, how the diagnosed DIV relates to the meridional transport divergence, and the
effect of the Indonesian throughflow on the ability of
the STIO to sustain a vigorous evaporation rate.
a. Numerical model
The model is global, extending from 708S to 658N,
and is based on the POSEIDON model developed for
ENSO studies (see Schopf and Loughe 1995; Schopf
1994). It is a thermodynamic, reduced-gravity model
with a generalized vertical coordinate. There are 14 independent layers in the vertical, with 10 typically spanning the top 300 m in the Tropics, and the horizontal
resolution is 18 3 18, which reduces to 18 3 ⅓8 within
158 of the equator. There is an explicit Krauss–Turner
mixed layer. Vertical mixing is via a Richardson number–dependent scheme, and horizontal diffusive processes are parameterized by an 8th-order Shapiro filter.
The model was run for 15 years starting from rest, with
hydrography specified from NODC’s 1994 climatology
(Levitus and Boyer 1994; Levitus et al. 1994). It was
forced by climatological wind stresses derived from the
European Centre for Medium-Range Weather Forecasts
(ECMWF) 1000-mb winds and by a climatological surface heat flux based on Oberhuber (1988). It contained
a correction term of the form 2l(Tmixed 2 Tobs ), where
Tmixed is the model’s mixed-layer temperature, Tobs is the
National Centers for Environmental Prediction’s
(NCEP’s) objectively analysed SST (Reynolds and
Smith 1995). The correction term was applied in two
steps (cf. Schopf and Loughe 1995). First, it was applied
to the large-scale temperature field on a 48 3 58 grid
with l 5 100 W m22 K21 . It was then applied to the
fine-scale model grid with l 5 25 W m22 K21 . The
surface condition on salinity was a weak relaxation to
NDOC’s climatological seasonal sea surface salinity applied as a natural boundary condition on freshwater flux.
In the following discussion, the last five years of the
integration were averaged to give a seasonal climatology.
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b. Comparison of seasonal variability with simple
model
Figure 14 shows zonally averaged maps of SST, heat
content over the upper 50 and 300 m, Qnet , and the
diagnosed DIV over the upper 50 and 300 m. The expression DIV was diagnosed as in section 3 as the difference between Qnet and rate of change of heat content.
The heat content variability over the upper 50 m closely
resembles that of SST. Over 300 m, there are discrepancies over the equatorial latitudes, because baroclinic
Rossby and Kelvin waves produce significant changes
in the subsurface thermal structure. By 208S, first baroclinic mode annual period Rossby waves only propagate about 238 of latitude in one year, hence the lack
of their signature in Fig. 14. Annual period coastally
trapped Kelvin waves have wavelength of 10 5 km, and
so they effectively propagate along the west Australian
and Asian coasts instantaneously. The diagnosed DIV
is of similar order to Qnet in most regions, and so it is
assumed to be accurate within the context of the model.
A breakdown of the heat balance is shown in Fig. 15
over the upper 50 and 300 m; a term in the heat balance
is neglected if its magnitude is less than 10% of the
largest. The balance has been documented by many other modelers and agrees with that deduced from observations by Hastenrath and Greischar (1993) and the simple model of section 3. In the STIO over the upper 50
m during boreal winter, the surface heat input is stored
locally (cf. Gill and Niiler 1973), which is in qualitative
agreement with the simple model shown in Fig. 8. The
DIV term only becomes as important during boreal summer. Over the upper 300 m, however, DIV is much more
important and drives the change in net surface heat flux
during boreal summer in the band 108–208S. This does
not agree with the trend given by the simple model of
section 3 shown in Fig. 8, as in that model, the phase
of DIV shifted as h increased, which is not particularly
apparent in Fig. 14. In the northern ocean, the Gill and
Niiler balance holds in boreal spring over the upper 50
m; in the simple model of Fig. 12, DIV was of reduced
importance in spring. In boreal summer, DIV is increasingly important, with the balance shifting between DIV
driving heat content changes, and then the net surface
heat flux as fall approaches, which is in qualitative
agreement with Fig. 12. Over the upper 300 m, DIV is
more important everywhere, with the balance of DIV
driving variations in heat content occurring more frequently, especially in boreal summer and winter, which
is in qualitative agreement with Fig. 12.
In the zonal mean, DIV mainly results from the divergence of meridional heat flux, specifically the divergence of the volume transport generated by the windstress field, which induces vertical motion, and so advection of heat along the vertical temperature gradient.
Horizontal advection due to motion along the horizontal
temperature gradient is only very large over the latitudes
of the Somali Jet during boreal summer, when it dom-
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FIG. 14. The seasonal cycles in zonally averaged SST and heat content over 50 and 300 m are plotted as a function of month and latitude
from left to right in (a) for POSEIDON; the respective annual means have been subtracted and plotted on the rhs of each contour map. The
contour interval is 0.38C for SST and heat content over 50 m and 0.18C for heat content over 300 m. The corresponding maps in net surface
heat flux and diagnosed DIV over 50 and 300 m are plotted from left to right in (b). The contour intervals are 15 W m 22 for net surface
heat flux and DIV over 50 m and 30 W m22 for DIV over 300 m. Solid (dashed) contour lines denote positive (negative) values, and a
dotted contour line denotes zero.

inates. The seasonal cycle in zonally averaged meridional volume transport is shown in Fig. 16a. The large
seasonal variation in DIV over the STIO is due to the
maximum southward transport at 108S being in June/
July, whereas that at 308S occurs in March.
The equivalent transport picture for the Pacific is
shown in Fig. 16b. The gradient in meridional transport
over the upper 300 m between 108 and 308S in boreal
summer is similar in both oceans. However, it is much
stronger in the Indian Ocean in boreal winter. Over the
upper 50 m, the seasonal variation in meridional transports is very different due to the difference in equatorial
wind stresses. The result is that the divergence across
the southern tropical Pacific is much less than across
the STIO. These differences between the STIO and Pacific and between the different depth averages are in
agreement with the simple model, as summarized in
Table 1.
c. The effect of the Indonesian throughflow
The numerical model was also run from the same
initial conditions of rest and NODC 1994 climatology

for 15 yr with the Indonesian archipelago closed so that
there was no transport of heat or mass from the Pacific
Ocean to the Indian Ocean. The version described above
only had a modest throughflow, namely a mean of less
than 4 Sv (1 Sv 5 106 m3 s21) in the upper 300 m, and
amplitudes of only 0.73 and 1.03 Sv at annual and semiannual periods, respectively (see Table 4). Hirst and
Godfrey (1993, 1994) contrasted results from models
forced by climatological mean surface fluxes with mean
throughflows differing by 17 Sv, which may have tended
to overemphasize the differences. Recent current meter
measurements in Makassar Strait by Gordon et al.
(1999) show interannual variability in transports of O(8
Sv) peak to peak. The observed seasonal variability is
O(8 Sv) peak to peak (Meyers et al. 1995). Hence, the
modest but significant differences described herein may
be regarded as representative, maybe even an underestimate, of those due to changes in the throughflow
transport, which result from interannual changes in the
Pacific wind stresses.
If the surface heat flux had been prescribed as in
section 3b, then both models would have drifted toward
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FIG. 15. The zonally averaged heat balance HC t 1 DIV 5 Qnet in
POSEIDON, where HC t [ r o C p h]T/]t, is mapped as a function of
time and latitude for (a) h 5 50 m and (b) h 5 300 m. The possible
approximate balances and their respective style of shading is given
on the lhs of the maps. The balance is assumed to reduce to that
between two terms if the magnitude of the third is less than 10% of
the largest.

their own climatologies with different large-scale SST
fields, which may or may not have resembled the observed. By strongly damping the model’s large-scale
SST towards the observed SST, the two models, denoted
by superscripts 0 and 1, are constrained to be more
similar in the mean, since
T 1mixed 2 T 0mixed 5 2l21 (DIV1 2 DIV 0 ),
whereas in section 3b, dQ o /dt|all ù 45 W m22 K21 replaced l 5 100 W m22 K21 . However, the fine-scale
temperature fields are more free to diverge, since
lsmall-scale 5 25 W m22 K21 . In both cases,
0
Q1net 2 Qnet
5 DIV1 2 DIV 0 ,

and is not explicitly dependent on the damping coefficient. For time-dependent motions in POSEIDON with
frequency v,

[

1
0
T mixed
2 T mixed
5 Re

]

(DIV 1 2 DIV 0 )
,
ivro Cp h 2 l

[

1
0
Q net
2 Q net
5 2lRe

and

]

(DIV 1 2 DIV 0 )
.
ivro Cp h 2 l
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For the section 3b prescription, l is replaced by
dQ o /dT|all . For annual period motion and a 50 m mixedlayer depth, vr o C p h ù 25 W m22 K21 , and the SST
differences are only 0.5 (large-scale) and 1.5 (smallscale) times that of the systems with dQ o /dT|all 5 45 W
m22 K21 , whereas the surface heat flux differences are
1.1 (large-scale) and 0.81 (small-scale) times that of the
previous systems. For higher frequencies and shallower
mixed layers, the differences are increasingly independent of the damping coefficient.
The difference in mean climatology between models
with and without a throughflow is shown in Fig. 17.
The results are as expected from Hirst and Godfrey
(1993) (HG hereinafter) in terms of sign and location
of differences, but the magnitudes are not always a small
fraction of those found by HG. Net surface heat flux
differences to the east of Madagascar exceed 210 W
m22 , which is twice as large as in HG’s models. In
contrast, net surface heat flux differences over the northwest Australian shelf region are less than 25 W m22 ,
compared with 215 W m22 in HG. Over the eastern
equatorial Pacific, Qnet differs by up to 10 W m22 , compared with 15 W m22 in HG. These surprising contrasts
in magnitude can be ascribed to the differences in model
resolution and physics. In the POSEIDON model, the
throughflow penetrates the interior Indian Ocean as a
well-defined zonal current with little loss in heat and
mass, but in a coarse-resolution GCM, its signatures
over the mixed layer and upper thermocline are lost or
diluted soon after entering the Indian Ocean. The mechanics were explained by Kundu and McCreary (1986),
who examined the amount of deflection along the eastern boundary of a zonal jet entering from the boundary
as a function of vertical mixing.
The importance of the heat flux changes to the east
of Madagascar in the present context is that the region
lies in the middle of the monsoon streamtube, and thus
the results imply an O(5 Sv) decrease in mean throughflow yields an O(5%) decrease in mean latent heating
in the region. Averaged over the whole of the STIO (see
Table 4), the difference reduces to a mere 3 W m22 ,
which is negligible when compared with the total mean
latent heating of ;150 W m22 . However, if the path
shown in Fig. 2 is representative, in particular so that
the region to the west of Australia is included, then the
change in latent heat over monsoon streamtube south
of the equator could amount to a few percent.
There is little difference in net surface heat flux in
the Arabian Sea, just 25 W m22 , at the center of the
Somali Jet. The signature in the northern Indian Ocean
is only apparent in the upper thermocline temperature
field (see Fig. 17). From Godfrey’s (1989) calculation
on steric height differences in a Sverdrup model, it is
expected that the difference in the northern oceans
should be about 30% less than in the southern, as shown
in Fig. 17.
The difference fields for the seasonal cycle zonally
averaged over the basin are shown in Fig. 18. The Ara-
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FIG. 16. The seasonal cycles in zonally averaged meridional transport over 50 and 300 m for POSEIDON
are contoured as a function of month and latitude for (a) the Indian Ocean and (b) the Pacific Ocean. The
annual mean at each latitude has been subtracted and is plotted on the rhs of the respective contour maps.
The contour interval is in (a) 2 Sv and in (b) 3 Sv; the linestyles are as in Fig. 14.

bian Sea is up to 0.18C warmer in the model with a
throughflow in boreal summer. The STIO is also warmer
then, but only by a modest 0.028–0.048C. The seasonal
variation in latent heating there is also up to 23 W m22
greater from May through September. Over the northern
ocean, the change exceeds 5 W m22 . As in the mean

case, these figures belie the large differences that occur
over the region of the monsoon streamtube, as shown
in Fig. 19a. For the June, July, and August average,
these exceed 220 W m22 , which is comparable to the
seasonal amplitude in latent heating for the STIO. Off
western Australia and in the region of the Somali Jet,
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2.78
27 Jul
2.94
8 Aug
1.18
14 Jun
2.58
1 Aug
2.33
9 Aug
0.71
2 Jul
0.70
2 Jun
0.65
25 Jun
0.53
1 May
1.03
21 May
0.00
–
1.03
21 May
3.24
28 Jul
3.03
2 Aug
0.56
26 Jun
0.80
19 May
0.63
20 May
0.17
12 May
0.52
23 Jun
0.00
–
0.52
23 Jun
1.80
3 Aug
1.75
6 Aug
0.19
28 Jun
11.36
18 Jul
10.34
30 Jul
4.53
15 Jun
9.78
16 Apr
9.22
18 Apr
0.74
25 Sep
21.62
15 Apr
19.22
20 Apr
4.68
16 Sep

16.30
21 Jan
15.27
21 Jan
1.04
26 Jan
3.34
27 Aug
2.96
26 Aug
0.38
4 Sep
0.73
5 Oct
0.00
–
0.73
5 Oct
12.81
16 Jan
12.28
16 Jan
0.54
8 Jan
2.87
3 Aug
2.75
2 Aug
0.13
28 Aug
0.95
8 Jan
0.00
–
0.95
8 Jan
12.58
19 Jan
12.59
18 Jan
0.22
21 Apr
40.94
20 Jan
40.62
22 Jan
1.73
1 Nov
21.14
22 Jan
19.33
21 Jan
1.86
4 Feb
42.80
25 Nov
43.31
22 Nov
2.60
6 Mar

Wide-blocked

Blocked

0.04
24 Jun
0.03
19 Jun
0.01
25 Jul
10.37
12 Apr
9.87
11 Apr
0.55
23 Apr
Semiannual
Wide

Wide-blocked

Blocked

1.55
6 Mar
1.57
6 Mar
0.02
24 Jul
Annual
Wide

74.30
22 Dec
72.44
21 Dec
2.20
23 Jan

57.09
11 Dec
56.54
11 Dec
0.54
9 Dec

1.59
4.26
22.68
23.88
0.00
23.88
20.45
21.28
0.83
21.05
20.35
20.70
21.19
0.00
21.19
29.87
210.15
0.28
210.43
27.44
22.99
210.43
27.44
22.99
19.67
19.12
0.55
25.24
25.12
0.11
25.46
25.43
0.03
Mean
Wide
Blocked
Wide-blocked

210.43
27.44
22.99

1.65
8 Sep
2.25
6 Sep
0.61
3 Jun

15.26
21 Jan
14.67
24 Jan
0.82
9 Dec

DyV 300 m
(Sv)
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DyV 50 m
(Sv)
V30S
300 m
(Sv)
IT 300 m
(Sv)
V8.5S
300 m
(Sv)
V30S
50 m
(Sv)
IT 50 m
(Sv)
8.5S
V50
m
(Sv)

DIV 300 m
(W m22 )
DIV 50 m
(W m22 )
HC 300 m
(8C)
HC 50 m
(8C)
SST
(8C)
Q net
(W m22 )

TABLE 4. Properties of the southern tropical Indian Ocean from POSEIDON. In each column, the amplitude of the harmonic is given above the date when the quantity is a maximum.

15 MARCH 2001

the peaks exceed 230 and 220 W m22 , respectively.
These differences are due to seasonal upwelling sensing
the mean throughflow signal, rather than seasonality in
the throughflow, which has amplitudes of only 0.73 and
1.03 Sv at annual and semiannual periods, respectively,
in this version of the POSEIDON model. The total difference for boreal summer, that is, the difference in seasonal variation plus the difference in mean, is shown in
Fig. 19b. The increase in latent heating over the assumed
length and breadth of the streamtube is significant, even
if it is reduced by a fraction to take into account that
the damping coefficient l is larger than dQ o /dT|all .
For Fig. 18 and Table 4, over the upper 50 m, the
differences in changes in heat content and DIV are of
the same order of magnitude as the differences in Qnet
at annual and semiannual periods. The same is true over
the upper 300 m at annual period, but at semiannual
period, the net surface heat flux differences are much
less important. The differences in DIV can be related
to changes in the meridional transport divergence due
to the throughflow. From the transport fields shown in
Fig. 17b, the throughflow generates a divergence, as it
takes about three months for changes in transport at the
entrance to the Indian Ocean at about 108S to propagate
to 308S (i.e. at about 0.26 m s21 ). Although the maximum throughflow transport is in April, it takes until
July for the signal to reach 308S.
Most pictures of modeled seasonal variability in
throughflow show the transport integrated over the total
depth, which has a predominantly annual signal with a
maximum transport in August. However, over the upper
thermocline, the throughflow has a strong semiannual
signal, which is comparable in magnitude with the annual signal, and has a maximum southward transport in
March/April (see Meyers et al. 1995). This feature is
reproduced well in POSEIDON and suggests that changes in the throughflow can affect the onset of the monsoon. A further suggestion that it may affect the summer
monsoon is found in Fig. 18, which shows an increase
in the seasonal anomaly in cross-equatorial transport
over the upper 50 m during boreal summer, which peaks
at 1.5 Sv in August. This is expected because the
throughflow enhances the meridional temperature gradient locally and thus suppresses meridional flow. The
suppression extends from 158S to the north Arabian Sea.
Once again, the change is small, but then the amplitude
of the seasonal anomaly in throughflow is the same
magnitude. It serves to illustrate the concept that an
increase in the throughflow strength decreases the southward transport of heat from the Arabian Sea in boreal
summer, increasing its SST and latent heating; the opposite holds for a decrease in throughflow.
5. Summary and discussion
Aspects of the seasonal cycle in the Indian Ocean
have been revisited to examine their role in determining
the strength of the Indian summer monsoon. The prob-
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FIG. 17. The difference in the annual mean fields between the POSEIDON model with a mean Indonesian throughflow of less than 4 Sv
and seasonal variation of less than 62 Sv, as shown in Figs. 14–16, and the same model with the Indonesian archipelago blocked are
contoured for the Indian and Pacific Oceans. Clockwise from the top lhs, the fields are SST, heat content (depth-averaged temperature) over
the upper 50 m, the same over the upper 300 m, and net surface heat flux. Positive (negative) anomalies are denoted by dark (light) shading.
The scales for shading are given in the bottom corner of each map.

lem has been tackled from a rather unconventional viewpoint, as it is assumed that the total amount of rainfall
over India during the monsoon is a function of the
amount of water evaporated from the Indian Ocean, and
so the pathway of airflow and factors controlling the
evaporation rate are key. Of course, the same amount
of water vapor could approach the Indian continent every summer monsoon season, and differing atmospheric
dynamics over the Arabian Sea could be responsible for
the observed variability; this is likely the dominant
mechanism. However, in their analysis of COADS, Wajsowicz and Zhu (1999) found that the cross-equatorial
moisture flux differed from strong to weak years, which
could be related to evaporative anomalies over the
southern Indian Ocean.
The southern Indian Ocean is unique in that it can
sustain vigorous evaporation over its eastern flank, even
during its winter season, which Godfrey and Weaver
(1991) explained as due to the heat input by the flow
from the equatorial Pacific through the Indonesian archipelago. Its properties and a comparison with the
South Atlantic and Pacific, as provided by COADS,
were examined in section 2. The evaporation rate in the
winter hemisphere oceans increases over the annual
mean because of increased wind speeds resulting from
an increased equator–pole temperature contrast and an

increased flow of drier air from the midlatitudes. These
factors outweigh the reduction due to decreased incident
solar radiation. Interestingly, the seasonal amplitude in
evaporation rate over the southern Indian Ocean was
found to be double that over the South Pacific and almost 50% larger than that over the South Atlantic
Ocean. Further analysis of the data in section 2, showed
that the extra strength of the evaporation rate over the
southern Indian Ocean during boreal summer was mainly due to the difference in strength of its mean winds
and air–sea specific humidity contrast, since evaporation
rate is a multiplicative quantity. Thus, the mean winds
amplify the seasonal variation in air–sea specific humidity contrast and the mean air–sea specific humidity
amplifies the seasonal variation in wind speed. It was
also shown that the evaporation rate varied significantly
from month to month during the summer monsoon, and
for different reasons.
Also addressed in section 2 was the concept of accumulation versus evaporation. The total amount of water evaporated along the monsoon streamtube is just the
integral of E 2 P along its length and breadth. However,
it is useful to identify the regions of water-mass accumulation, as these could affect subsequent downstream
evaporation rates. For example, airflow over the Indian
Ocean accumulates so much moisture over its eastern
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FIG. 18. The difference in zonally averaged seasonal anomaly fields between the POSEIDON model with an Indonesian throughflow, as
shown in Figs. 14–16, and the same model with the Indonesian archipelago blocked are contoured as a function of month and latitude. From
left to right, the fields are in (a) SST and rate of change in heat content with time over the upper 50 and 300 m, respectively, and in (b)
the net surface heat flux and the meridional transport over the upper 50 and 300 m, respectively. The difference in zonally averaged mean,
which has been subtracted to give the seasonal anomaly field is plotted on the rhs of respective plots, except for rate of change of heat
content, which has a zero mean, and in this case the difference in zonally averaged mean heat content has been plotted on the rhs. The
contour intervals are in (a) 0.028C for SST and 3 and 6 W m22 for rate of change of heat content over 50 and 300 m, respectively, and in
(b) 1 W m22 for net surface heat flux and 0.25 and 0.5 Sv for meridional transport over the upper 50 and 300 m, respectively. In (b), the
areas where the total field in the POSEIDON model is negative have been shaded light gray, and the dark gray contour bounds the regions
where the total field is negative in the model with a blocked archipelago.

flank that evaporation over the Arabian Sea is weak even
though the wind speed in boreal summer is very large.
This contrasts with the Pacific and Atlantic, where most
of the accumulation occurs in the west. In terms of
desiring to produce more rainfall, increases in evaporation rate due to increased wind speed are better than
those due to increased air–sea specific humidity contrast, because they do not necessarily limit the downstream evaporation rate. Many have argued that identifying accumulation sites is unimportant, because, for
example, in the Indian Ocean, if the water was not evaporated from the southern ocean, it would be evaporated
from the Arabian Sea. In section 3, a simple model is
used to demonstrate that the evaporation rate over the
Arabian Sea cannot increase sufficiently to accommodate the loss of the southern Indian Ocean from the
monsoon streamtube.
The model of section 3, based on a simple single-

layer heat balance equation where the components of
surface heat flux are given by bulk aerodynamic formulas, was also used to demonstrate that the seasonal
cycle in oceanic heat transport was not crucial to the
southern Indian Ocean’s ability to sustain a vigorous
evaporation rate during boreal summer. Indeed, the
evaporation rate was typically larger in the absence of
any divergence. Summaries of the properties of the Indian Ocean averaged between 108 and 308S, and the
Arabian Sea between the equator and 208N were also
given in section 3 in tabulated form broken down into
mean, annual, and semiannual components. For the areal
averages, a linearization of the bulk-aerodynamic formulas was found to be a good approximation, and analytical periodic solutions to the heat equation were presented under the assumption that variations in the advection term were independent of SST to first order.
These solutions were used to describe the sensitivity of
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FIG. 19. The difference in the net surface heat flux averaged over Jun, Jul, and Aug, between the POSEIDON
model with an Indonesian throughflow and one in which the archipelago is blocked, is plotted for the Indian
Ocean. The difference in seasonal anomaly is shown in (a) and the difference in the total field in (b). Positive
(negative) differences are shaded dark (light) gray. The scale for the shading is given on the rhs of each
map.

SST and latent heating variations to variations in the
amplitude and phase of the net advection. This analysis
was motivated by the differences found in wind-stress
products used to force ocean GCMs and the notion that
interannual-to-decadal-scale wind-stress variations play
a role in monsoon variability either directly through the
evaporation rate’s dependence on wind speed or indirectly through changes in net oceanic heat advection.
Interestingly, the annual period evaporation rate in the
southern Indian Ocean was found to be close to a minimum, when expressed as a function of amplitude and

phase of the advective term, and in a regime, where the
response in evaporation rate to small changes in advection is sensitive to its initial state. In contrast, the
semiannual component of evaporation rate was near a
maximum for the observed magnitude in the advective
term and in a regime, where the response to small changes in advection is insensitive to initial state.
Last, in section 4, results from a 3D numerical ocean
model were presented. These showed that the simple
model of section 3 was a good approximation for the
Indian Ocean south of 108S and a fair approximation
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for the Arabian Sea, defined here as the strip from the
equator to India, with the eastern edge parallel to the
African coast. The model was used to examine the effect
of a modest Indonesian throughflow on the circulation
and surface heat flux; the dominance of latent heating
over the other components in the region means that
difference in net surface heat flux can be considered as
being due to differences in latent heating. The throughflow affects latent heating over the Indian Ocean either
by warming the ocean (cf. Godfrey and Weaver 1991)
or by changing the ocean circulation and, thus, meridional transport divergence. Both mechanisms were
found to occur. An increase in strength of the throughflow and thus the meridional temperature gradient across
the Indian Ocean around 108S led to a suppression of
the southward meridional transport from the Arabian
Sea into the southern tropical Indian Ocean during boreal summer. The three months taken by the signal from
changes in the throughflow at 108S to reach 308S also
affected the divergence field.
It was found that a modest change of 4 Sv in the
mean throughflow resulted in mean surface heat flux
differences of up to 10 W m22 in the region to the
northeast of Madagascar and in a broad band near the
west Australian coast. At the southwest corner of Australia, differences exceed 20 W m22 . The size of these
differences was surprising for such a small change in
throughflow, which latest measurements from the
‘‘ARLINDO’’ program (Gordon et al. 1999) suggest
may be only half the difference found between El Niño
and La Niña years. Hirst and Godfrey (1993) found
differences of similar magnitude in models where the
mean throughflow differed by 17 Sv. The model presented here is much less diffusive than Hirst and Godfrey’s, so the throughflow remains more surface-trapped,
and more of its mass flux penetrates the interior of the
Indian Ocean as a zonal jet. The difference in seasonal
variability between the two models in section 4 also
provided notable differences in surface heat flux to the
east of Madagascar up to 20 W m22 , along western
Australia coast up to 30 W m22 , and over the Somali
Jet up to 20 W m22 for seasonal variations in throughflow of less than 2 Sv peak-to-peak. In the context of
monsoon rainfall variability and the throughflow’s influence, Fig. 19b summarizes nicely the reason for speculation. It shows the total difference in net surface heat
flux averaged over the summer monsoon season. The
differences averaging 10 W m22 occur along the length
of the monsoon streamtube. However, this is where accumulation becomes important, because the implied
changes in evaporation rate are due to changes in air–
sea specific humidity difference, and so changes upstream may affect the evaporation rate downstream. Figure 19b also provides speculation for the throughflow’s
role in the more conventional view of monsoon variability. The regions of significant surface heat flux
changes include those known to influence the atmo-

spheric circulation in the types of scenario reviewed in
Webster et al. (1998).
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APPENDIX
Supplementary Formulas
The water vapor (e a ) and specific humidity at the
ocean surface (q s ) in the bulk aerodynamic formulas
(3.2) are related to SST (Ts ) by the expressions
ea 5
log10 es 5
qs 5

qa p
,
e 1 (1 2 e)qa
0.7859 1 0.03477(Ts 2 273.15)
, and
1 1 0.00412(Ts 2 273.15)

ees
.
p

(A1)

These formulas and (3.2) are given in Gill (1982), where
e 5 0.621 97 is the ratio of molecular weights of water
to air, C h 5 0.83 3 1023 is the Stanton number assuming
stable conditions, C d 5 1.5 3 1023 is the Dalton number,
r a 5 1.2 kg m23 , s 5 5.7 3 1028 W m22 K24 , L y 5
2.5 3 10 6 J kg21 is the latent heat of vaporization of
water, and p 5 1000 mb is the pressure at standard
height. Also used in (3.1) and (3.2) are the specific heat
capacity of water, C p 5 4217.4 J kg21 K21 , and the
specific heat capacity of dry air, Cpa 5 1004.0 J kg21
K21 .
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