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ABSTRACT
An examination is made of stratospheric climate, circulation, and variability in configurations of the Hadley
Centre Global Environmental Model version 2 (HadGEM2) differing only in stratospheric resolution and the
placement of the model lid. This is made in the context of historical reconstructions of twentieth-century
climate. A reduction in the westerly bias in the Northern Hemisphere polar night jet is found in the high-top
model. The authors also find significant differences in the expression of tropical stratospheric variability,
finding improvements in the high-top model for the presence of the quasi-biennial oscillation, for tropical
upwelling consistent with interim European Centre for Medium-Range Weather Forecasts (ECMWF) ReAnalysis (ERA-Interim) data, and for interannual changes in stratospheric water vapor concentration
comparable to satellite observations. Further differences are seen at high latitudes during winter in the frequency of occurrence of sudden stratospheric warmings (SSWs). The occurrence rate of SSWs in the high-top
simulations, (7.2 6 0.5) decade21, is statistically consistent with observations, (6.0 6 1.0) decade21, whereas
they are one-third as frequent in the low-top simulations, (2.5 6 0.5) decade21. Furthermore, the structure of
the timing of winter final warmings is only captured in the high-top model. A similar characterization for the
time evolution of the width of the tropical upper troposphere is found between model configurations. It is
concluded that an adequate representation of the stratosphere is required to capture the important modes of
tropical and extratropical stratospheric variability in models.

1. Introduction
Reconstructions of past climate are not only necessary
for validating key processes in models, they are also important in the understanding of how key processes may be
affected by future climate change. In particular, model
reconstructions of past climate are valuable for examining
those parts of the climate system poorly sampled by observations, one example being stratospheric climate and
variability prior to global satellite observations and their
subsequent assimilation into reanalyses such as the 40-yr
European Centre for Medium-Range Weather Forecasts
(ECMWF) Re-Analysis (ERA-40; Uppala et al. 2005).
The inclusion of a well-resolved stratosphere in global
climate models is thought to be important for an adequate
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representation of troposphere–stratosphere covariability and for improvements in the skill of short-term–
seasonal weather prediction (Maycock et al. 2011; Shaw
and Shepherd 2008; Baldwin et al. 2003; Baldwin and
Dunkerton 2001). Furthermore, idealized modeling studies have identified a sensitivity of the large-scale tropospheric circulation to imposed changes to the state
and variability of the stratosphere (Woollings et al. 2010b;
Ineson and Scaife 2009; Bell et al. 2009; Scaife et al. 2005;
Norton 2003). But how well resolved does the stratosphere need to be to better capture the variability relevant to weather regimes in the troposphere? Or how well
resolved does the stratosphere need to be to better capture the observed stratospheric climate and variability?
Recent modeling studies have sought to address the
first question and have found a sensitivity of the tropospheric circulation to specification of orographic gravity
wave drag (Sigmond et al. 2008), unphysical effects
following wave reflection near the model lid in low-top
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FIG. 1. Distribution of model level and thickness within the lowtop and high-top configurations of HadGEM2-CC. The numbers
denote the placement of model levels. Note the common placement of levels below ;16 km.

models (Sassi et al. 2010), and changes in tropospheric
circulation, including significant warming of the nearsurface Arctic, following a realistic prescription of
stratospheric ozone and tropical variability in a low-top
model (Dall’Amico et al. 2010). Other studies provide
varying support of stratospheric impacts on tropospheric
variability, notably concerning future projections of the
mean position of the North Atlantic storm track (Scaife
et al. 2012) and tropospheric blocking (Woollings et al.
2010a; Martius et al. 2009; Taguchi 2008; Quiroz 1986).
We seek to partially address the second question, using
two configurations of the Hadley Centre Global Environmental Model version 2 (HadGEM2), differing only
in the placement of the model lid and vertical resolution
above 16 km. Examination of other factors thought
important to stratospheric climate and variability, such
as prescriptions of atmospheric composition, chemistry,
and parameterizations (e.g., gravity waves), are outside
the scope of this paper. This present study is set in the
context of a historical reconstruction of twentieth-century
climate.
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In this study, the low-top configuration not only employs the same forcings as those used in the high top, the
included physics packages and their respective settings
are the same. Physical parameterizations relevant to the
stratosphere include the parameterized effects of orographic gravity waves together with a treatment of the
propagation and dissipation of a prescribed broad spectrum of gravity waves (Scaife et al. 2002). Other notable
parameterizations include the production of stratospheric water vapor from methane oxidation (Simmons
et al. 1999) and longwave radiative transfer in the upper
stratosphere and mesosphere (Zhong and Haigh 2000).
No allowance is made for systematic differences in
downwelling radiance between the low-top and high-top
models near the uppermost level of the low-top model.
Further details of other included physics packages are
outlined in Martin et al. (2011).
As described in Hardiman et al. (2012), ensembles of
historical simulations are compiled for low top and high
top: one member over the extended period of 1860–2006
and two further covering the recent past (1960–2005).
Initial condition data for the extended runs are compiled
from centuries-long control integrations with stationary
external forcings. Time-varying forcings are as outlined
for the Coupled Model Intercomparison Project Phase 5
(CMIP5; http://cmip-pcmdi.llnl.gov/cmip5), the details of
which are described in Jones et al. (2011). For this study we
use a modified version of the Stratospheric Processes and
their Role in Climate (SPARC) ozone dataset described
by Cionni et al. (2011). The modifications include a vertical
extrapolation of the ozone data above 1 hPa to coincide
with the upper levels in the high-top configuration and the
representation of a solar cycle at high latitudes.
Specifically, the SPARC ozone number density time
series, originally based on a multiple linear regression
analysis, was separated into time-dependent components identified with solar forcing (Osol
3 ), equivalent effective stratospheric chlorine (OCl
3 ), a seasonal cycle
res
(Oseas
3 ), and a residual term (O3 ):
Cl
seas
1 Ores
O3 (t) 5 aOsol
3 1 bO3 1 O3
3 .

2. Methods
For this study we compare the performance of two
model configurations of the Met Office global climate
model running with an interactive carbon cycle (CC). We
refer to the version with 38 vertical levels and a height of
the model lid at 39 km as the low top (HadGEM2-CC),
while the more stratosphere-resolving high-top configuration (HadGEM2-CCS) has a total of 60 levels in the
vertical and a model lid at 84 km (Fig. 1). Both models
are part of the family of Met Office model configurations
known collectively as HadGEM2 (Martin et al. 2011).

(1)

The last two terms (which also represent climatology)
are extrapolated above 1 hPa according to
O3 (z) 5 O3 (z1 ) exp[(z1 2 z)/H],

(2)

where z1 is the highest level in the original SPARC dataset
and H represents a scale height of 7 km. The coefficients
for solar forcing a and equivalent effective stratospheric
chlorine b are strongly reduced in height (scale height of
3.5 km) to reduce the presence of unobserved stratospheric trends and variability in the mesospheric ozone,
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against ERA-40 and ERA-Interim data (Uppala et al.
2005; Dee et al. 2011), and significance testing is done
using the Student’s t test.

3. Results
a. Climatology and time series

FIG. 2. Global annual mean (a) 1.5-m and (b) 50-hPa temperature anomalies (K) for the 1860–2005 low-top and high-top historical simulations, HadCRUT3 observations, and ERA-40. A 5-yr
smoothing is shown in bold and anomalies are with respect to the
1961–90 mean.

which would arise from the extrapolation of ozone
above 1 hPa. A cosine-latitude extrapolation of the solar term is made over high latitudes to better account for
an unrealistic lack of solar variability in the original
SPARC dataset.
The remainder of the paper is laid out as follows: we
assess the near-surface temperature trends and variability in low-top and high-top ensembles before examining the mean climate of the stratosphere. We showcase
tropical stratospheric variability using examples of the
quasi-biennial oscillation (QBO), upwelling, the tropical
tape recorder in water vapor (TTR), and the width in
latitude of the tropical upper troposphere. We then select
the age of air, the frequency of SSWs, and finally the
timing of final warmings as being the key features of
variability in the extratropical stratosphere. Unless otherwise stated, we use ensemble averages and compare

Figure 2 shows changes in global annual mean nearsurface temperature anomalies over the historical period, 1860–2006. The reference period used is 1961–90 as
recommended by Solomon et al. (2007). The range in
surface temperature shown in both low-top and high-top
models is around 0.8 K, which compares to approximately 1.0 K as seen in the HadCRUT3 observations
(Brohan et al. 2006; Jones et al. 1999; Rayner et al. 2006,
2003). Both model configurations show an increase in
global surface temperature from 1970 onward and the
same rate of warming (0.25 6 0.10) K decade21. Prior to
this period, considerable decadal variability is evident
and is comparable in magnitude to recent changes observed post-1970 and predicted from other studies (Cox
et al. 2000). A decrease in global surface temperature
during the period 1940–70 is reproduced in both lowand high-top model simulations. A similar, though
larger, decrease in the positive temperature trends is
seen in the HadCRUT3 observations and has been described elsewhere (Jones and Moberg 2003; Brohan
et al. 2006; Jones et al. 1999). This is consistent with
aerosol-induced negative radiative forcing cited in previous studies (Mitchell et al. 1995; Roeckner et al. 1999;
Stott et al. 2000).
Global annual mean 50-hPa temperature anomalies
for the low-top and high-top simulations over the historical period are shown in Fig. 2b. Once more, the
reference period is defined as the 1961–90 average. The
effects following changes in ozone concentrations are
clearly seen post-1960. The trend is for decreasing global
temperatures and is a consequence of reduced shortwave
heating from decreasing ozone concentrations (D. Mitchell
2012, personal communication). The response following
past volcanic eruptions is also apparent as periods of brief
yet strong changes in global stratospheric temperature. The
downward trend in global 50-hPa temperature levels off
after 1995. This result has been extensively reported in
other studies [see Seidel et al. (2011) for a review]. In the
low-top and high-top ensembles, this is attributed to
stratospheric ozone and aerosol effects (D. Mitchell
2012, personal communication).
Figure 3 shows latitude–height sections of zonal mean
temperature during December–February (DJF) and
June–August (JJA) for the low-top and high-top ensembles. The DJF comparisons cover the period 1958–2006
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FIG. 3. Height-latitude temperature anomalies (K) for the (a),(b) low-top and (c),(d) high-top ensembles during
(a),(c) DJF and (b),(d) JJA, respectively. DJF anomalies are with respect to ERA-40 from 1958 to 2002 and ERAInterim from 2002 onward, while the period for comparison for JJA is chosen to be 1979–2006. Overlaid (line
contours) are ensemble-mean values and unshaded regions denote significant differences at the 95% level.

to coincide with coverage from ERA-40 and ERA-Interim.
Both low-top and high-top ensembles exhibit weak cold
biases in the troposphere and warm biases in the stratosphere, compared to the reanalyses. Furthermore, the
tropical tropopause is warmer in both models and geometrically lower in the high top (not shown), compared
to reanalyses. In DJF, differences between the simulations can be seen at northern high latitudes in the
stratosphere, where the cold bias in the low-top simulation (210 K) is replaced with a weak warm bias in the
high-top simulation (2–4 K). This is consistent with increased planetary wave driving in the high-top simulation
(not shown).
The period for comparison for JJA is chosen to be
1979–2006 to reflect better observational data coverage
over the Southern Hemisphere at these times. Zonal
mean temperatures during JJA exhibit similar biases
with respect to the reanalyses. The warm bias, as compared with the reanalyses, in tropical tropopause temperature is reduced compared with DJF, though it peaks
at lower pressure. Considerable differences are found
between the low- and high-top simulations throughout

the southern high-latitude stratosphere. Weak cold
biases in the low-top simulations are replaced by strong
warm biases in the high-top ones. Peak biases in the low
stratosphere are around 4–6 K, which would be relevant
in modeling ozone chemistry. Above 10 hPa, differences
in the height of the southern polar stratopause between
the high-top simulations and the reananlyses show up as
a strong dipole feature. Reanalysis temperatures at
these altitudes are less reliable than elsewhere because
of the paucity of observations being assimilated, so these
differences are less likely to be significant.
Seasonal distributions for zonal mean zonal wind can
be seen in Fig. 4. A comparison of stratospheric wind
during DJF shows a reduction in bias from the low- to
high-top model at midlatitudes. This is directly linked to
changes in the sign and pattern of temperature bias
between the low- and high-top models, as evidenced in
Fig. 3. This amounts to a reduction in strength of the
northern polar night jet in the high-top model of around
10 m s21 at 10 hPa. Another key difference between
low-top and high-top models includes strong features in
the tropical stratosphere. Weak negative biases occur
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FIG. 4. Same as Fig. 3, but for zonal mean zonal wind anomalies (m s21).

throughout the tropical stratosphere in the low-top model
and relate to a climatological background of easterly
winds. These peak in the tropical lower stratosphere,
and are consistent with the absence of a quasi-biennial
oscillation. This represents a clear improvement in the
high-top ensemble.
Further wind biases include strong tropical easterlies
near the stratopause (1 hPa), a feature not only linked
with previous configurations of the Met Office high-top
model (Hardiman et al. 2010; Osprey et al. 2010), but
also a number of chemistry climate models (Butchart
et al. 2011). This bias has been linked with a weak annual
cycle and too strong semiannual oscillation (SAO).
Finally, both low-top and high-top ensembles display
similar climatological features in the troposphere. Furthermore, both ensemble sets show good agreement
with ERA-40 and ERA-Interim, with only minor significant differences (65 m s21; 5%). A more complete
analysis of tropospheric climate and variability in the lowtop and high-top ensembles can be found in Hardiman
et al. (2012).

b. Tropical variability
The time series of tropical zonal mean zonal wind is
seen in Fig. 5. It is clearly apparent that a QBO is present

in the high-top historical simulation and absent in the
low-top simulations. Climatological easterly winds and
the vestige of an SAO (likely associated with the advection of summertime easterlies) replaces the QBO in
the low-top times series of zonal wind in the stratosphere.
The period of the QBO in the high-top simulations
(27.6 months) shows very good agreement with the reanalyses (28.3 months), over the period 1960–2006. The
strength of the westerly phase in the high-top time series
shows a positive bias over the reanalyses at 10 hPa,
though in the lowermost stratosphere the agreement is
good. The strength of the easterly phase shows greater
agreement with reanalyses and is discernible in the
lowermost stratosphere. The easterly phase also shows
occasional signs of stalling between 30 and 50 hPa, behavior thought to be linked with synchronization with the
annual cycle, although this occurs less frequently than
in ERA-40 (Baldwin et al. 2001; Gray and Dunkerton
1990; Wang et al. 1995).
Upwelling occurs within the tropical stratosphere
because of wave-driving processes throughout the year,
especially Rossby waves during winter. This mechanism
constitutes the Brewer–Dobson circulation, which is
important for the transport of heat and trace species,
such as ozone, from low to high latitudes (Brewer 1949;
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FIG. 6. Residual mean vertical velocity (mm s21) diagnosed
at 70 hPa from the high-top and low-top ensembles and ERAInterim. Note the reduced upwelling in the high-top model and
ERA-Interim data at the equator.

FIG. 5. Zonal mean zonal wind (m s21) between 108S and 108N
from the (a) ERA-40 and ERA-Interim datasets, and representative (b) high-top and (c) low-top runs.

Holton et al. 1995). Two metrics quantifying the action
of waves on the resolved circulation are encapsulated by
meridional (y*) and vertical (w*) components of the
transformed Eulerian mean (TEM) circulation, the latter being expressed as
1
w* [ w 2
a cosf

cosfy 0 u0
uz

!
,

(3)

f

where terms are defined as in Andrews et al. (1987).
Figure 6 shows the TEM vertical velocity at 70 hPa as
a function of latitude. The reanalyses, low-top, and hightop simulations lend support to the canonical stratospheric transport of upwelling in the tropics and
downwelling at high latitudes, conserving mass. The
low-top w* shows positive bias at low latitudes, which is

consistent with an absence of QBO-induced circulations
in the low-top simulations. The QBO would impact the
propagation of large-scale Rossby waves into the stratosphere and high latitudes from lower in the troposphere.
The presence of two maxima in the ERA-Interim data
is not found in the ERA-40 dataset (P. Berrisford 2012,
personal communication). This may suggest that the
transport and radiative impact of ozone is better captured
in the updated reanalyses dataset. At higher latitudes,
the low-top model shows a negative bias, while the hightop model compares more favorably with reanalyses.
Differences in the tropical stratospheric circulation
between high top and low top is further diagnosed using
the changing concentration of water vapor. This is understood to be influenced by the temperature of the
tropical tropopause, the strength of the Brewer–Dobson
circulation, and irreversible horizontal mixing with higher
latitudes. Collectively, this phenomenon is known to be
related to the tropical tape recorder (TTR) in water
vapor, evident near the tropical tropopause (Mote et al.
1996). Figure 7 shows the zonal mean, monthly mean
water vapor volume-mixing ratio averaged over 208S–
208N for high-top and low-top simulations, and the Halogen Occultation Experiment instrument (HALOE)
onboard the Upper Atmosphere Research Satellite (UARS)
(Rosenlof and Reid 2008; Russell et al. 1993). One
feature common to high-top and low-top simulations is
the NH winter timing of minimum concentrations above
the tropical tropopause. This is thought to be linked with
the north–south asymmetry in the strength of the
Brewer–Dobson circulation—stronger upwelling during
NH winter is thought to be driven by breaking Rossby
waves at midlatitudes. One other conspicuous feature of
the TTR is the propagation of anomalies upward. The
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rate of ascent of these anomalies is a direct consequence
of mean upwelling due to the Brewer–Dobson circulation. Comparisons of the ascent rate of stratospheric
water vapor between low-top and high-top simulations
show differences consistent with those diagnosed from
w* (Fig. 6): stronger upwelling in the low-top simulations corresponds to a more rapid ascent rate of water
vapor. Tropopause water vapor anomalies in the lowtop simulations reach 32 km (10 hPa) within 12 months
and would appear to be phase-locked with the annual
cycle. No such phase-locking with the annual cycle is
seen in the high-top simulations. The ascent rate of the
latter is more consistent with HALOE data. The low-top
TTR signal is consistent with the proximity of the uppermost model level (adjacent to the level near 32 km),
giving rise to nonphysical meridional circulation, as
vertical velocities are constrained to be identically zero
there. A second difference between the low-top and
high-top ensemble is the higher mean concentration
seen above the cold-point tropopause in the low-top
model. Once more, this is likely linked with increased
horizontal mixing associated with a strengthened
Brewer–Dobson circulation, mixing higher water vapor
concentrations from the extratropics. The differences
seen in the mean concentrations between the low-top
and high-top simulations are less likely a response to
differences in the temperature of the cold-point tropopause, as is evidenced by the relative temperatures and
specific humidity at 100 hPa in Fig. 8. This shows little
significant (5%) difference between low-top and hightop models during those times of year when water vapor
near the tropopause is at a maximum or minimum.
Figure 9 shows the trend in the width in latitude of the
tropical upper troposphere, following Seidel et al.
(2008). This widening will be associated with a poleward
shift of the midlatitude jet streams and thus expansion of
the Hadley circulation (Hu and Fu 2007). Around a 28
widening in 25 yr is seen in both models, in agreement
with observations as shown by the trend lines. Such good
agreement is seen in only 3% of the climate models
analyzed by Seidel et al. (2008). The low values seen in
1982/83 and 1991/92 are likely due to diabatic heating
effects from the eruptions of El Chichón and Pinatubo.
Thus the time series for high- and low-top models are
well correlated.

c. Extratropical variability
FIG. 7. Monthly mean water vapor volume mixing ratio (ppmv)
in the (a) high-top and (b) low-top simulations, and (c) HALOE
data between 100 and 10 hPa and 208S and 208N.

The stratospheric age of air is defined as the time since
that air was last in contact with the troposphere. It gives
a good indication of transport throughout the stratosphere, important for the distribution of chemical species
and for the thermal structure of the stratosphere. From
Fig. 10 it can be seen that the age of air in the high-top
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FIG. 9. Width of tropics, measured as width of latitudes (degrees)
where cold-point tropopause is above 15 km for more than 100
days in the year, for ERA-Interim, high-top, and low-top models.
Trend lines are also added.

FIG. 8. Climatological zonal mean monthly mean (a) temperature (K) and (b) water vapor volume mixing ratio (ppmv) at
100 hPa and averaged between 208S and 208N. Symbols denote
differences significant at the 95% level. Tick intervals denote
month.

model is in reasonable agreement with the limited observations, but that the age of air in the low-top model is
far too young (Martin et al. 2011). Likely reasons for the
young age in the low-top model are too much tropical
upwelling, driven by too much planetary wave breaking
there (not shown), and possibly incorrect climatological
stratospheric jet strengths driving a Brewer–Dobson circulation that is too deep, bringing young air to higher
altitudes (E. Gerber 2012, personal communication).
Thus, in the case of the Met Office Unified Model, a wellresolved stratosphere is necessary to correctly simulate
stratospheric transport.
Around springtime, the stratospheric polar vortex
undergoes a ‘‘final warming,’’ defined here as the final
time over the extended winter period that zonal mean
zonal wind at 608 and 10 hPa becomes easterly. The final
warming in the Southern Hemisphere occurs first in the
mesosphere and propagates down through the stratosphere. However, the final warming in the Northern
Hemisphere occurs first in the midstratosphere (Hardiman
et al. 2010). The interannual variability in the profile of
the final warming has implications for surface climate

(Hardiman et al. 2011) and thus it is of interest that the
model can correctly simulate this profile. Figure 11
shows the final warming date for high- and low-top
models and ERA-Interim. Apart from the climatological final warming occurring a few days too early, the
high-top model simulates the structure and variability of
the final warming very accurately. The warming occurs
first in the midstratosphere, and latest at around 1 hPa,
with scaled interannual standard error of around 20 days,
as seen in the reanalyses. In contrast, the low-top model
does not extend high enough—with the top boundary at
3 hPa—to capture this profile, and the scaled interannual
standard error of the warming date is too small. Thus,
a high-top model is required to simulate this aspect of
extratropical variability.
When considering the effects of vertical resolution on
stratospheric climate and variability, of immediate relevance are changes in the occurrence frequency of sudden stratospheric warmings. These represent one aspect
of the spectrum of variability relevant to the Brewer–
Dobson circulation. Figure 12 shows the occurrence of
SSWs as a function of month during the historical period
for ERA-40, the low-top, and the high-top simulations.
The criteria for the identification and statistical analysis
of these events are detailed in Charlton and Polvani
(2007). The frequency of SSWs over the period 1960–
2002 for ERA-40 is (6.0 6 1.0) decade21. For the hightop ensemble during this period, the frequency is greater
at (7.2 6 0.5) decade21. Furthermore, there is a systematic bias in SSWs occurring in late winter (February–
March), with a frequency double that in ERA-40. For the
low-top ensemble, the bias is low, with there being a frequency of (2.5 6 0.5) decade21. There is a similar trend in
late winter SSWs (February–March), but with reduced
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FIG. 10. Stratospheric age of air. (top left) High-top model, (top right) low-top model, and (bottom) tropical
observations from Andrews et al. (2001) and subtropical observations from Engel et al. (2009).

values compared to that seen in ERA-40. In comparison
with the 16 high-top chemistry climate models described
in Butchart et al. (2011), the high-top model in this study
just falls within the 95% confidence level compared with
ERA-40. The low-top model does not.

4. Discussion and conclusions
In this study we compare the stratospheric variability
diagnosed in low-top and high-top configurations of the
Met Office global climate model (HadGEM2) under

FIG. 11. (left) NH and (right) SH climatological mean final warming time, defined for each extended winter period
as the final transition from westerly to easterly zonal mean flow at 608N (S) and then averaged over 1960–2005 for
high-top and low-top ensembles and 1989–2009 for ERA-Interim. Solid line shows final warming time for ERAInterim, with shading showing the interannual standard deviation in warming time, scaled to represent a 95%
confidence interval. Dashed/dotted black lines show final warming time for high/low-top model, with blue lines
showing the scaled interannual standard deviation.
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FIG. 12. NH wintertime frequency of SSW (events per year) between the (a) high-top ensemble, (b) low-top
ensemble, and ERA-40.

historical forcing conditions prescribed for CMIP5. Our
emphasis is on variability relating to the tropical stratosphere and extreme events occurring in the NH winter,
so we restrict our conclusions to those.
The relative rates of recent surface warming are equally
reproduced in low-top and high-top models. These
amount to a warming post-1960 of about 0.8 K, which
is consistent with HadCRUT reconstructions of global
temperature (1.0 K). A notable difference between the
models and observations is a lack of a secular trend in
global temperature pre-1960, although sizeable decadal
variability is apparent in the model. In the stratosphere,
global cooling is evident in the latter part of the twentieth
century, in agreement with ERA-40. Although the timing
of volcanic eruptions is prescribed, only the magnitude of
their effects in the postsatellite era (El Chichón, Pinatubo) agrees well with ERA-40. This perhaps suggests
a limited usefulness of reanalyses in studying the stratospheric impact of past volcanic eruptions.
The low-top and high-top configurations of HadGEM2
show weak negative biases in the troposphere northward
of 608S during DJF and at low–midlatitudes during JJA.
Wintertime cold biases in the extratropical stratosphere
in the low-top ensemble have been largely alleviated in
the high-top ensemble. This is less likely due to small-scale
gravity wave forcing than due to circulation changes
following the dissipation of Rossby waves. These circulation changes are also seen in zonal mean zonal wind
and show up as a weakened polar night jet and are more
consistent with ERA-40 and ERA-Interim during NH
winter. A negative bias in zonal mean zonal wind about the
tropical stratopause, which has been linked with a weak
annual cycle, is also present in the high-top ensemble.
Significant differences are seen in tropical variability
between low-top and high-top ensembles and a combination of ERA-40, ERA-Interim, and HALOE observations. The main anomaly is the lack of a QBO in the
low-top ensemble, but that is present in the high-top

ensemble. Associated with this are differences in mean
tropical upwelling, diagnosed by the vertical component
of the TEM residual mean circulation. The tropical
upwelling in the low-top ensemble is around twice the
strength as compared with the high-top ensemble and
ERA-Interim (though not ERA-40). These differences
are also seen in the rate of ascent of the TTR, which implies a 50% stronger upwelling in the low-top ensemble.
The relative rate of horizontal mixing as diagnosed from
calculations for the age of air is also greater in the lowtop ensemble. This is inferred from a reduced horizontal
gradient in age of air in the extratropical stratosphere of
the low-top ensemble. In the high-top ensemble, the
magnitude, vertical, and horizontal gradients of this are
more consistent with what little observations there are at
this time. Finally, a sensitivity of the width of the tropics
to volcanic eruptions is reproduced in both configurations of HadGEM2, consistent with ERA-40. There do
not appear to be any statistically discernible trends in
the latter half of the twentieth century.
The variability of the wintertime extratropical vortex
is mediated by the presence and dissipation of Rossby
waves. The dissipation of these waves can result in extended periods when the stratospheric jet is weak,
bringing forward the timing of the final warming. The
vertical profile of final warming times is qualitatively
different between SH and NH. The SH shows a cessation
of winter westerlies starting in the upper atmosphere.
The NH timings show the cessation of wintertime
westerlies starting around 7 hPa and a delay near 1 hPa.
This latter feature, by construction, is absent in the lowtop ensemble. Furthermore, the rates and seasonality of
SSWs are very different between low-top and high-top
ensembles. Although the model shows a consistent bias
toward late winter SSWs, the relative rates are much
reduced in the low-top ensemble.
We have shown large differences between the two model
configurations, which suggests that adequate representation
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of stratospheric variability requires explicit resolution of
the stratosphere. Although large and significant differences are seen in stratospheric climatology, variability,
and circulation, it is not immediately obvious what impact
greater vertical resolution has on reproducing global
changes in temperature and perhaps consequently, climate sensitivity. Future work will necessarily require
a closer examination of stratospheric variability and its
possible feedback on changing tropospheric climate into
the twenty-first century.
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