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ABSTRACT
This study explores the dependence of the climate response on the altitude of black carbon in the northern
subtropics by employing an atmospheric general circulation model coupled to an aquaplanet mixed layer
ocean, with a focus on the pattern changes in the temperature, hydrological cycle, and large-scale circulation.
Black carbon added below or within the subtropical low-level clouds tends to suppress convection, which
reduces the low cloud amount, resulting in a positive cloud radiative forcing. The warmer northern subtropics
then induce a northward shift of the intertropical convergence zone (ITCZ) and a poleward expansion of the
descending branch of the northern Hadley cell. As the black carbon–induced local warming is amplified by
clouds and is advected by the anomalous Hadley circulation, the entire globe gets warmer. In contrast, black
carbon added near the surface increases the buoyancy of air parcels to enhance convection, leading to an
increase in the subtropical low cloud amount and a negative cloud radiative forcing. The temperature increase
remains local to where black carbon is added and elsewhere decreases, so that the ITCZ is shifted southward
and the descending branch of the northern Hadley cell contracts equatorward. Consistent with previous
studies, the authors demonstrate that the climate response to black carbon is highly sensitive to the vertical
distribution of black carbon relative to clouds; hence, models have to accurately compute the vertical
transport of black carbon to enhance their skill in simulating the climatic effects of black carbon.

1. Introduction
Black carbon (BC) is a typical absorbing aerosol in
that it directly absorbs shortwave radiation, exerting a
net positive radiative forcing at the top of the atmosphere (Hansen et al. 2005). Hence, BC is generally
considered a strong contributor to global warming together with greenhouse gases (Ramanathan and
Carmichael 2008). However, BC is differentiated from
greenhouse gases that absorb and emit longwave radiation as it simultaneously warms the atmosphere and
cools the surface by attenuating the amount of solar
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radiation reaching the surface. Thus, BC can effectively
alter the atmospheric static stability and influence circulation as well as the formation and distribution of
clouds and the hydrological cycle (Ramanathan et al.
2001; Johnson et al. 2004; Ming et al. 2010; Wang 2013).
This aerosol–cloud feedback without any cloud microphysical processes is called the semidirect effect,
apart from the direct effect that refers to the mechanism by which the aerosols absorb or reflect incoming
solar radiation.
A number of previous studies have demonstrated
that the climatic impacts of BC depend on the altitude
of BC by performing general circulation model (GCM)
experiments with a globally uniform increase in BC at
different vertical levels (e.g., Cook and Highwood
2004; Hansen et al. 2005; Persad et al. 2012; Ban-Weiss
et al. 2012). For example, it is generally thought that
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additional BC suppresses the hydrological cycle because
of stronger atmospheric heating, but BC near the surface is shown to decrease the vertical stability and acts to
increase precipitation (Ming et al. 2010; Ban-Weiss et al.
2012). Moreover, whether BC increases or decreases
cloud cover is shown to depend on the altitude of BC
relative to the cloud and the cloud type (Koch and Del
Genio 2010; Sakaeda et al. 2011). Large-eddy simulations also show that the vertical distribution of BC is
crucial to determining the response of low cloud amount
(Johnson et al. 2004; Feingold et al. 2005). This contrasting effect of BC on clouds results in a large sensitivity in the degree of surface warming as the altitude of
additional BC is varied (Ban-Weiss et al. 2012). Because
the vertical profile of BC in the atmosphere is generally
poorly known and because of the uncertainty in the
parameterized cloud field, the estimate of the semidirect
effect is highly uncertain (Bond et al. 2013).
To examine the climate response to the altitude of BC,
previous studies mostly performed experiments in which
the model climate is perturbed by injecting a globally
uniform layer of BC at different levels. There is, however, substantial geographical inhomogeneity in the
global distribution of BC emissions with a peak in African savannah, India, and southern China (Bond et al.
2004). The future emission scenarios project similar regional variability (see Fig. 2.13 in UNEP/WMO 2011).
Hence, in this study, we investigate the sensitivity of
global climate response to the altitude of BC in the
subtropical subsidence region in the Northern Hemisphere. To help elucidate fundamental mechanisms, an
idealized experimental setup is utilized in which an atmospheric GCM coupled to aquaplanet mixed layer
ocean is employed. Other previous studies tend to focus
on the global-mean changes, but here we are particularly
interested in the changes in temperature patterns, hydrological cycle, and large-scale circulation.

2. Methodology
We employ the atmospheric GCM, Atmosphere
Model version 2.1 (AM2.1), developed at the Geophysical Fluid Dynamics Laboratory (GFDL) that is
coupled to a 2.4-m aquaplanet mixed layer ocean to allow sea surface temperatures (SSTs) to freely evolve
(Anderson et al. 2004). The model has a horizontal
resolution of 28 latitude 3 2.58 longitude with 24 vertical
levels. Insolation is prescribed to the annual-mean profile. The control climate with no aerosol is perturbed by
inserting 200 Gg of BC in the northern subtropics at a
specific s layer (Fig. 1). Since observed BC concentrations are primarily located in the lower troposphere
rather than at high altitudes and are concentrated in the
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FIG. 1. (a) The zonal-mean cloud fraction in the control experiment (shading) and the location of prescribed BC in BC770 (cyan),
BC870 (green), BC950 (red), and BC980 (blue). (b) The column integrated concentration (1026 kg m22) of prescribed BC in all cases.

northern subtropics (Ramanathan et al. 2007), we place
the BC burden below 700 hPa, with a Gaussian distribution in latitude centered at 208N. Since the relative
altitude of BC to clouds is reported to be critical for
determining the climate response (Koch and Del Genio
2010), the same BC burden is added at four different
layers: near the surface (980 hPa) and below (950 hPa),
within (870 hPa), and above (770 hPa) the climatological mean subtropical low clouds in the control climate
(Fig. 1a). Each experiment is indexed by the pressure
level at which the maximum BC concentration occurs.
In a realistic case, BC is not confined to a single layer,
so we also performed experiments where BC is prescribed at two adjacent s layers. The result is close to
the linear summation of the response of two experiments where BC is prescribed at a single layer (not
shown). The model includes direct and semidirect
aerosol effects but excludes indirect effects (aerosol–
cloud microphysics coupling). Optical properties for
BC are based on satellite observation of Haywood
et al. (1999).
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FIG. 2. Solid lines indicate the ensemble-mean of zonal-mean change in (a) SST (K) and (b) precipitation (mm day21) in BC770 (cyan),
BC870 (green), BC950 (red), and BC980 (blue). Shading represents plus or minus one standard deviation of six ensemble members.

The control experiment is run for 60 years and the first
2 years are discarded as spinup. Each BC added experiment consists of six ensemble members where the BC
burden is abruptly added at a different day after the
spinup period of the control experiment. Each member
is run for 10 years and the last 8-yr average is used for the
analysis. Results presented are based on the ensemble
mean. The difference between the BC added and the
control experiments will be denoted with d.
To help interpret the cloud response in the mixed
layer experiments, the same experiments are performed
in which cloud radiative feedback is suppressed. A 1-yr
time series of 3-hourly cloud water mixing ratio, cloud
ice mixing ratio, and fractional cloud from the control
experiment are inserted into both the control and the
perturbed BC experiments. More details on fixed cloud
experiments can be found in Kang et al. (2008). The
fixed cloud experiments will be denoted with the
‘‘fixcld’’ subscript. Furthermore, to understand the fast
response and separate out the SST-induced response,
the same experiments are performed with the SSTs
specified to the control climatology. The fixed SST experiments will be denoted with the ‘‘fixsst’’ subscript.
Results presented for the experiments with fixed cloud
or SST are averages of the last 18 years of the 20-yr runs.

3. Results
Figure 2 shows the zonal-mean changes in SST
(Fig. 2a) and precipitation (Fig. 2b) as BC is added at
different layers in the northern subtropics. Although the
solar absorption by BC warms the level at which BC is
added (refer to Fig. 6), the surface temperature response
depends greatly on the vertical position of BC. In the
northern tropics, the largest surface warming occurs in

case BC950, with a weaker warming in BC870. In the
other two cases, the surface is significantly cooled. Despite one model layer difference in the vertical level of
prescribed BC, BC950 and BC980 exhibit the largest
contrast, with responses opposite in sign. In all cases, the
change in the global-mean precipitation is negligible but
the pattern of tropical precipitation exhibits a substantial change with a clear latitudinal shift of the intertropical convergence zone (ITCZ). The ITCZ in
BC950 is shifted northward the most, consistent with the
largest surface warming in the northern tropics. Conversely, BC980 with surface cooling in the northern
tropics exhibits a southward ITCZ shift. These zonalmean analyses clearly demonstrate that the patterns of
temperature and precipitation responses are highly
sensitive to the vertical distribution of BC.
The SST response can be understood by considering
the response of the net top-of-atmosphere (TOA) radiation budget composed of both longwave (LW) and
shortwave (SW) fluxes (dRTOA; Fig. 3a), which is primarily determined by the response of cloud radiative
forcing (dCRF, Fig. 3b), exclusively from changes in SW
cloud reflection (not shown). For example, the largest
northern subtropical warming in BC950 is consistent
with the least SW cloud reflection. The hemispheric
asymmetry in dRTOA leads to a shift of the rising branch
of the Hadley circulation (HC) toward the warmer
hemisphere (see Fig. 5) in order to transport more energy toward the cooler hemisphere (Kang et al. 2008,
2009). The abundance of water vapor in the lower troposphere then causes an ITCZ shift toward the warmer
hemisphere (Fig. 2b). The ITCZ shift results in the dipole pattern of dCRF in the deep tropics. The response
of CRF in the fixed cloud experiments (dCRFfixcld,
Fig. 3c) is negligible except in the cases with BC added at
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FIG. 3. (a) The zonal-mean change in net RTOA (W m22) in the mixed layer experiments. The zonal-mean change in CRF (W m22) in the
(b) mixed layer experiments, (c) fixed cloud experiments, and (d) fixed SST experiments: BC770 in cyan, BC870 in green, BC950 in red,
and BC980 in blue.

the upper two layers, within and above the climatological cloud layer (BC870 and BC770). Since BC above the
cloud layer absorbs upward radiation that is reflected by
lower-level clouds (e.g., Ming et al. 2005; Zarzycki and
Bond 2010; Persad et al. 2012), the CRF is positive even
when cloud amounts are fixed. A comparison between
dCRF (Fig. 3b) and dCRFfixcld (Fig. 3c) indicates that
most dCRF in the mixed layer experiments results from
changes in the cloud amount, leading one to infer that
the root cause for the large sensitivity in the climate
response to BC altitude lies in the impact of BC on cloud
amount. The similarity between the prescribed SST experiments (Fig. 3d) and the mixed layer experiments
(Fig. 3b) in the northern subtropics suggests that cloud
amount changes in the northern subtropics are the result
of changes in local atmospheric stability rather than

changes in SST. In the deep tropics, the response of CRF
in the fixed SST experiments (dCRFfixsst) is negligible
because the ITCZ is locked at the latitude with maximum SST in the fixed SST cases.
Figure 4 explains the cause for the differing response
of the cloud amount in the northern subtropics to the
altitude of BC. We note that the change of cloud
amount does not always correlate with changes in
cloud SW optical depth. However, it is used as the
measure of cloud optical properties because this is
generally the case for warm clouds (Zelinka and
Hartmann 2012), which are mainly discussed in the
present study. In our control experiment, the base of
subtropical clouds is located at approximately 950 hPa
and the top at approximately 700 hPa, derived from the
zero-crossing level of convective mass flux (not shown).
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FIG. 4. Vertical distribution of the ensemble-mean averaged changes over 108–308N in (a) temperature tendencies (1025 K s21) by
shortwave heating, (b) temperature (K), (c) tendencies in water vapor mass mixing ratio (1028 kg kg21 s21) by convection (solid) and largescale condensation (dashed), (d) relative humidity (%), (e) convective mass flux (1023 kg m22 s21), and (f) cloud amount (%): BC770 in cyan,
BC870 in green, BC950 in red, and BC980 in blue. Shading represents plus or minus one standard deviation of six ensemble members.

In BC770, the BC-induced SW heating is maximized at
750–800 hPa (Fig. 4a), as is the vertical temperature
anomaly (Fig. 4b). This tends to stabilize the lower
troposphere and hinder moist convection (Fig. 4e). The

suppressed convection then leads to a reduction in the
detrainment of convective mass flux into the large-scale
environment above 800 hPa (as can be seen from reduced water vapor by convection above 800 hPa in
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FIG. 5. Shading indicates the zonal-mean change in cloud amount (%). Contours indicate the zonal-mean change in mean meridional
streamfunction. Dashed (solid) lines indicate the anomalous counterclockwise (clockwise) circulation and black (gray) color indicates
the contour interval of 9 3 109 (1.5 3 109) kg s21. (top) From the fixed SST experiments and (bottom) the mixed layer experiments in
(a),(e) BC770; (b),(f) BC870; (c),(g) BC950; and (d),(h) BC980.

Fig. 4c), lowering the cloud top and resulting in a reduction of clouds above the BC layer (Fig. 4f). Below
850 hPa, the relative humidity increases as convective
mass is detrained at lower levels (Fig. 4d), and the
resulting enhancement of large-scale condensation
(Fig. 4c) substantially increases the cloud amount
there (Fig. 4f). The cloud-bottom thickening outweighs the cloud-top thinning, leading to an overall
increase in low cloud cover. The resulting increase in
SW reflection (Fig. 3b) gives rise to a substantial TOA
cooling (Fig. 3a) and the surface temperature drops by
0.5 K at 208N (Fig. 1a) despite significant warming at
750–850 hPa from SW absorption by BC.
Cloud amount changes in BC870 can be explained in a
similar manner, except for their larger magnitudes,
which can be attributed to the vertical structure of the
climatological cloud distribution that maximizes between 850 and 900 hPa. The cloud-top thinning slightly
outweighs the cloud-bottom thickening to result in small
positive dCRF (Fig. 3b). This amplifies the direct SW
warming by BC, leading to surface warming in the
northern subtropics (Fig. 1a).
In BC950, BC-induced SW heating is located near the
cloud base (Fig. 4a). The maximum warming at 950 hPa
(Fig. 4b) increases the saturated water vapor pressure
and reduces the relative humidity (Fig. 4d), which gives
rise to a substantial reduction of condensation at the
cloud base (Fig. 4c). The resulting reduction in latent
heat release suppresses the development of convective
activity, as demonstrated by a reduction of convective

mass flux (Fig. 4e), leading to a substantial reduction in
cloud amount (Fig. 4f). Also evident is a slight increase
in cloud amount below 950 hPa because of increasing
moisture in the boundary layer. The moister boundary
layer can be attributed to 1) increased surface evaporation
that is evenly distributed by turbulent diffusion and 2) a
more stable boundary layer that limits the level of vertical
diffusion to 950 hPa. A substantial reduction in low cloud
cover gives rise to a significantly positive net TOA flux
(Fig. 3a), leading to a large surface warming (Fig. 1a).
In BC980, the lowest model level gets warmer and everywhere above 950 hPa becomes cooler, making the low
troposphere unstable (Fig. 4b). The low-level warming
will increase the buoyancy of air parcels near the surface
to enhance the strength of surface-based convection.
However, the lifting condensation level (LCL) is raised
because of a reduction in the relative humidity near the
cloud base (Fig. 4d) that results from the low-level
warming. Hence, the cloud amount decreases below
950 hPa, around the vertical level of the cloud base in the
control experiment. Above 950 hPa, the cloud amount
increases as the buoyancy of air parcels increases and
enhances convection (Fig. 4e). The cloud-top thickening
outweighs the cloud-bottom thinning, leading to an
overall increase in low cloud cover and causing a significant reduction in net TOA flux (Fig. 3a), which results in
surface cooling up to 0.5 K at 158N (Fig. 1a).
A comparison of the top and bottom panels of Fig. 5
indicates that changes in the lower tropospheric cloud
distribution in the northern subtropics are not strongly

Unauthenticated | Downloaded 01/09/23 07:12 AM UTC

15 AUGUST 2015

KIM ET AL.

6357

FIG. 6. Shading indicates the ensemble-mean zonal-mean change in temperature (K), and colored contours indicate the anomalous
meridional temperature advection due to changes in meridional wind, 2dy(›Tc /›y), with positive values in brown and negative values in
blue (the zero contour is omitted) in (a) BC770, (b) BC870, (c) BC950, and (d) BC980. Note that the values of the first positive and
negative colored contours are both 1 3 1027 K day21 in magnitude, with an interval of 3 3 1027 K day21. Black contours indicate the
zonal-mean temperature in the control experiment (Tc ; with an interval of 15 K and maximum value of 300 K near the surface) and black
dashed lines indicate the latitude at which ›Tc /›y is maximum at each level.

affected by the SSTs. This implies that changes in these
clouds are fast responses to local changes in atmospheric
static stability and associated changes in convective mass
flux, as described above. There still lacks a more coherent
theory about what determines the relative importance of
responses at cloud top and cloud bottom, but providing
such general mechanism is beyond the scope of this study.
Overlaid as contours in Fig. 5 are changes in the mean
meridional streamfunction c where
c(u, p) 5

1
g

ð p ð 2p
ya cosu dl dp,
p0

0

with y being the meridional wind and the other variables
having their canonical definitions. In the mixed layer
experiments, the two cases (BC870 and BC950) in which
BC warms the northern subtropical atmospheric column
(i.e., positive dRTOA in Fig. 3a) exhibit a northward shift
of the rising branch of the HC, with the opposite response in BC980, consistent with the ITCZ responses in
Fig. 2b. In BC770, the northern subtropical surface is

cooled (Fig. 2a), but the meridional streamfunction is
slanted northward toward an accentuated low-level atmospheric warming due to the direct SW absorption by
BC (Fig. 5e), leading to a slight northward ITCZ shift
(Fig. 2b). The ITCZ shift accompanies a shift in the
cloud distribution in the equatorial region, as shown by
the dipole pattern of changes in cloud fraction straddling
the equator. A poleward transport by the upper branch
of the HC results in changes in high clouds above
400 hPa in the subtropics. In contrast, in the fixed SST
experiments, the ITCZ is bound to stay near the equator, so that the HC and high clouds in the subtropics
barely change. This explains the differences in dCRF
and dCRFfixsst in Fig. 3. In addition to changes in the
rising branch, the HC exhibits a clear shift in the descending branch in the northern subtropics. For example, in BC950, the northern subtropical static stability
increases substantially (Fig. 6c), resulting from changes
in the circulation (as explained in the next paragraph),
and the northern HC exhibits a significant expansion
(Fig. 5g) (Lu et al. 2007; Kang and Lu 2012).
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These changes in large-scale circulation explain the
robust horseshoe-shaped pattern in the vertical, zonalaverage temperature response. Figure 6 shows the
temperature response (shading) and the meridional
temperature advection by changes in the mean meridional wind dy, that is 2dy(›Tc /›y) (colored contours), where Tc is the mean temperature distribution
in the control experiment (black contours). Note that
the contribution to the anomalous meridional temperature advection above 800 hPa from changes in the
temperature, 2y c (›dT/›y), and the cross term is minimal (not shown). In all cases, warming is induced locally where BC is added, but in BC770 and BC980,
cooling arises elsewhere because of the negative
dCRF. The lower tropospheric temperature response
in the northern subtropics is transported equatorward
by the lower branch of the HC. Anomalous vertical
motion in the equatorial region resulting from the
ITCZ shift creates adiabatic temperature changes.
This provides a reason for the weaker midtropospheric
temperature response in the northern deep tropics.
In the upper troposphere, the tropical temperature
response is homogenized because of the weak temperature gradient criteria (Sobel et al. 2001). In the
subtropics, the temperature response is slanted upward and poleward (or downward and equatorward).
The consistency of the patterns of 2dy(›Tc /›y) (colored contours) and temperature response (shading)
indicates that the slanted subtropical temperature response is the result of Tc being homogenized up to
higher latitudes at upper levels, as demonstrated by the
tilted line of maximum meridional temperature gradient
(black dashed). The subtropical temperature response is
larger in the Northern Hemisphere where the HC response is stronger (Fig. 5).
The zonal-mean temperature response exhibits a
typical pattern of hemispherically asymmetric forcing
akin to realistic aerosol distributions in CMIP5 climate
simulations (see Fig. S4 in Xie et al. 2013). This similarity suggests the possibility of a robust climate response to radiative changes. It is worth highlighting that
the sign of global temperature response is opposite in
BC950 and BC980 despite only one model layer difference in the vertical level of prescribed BC. This implies
that models must accurately capture the vertical distribution of BC to enhance the precision of simulating the
climatic impact of BC.

4. Summary and discussion
In this study, we investigate the sensitivity of the climate response to the altitude of BC using an atmospheric model coupled to an aquaplanet mixed layer
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ocean. To represent a realistic geographical distribution
of BC, it is added in the northern subtropics at different
levels relative to the altitude of climatological subtropical low clouds. Our experiments are idealized in the
sense that the effects of seasonality and land distribution
are neglected and the BC distribution is highly idealized.
However, the climatic impacts of BC are so uncertain
that we believe such an idealized setup should precede
more realistic simulations in order to first unveil fundamental mechanisms.
Consistent with many other studies, we show that
clouds play an extremely important role in determining
the climate responses to BC. The BC added below
(950 hPa) or within (870 hPa) subtropical low clouds
suppresses the development of convective activity, resulting in a reduction of low cloud amount to produce a
positive cloud radiative forcing. The warmer northern
subtropics then induce a northward shift of the ITCZ
and a poleward extension of the descending branch of the
northern Hadley cell. As the BC-induced local warming
is amplified by clouds and is advected by the anomalous
Hadley circulation, the entire globe gets warmer. In
contrast, the BC added near the surface (980 hPa) increases the buoyancy of air parcels to enhance convection,
which leads to an increase in the subtropical low cloud
amount to produce a negative cloud radiative forcing.
Hence, the temperature increases only locally where BC is
added and decreases elsewhere. As a result, the ITCZ is
shifted southward and the descending branch of the
northern Hadley cell contracts equatorward. Despite
the opposing signs of temperature and precipitation responses, the zonal-mean temperature response exhibits a
robust horseshoe-shaped pattern in all cases. It is surprising that only one model layer difference in the level of
prescribed BC creates completely opposite climate responses. Our results highlight the clear importance of
computing vertical transport of BC with fidelity to enhance the skill of climate models in simulating the BC
effects on climate.
The interaction between the semidirect effect and the
indirect effect is highly uncertain (Hill and Dobbie
2008), so that the inclusion of the indirect effect may
amplify or diminish the semidirect effect. Further study
is required to assess the impact of indirect effect. In
addition, large uncertainty in parameterization of convection and clouds (Stevens and Bony 2013) suggests the
need for benchmark computations that can facilitate
comparisons of the dependence of climate responses on
the altitude of BC in a wide range of GCMs.
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