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ABSTRACT
Previous studies show that there are substantial influences of winter–spring Tibetan Plateau (TP) snow
anomalies on the Asian summer monsoon and that autumn–winter TP heavy snow can lead to persisting
hemispheric Pacific–North America-like responses. This study further investigates global atmospheric responses to realistic extensive spring TP snow anomalies using observations and ensemble transient model
integrations. Model ensemble simulations are forced by satellite-derived observed March–May TP snow
cover extent and snow water equivalent in years with heavy or light TP snow. Heavy spring TP snow causes
simultaneous significant local surface cooling and precipitation decreases over and near the TP snow anomaly.
Distant responses include weaker surface cooling over most Asian areas surrounding the TP, a weaker drying
band extending east and northeast into the North Pacific Ocean, and increased precipitation in a region
surrounding this drying band. Also, there is tropospheric cooling from the TP into the North Pacific and over
most of North America and the North Atlantic Ocean. The TP snow anomaly induces a negative North Pacific
Oscillation/western Pacific–like teleconnection response throughout the troposphere and stratosphere.
Atmospheric responses also include significantly increased Pacific trade winds, a strengthened intertropical
convergence zone over the equatorial Pacific Ocean, and an enhanced local Hadley circulation. This result
suggests a near-global impact of the TP snow anomaly in nearly all seasons.

1. Introduction
Snow anomalies affect moisture, radiation, and the
energy budget, and cause both local and distant temperature responses (Namias 1985; Cohen and Rind 1991;
Groisman et al. 1994). Many studies have examined
impacts of Eurasian snow cover anomalies on the hemispheric and regional atmospheric circulation. Observational
and modeling studies have shown that autumn Siberian
snow cover extent (SCE) anomalies can induce an Arctic
Oscillation (Thompson and Wallace 1998) or North
Atlantic Oscillation (Wallace and Gutzler 1981) atmospheric response in winter, via the vertical propagation
of Rossby waves through tropospheric–stratospheric
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coupling (e.g., Cohen and Entekhabi 1999; Gong et al.
2003; Cohen and Fletcher 2007; Fletcher et al. 2009;
Smith et al. 2011). There is also some observational and
modeling evidence that extensive autumn/winter Eurasian
snow cover can have a downstream influence on atmospheric circulation over the Asia–Pacific–North America
sector, mainly characterized by a deepened surface
Aleutian low and/or a Pacific–North America (PNA)like midtropospheric atmospheric response with a strong
eastward extension toward Europe (e.g., Walsh and Ross
1988; Yasunari et al. 1991; Walland and Simmonds 1996;
Clark and Serreze 2000; Orsolini and Kvamstø 2009; Wu
et al. 2011). The storm tracks over the North Pacific
Ocean respond strongly to Eurasian snow cover anomalies, and transient eddy forcing is important for maintaining the PNA response (Wu et al. 2011).
The TP is a small part of Eurasia, but TP snow cover
variability and persistence show distinct features. First,
snow cover over the Himalayan and Tibetan Plateau
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regions has much larger interannual variability than
over other regions of Eurasia (Fasullo 2004), indicating
that its associated impact may also be important at interannual time scales. Second, TP snow cover anomalies
often persist from winter to spring, and sometimes even
through summer over the high altitudes of the Himalayas
(Pu et al. 2007; Xiao and Duan 2016). Third, as a result of
an average altitude exceeding 3000 m, anomalous TP and
Himalayan snow acts as an elevated net heating anomaly
that plays an important role in the regional and global
atmospheric circulation. Many studies have shown that
net heating induced by TP/Himalayan snow-cover variability can trigger characteristic large-scale atmospheric
circulation patterns, consequently leading to anomalous
Asian summer monsoon rainfall (e.g., Fasullo 2004;
Blanford 1884; Yanai et al. 1992; Webster et al. 1998; Wu
and Qian 2003; Zhang et al. 2004; Wang et al. 2008;
Turner and Slingo 2011; Xu et al. 2012; Si and Ding 2013;
Xiao and Duan 2016; Senan et al. 2016; Wang et al.
2018). Anomalous (either heavy or deficient) winterspring TP snow cover has a lingering effect as the snow
melts gradually, and the resulting soil moisture anomaly
then affects summer Indian and East Asian rainfall
(Shukla and Mooley 1987; Bamzai and Shukla 1999;
Xiao and Duan 2016).
Large positive snow cover anomalies over the TP in
autumn and winter can cause a significant hemispheric
PNA-like response in winter, as suggested in recent
observational studies (Wu et al. 2011; Lin and Wu 2011;
Mote and Kutney 2012), and demonstrated in our recent
numerical study (Liu et al. 2017). In the current study,
we further provide observational and modeling evidence that the global atmosphere responds significantly
to spring [March–May (MAM)] TP snow anomalies.
Therefore, TP snow anomalies in nearly all seasons are
important sources of variability of near-global atmospheric circulation at interannual time scales. The paper
is organized as follows. Section 2 describes data sources,
observation analysis methods, and modeling experiments.
Section 3 presents observation-based results and numerical modeling results. Section 4 summarizes conclusions.

2. Datasets and methods
The experimental procedures are almost identical to
those in Liu et al. (2017), except for the specific forcing,
and use the same two online satellite snow datasets,
described below. The first dataset is SCE from ‘‘Northern
Hemisphere EASE-Grid 2.0 Weekly Snow Cover and Sea
Ice Extent, version 4’’ (Brodzik and Armstrong 2013)
(updated 2014; available online at https://nsidc.org/data/
nsidc-0046) covering from November 1978 to December
2015 in this study, derived from several visible-band
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satellite instruments. The second dataset is snow water
equivalent (SWE) from ‘‘Global Monthly EASE-Grid
Snow Water Equivalent Climatology, version 1’’ (Armstrong
et al. 2005) (available online at https://nsidc.org/data/
nsidc-0271) covering from November 1978 to May 2007
(SWE has not been updated since that month), derived
from several microwave instruments. In the EASE-Grid
datasets, for each 25 km 3 25 km cell, SCE is a simple
binary variable of the presence or absence of snow
cover, and SWE is the average water content of snow
cover in millimeters. Several studies have used the
EASE-Grid SCE and SWE datasets to examine impacts
of TP snow anomalies on the Asian summer monsoon
(e.g., Zhao and Moore 2004; Xiao and Duan 2016; Wang
et al. 2017). For the figures, or for model input, this study
interpolates or averages both SCE and SWE data sources
to a uniform grid box size of 2.88 3 2.88, which is the same
horizontal resolution of the model simulations described
in modeling experiments. The National Centers for
Environmental Prediction–National Center for Atmospheric
Research (NCEP–NCAR) reanalysis (Kalnay et al. 1996)
is used in the observational analysis, which includes global
atmospheric data fields such as 500-hPa geopotential heights
(Z500) and covers 1979–2015 (37 years) in this study.
In the observational analysis, maximum covariance
analysis (MCA) (Czaja and Frankignoul 2002) is performed to examine lag effects of late-winter and earlyspring TP SCE anomalies on 1) the MAM midlatitude
circulation from central Asia eastward to North America
and 2) the MAM tropical circulation. To reduce the
influence of trends, a first-order polynomial is removed
by least squares fit to each grid point time series. Also,
we filter out the tropical Pacific (ENSO) influence
using a regression against the Niño-3.4 (58N–58S, 1208–
1708W) sea surface temperature (SST) anomalies of
preceding months, where the regression coefficient is
selected as the maximum regression coefficient within
the preceding 6 months. The coupled MCA patterns
associated with the first MCA mode in Figs. 3 and 4 are
formed from the heterogeneous covariance map for 500hPa geopotential height (Z500) and the homogeneous
covariance map for SCE. These maps are constructed by
regressing the Z500 and SCE fields onto the normalized
MCA-SCE time series at each lag.
Characteristic atmospheric circulation responses to
TP snow forcing strongly resemble well-known teleconnections. For comparison, an empirical orthogonal
function (EOF) analysis is applied to the observed
(NCEP–NCAR reanalysis) annual MAM mean Z500
from 1979 to 2015 for the North Pacific region (208–
858N, 1208E–1208W, as shown in Fig. 1). The EOF
analysis is area weighted by the square root of the cosine
of latitude before computing the covariance matrix, but
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FIG. 1. The spatial structure of the (left) first and (right) second EOFs of the seasonal MAM Z500 anomalies over
the North Pacific region outlined in (a) (208–858N, 1208E–1208W) in (a),(b) the observations and (c),(d) CAM4
control run simulations. This is the same as the regression of the Z500 field onto the standardized principal component time series of the leading two EOF modes. Regression coefficients are drawn every 5 m, negative contours
are dashed, and the zero contour is omitted.

all physical fields are plotted as correct values. The
leading two EOFs of Z500 explain 26.0% and 23.8% of
the total variance, and are readily identifiable as being
approximately the PNA and western Pacific (WP)
(Wallace and Gutzler 1981; Linkin and Nigam 2008)
teleconnection patterns (Figs. 1a,b). The surface signature of the WP teleconnection pattern is the North
Pacific Oscillation (NPO), usually defined as the second
EOF in sea level pressure (SLP) in winter (Linkin and
Nigam 2008). Figures 1c and 1d show that EOFs resulting
from 200-yr model control run simulations are similar to
corresponding observed EOFs, with spatial pattern correlations of 0.86 and 0.83 for EOF1 and EOF2, respectively, but the model EOF1 has a much stronger (positive)
polar center than that in the observation.
As in Liu et al. (2017), model experiments are forced
with observed heavy and light TP SCE and SWE obtained from the two EASE-Grid observational datasets
specified above, with a common period from November
1978 to May 2007. Six MAM spring periods from 29
available are chosen in this study, specifically 1981, 1983,
and 1998 with persistent heavy SCE and SWE over the
TP and 1984, 1985, and 1992 with persistent light SCE
and SWE over the TP. Figure 2 shows averages of SCE

and SWE over the TP region. The left column (labeled
‘‘pos’’) is the average of heavy snow seasons of 1981,
1983 and 1998, the left-center column (‘‘clim’’) shows
the climatological average from 1979 to 2007, the rightcenter column (‘‘neg’’) shows the average of light snow
seasons of 1984, 1985 and 1992, and the right column
(‘‘pos-neg’’) shows the general increases of SCE and
SWE in TP heavy snow years based on the pos minus
neg difference. SCE and SWE differences are greater
than 20% and 25 mm, respectively from March to May
over most of the TP. It should be mentioned that since
the TP area is over 308 of longitude wide, typically and in
these chosen years, either a heavy or light spring TP
snow year usually reflects similar snow anomalies persisting since at least the preceding late autumn. Also
note that SCE and SWE are taken from different datasets, and they potentially may be inconsistent. Figure 2
does not plot SCE ,5 % or SWE , 5 mm, and most SCE
and SWE plots have areas with concurrent SCE . 5%
and SWE . 5 mm, indicating that TP SCE and SWE are
generally consistent.
Model ensemble experiments are forced with observed TP SCE and SWE in the MAM periods stated
above, so the model anomaly patterns and magnitudes
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FIG. 2. Spring monthly (MAM, as labeled) spatial patterns of the average TP (top) SCE (%) and (bottom) SWE (mm) based on satellite
observed data for (left) the average of high TP SCE and SWE years 1981, 1983, and 1998 (labeled ‘‘pos’’), (left center) the climatological
average from 1979 to 2007 (labeled ‘‘clim’’), (right center) the average of low SCE and SWE years 1984, 1985, and 1992 (labeled ‘‘neg’’),
and (right) the difference pos minus neg (labeled ‘‘pos-neg’’). Each panel extends from 208 to 508N and from 608 to 1108E, and the green
line outlines the TP region. The upper color bar applies to the three columns on the left, and the lower color bar applies to the right column.

should be realistic. We use the NCAR Community
Atmosphere Model, version 4 (Neale et al. 2013), coupled to the Community Land Model, version 4.0 (Oleson
et al. 2010). Both models have a horizontal resolution of
2.88 latitude and 2.88 longitude (T42). CAM4 is a major
atmospheric model widely used in climate modeling.
CLM4.0 combines realistic radiative, ecological, and
hydrologic processes (Oleson et al. 2010). Both models

or their earlier versions (CAM3 and CLM3.0) have
been used to investigate atmospheric responses to projected snow changes through the twenty-first century
(Alexander et al. 2010), to satellite-based snow albedo
changes over North America and the whole NH (Allen
and Zender 2010), and to idealized snow forcing with
increased albedo (Wang et al. 2017). CLM4.0 was coupled with CAM5 (updated version of CAM4) to
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investigate improvements of seasonal temperature prediction when snow data are assimilated (Lin et al. 2016).
In this experiment, six ensemble simulations are performed where the prescribed forcing is TP SCE and
SWE from 1981 (SNOW 81), 1983 (SNOW 83), 1984
(SNOW 84), 1985 (SNOW 85), 1992 (SNOW 92), or
1998 (SNOW 98). The ensemble simulation procedure is
identical to that in our previous study (Liu et al. 2017)
except for a different prescribed forcing region and
different months of simulation. The SCE and SWE forcing is prescribed in the TP area (the green outlined area in
each panel of Fig. 2), based on one of the six chosen years
from the EASE-Grid datasets above, and model derived
SCE and SWE are used everywhere else. Other surface
boundary conditions, specifically SST and sea ice concentration, are climatological values from the same 200-yr
control run mentioned above. Each simulation performs
100 model runs to identify atmospheric responses to extensive (SNOW81, SNOW83, and SNOW98), or limited
(SNOW84, SNOW85, and SNOW92) TP snow cover,
with each of the 100 runs initialized with the CAM4
atmospheric state on 1 March of different years from
the control run. Each simulation uses the same 100 initializations, so each ensemble starts with identical
atmospheric fields and the ensembles then diverge gradually as a result of the different imposed snow boundary
conditions.
In CLM4.0, both SCE and SWE are prognostic. The
parameterizations for snow and snow accumulation are
based primarily on Anderson (1976) and Dai and Zeng
(1997). At each time step, snow is allowed to fall and
accumulate at the surface. Melting of existing snow
cover releases latent heat to the atmosphere and soil
moisture to the land model. However, CLM4.0 has been
modified so the computed SCE and SWE in the TP area
(Fig. 2) at each time step is replaced by our prescribed
SCE and SWE for the specified snow season (interpolated
to each model time step from monthly values). After the
above modification, energy and water are not explicitly
conserved in the TP area during each realization. The
total climate response is the ensemble mean difference
between extreme snow perturbation states, specifically
the average of SNOW81, SNOW83, and SNOW98 minus
the average of SNOW84, SNOW85, and SNOW92, and
statistical significance is evaluated by a standard t test of
the difference between ensemble means.

3. Results
a. Observational results
Maximum covariance analysis (MCA) (Czaja and
Frankignoul 2002) is first performed to examine lagged
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effects of late-winter and early-spring TP SCE anomalies on the MAM midlatitude circulation from central
Asia eastward to North America. MCA identifies the
patterns of two spatial fields that produce the maximum
covariance. At lag 5 0, the atmosphere and snow (also
surface boundary SST and sea ice) connection in the
MCA is dominantly characterized by the atmospheric
circulation forcing on TP snow (Czaja and Frankignoul
2002; Wu et al. 2011). Therefore, the climate impacts of a
TP snow anomaly on MAM atmospheric circulation can
only be found by applying MCA at lag 5 22 [January–
March (JFM)] and 21 months [February–April (FMA)].
Specifically, MCA is applied to 1979–2015 (37 yr) of
NCEP–NCAR reanalysis fields of MAM Z500 anomalies
over the East Asian and North Pacific–America regions
(208–658N, 608E–1208W, as shown in Fig. 3b), versus
monthly TP SCE anomalies averaged from the weekly
EASE-Grid SCE dataset described above, for the preceding JFM (Z500 lags SCE by 2 months) and FMA
(Z500 lags SCE by 1 month). The Z500 MCA pattern
associated with the first MCA mode in the analyses below
(Figs. 3b and 4b) is constructed by regressing the hemispheric Z500 fields from 308S to 908N onto the corresponding normalized MCA-SCE time series.
Figure 3 shows coupled MCA patterns associated with
the first MCA mode when SCE leads by 2 months. The
MCA pattern of SCE in JFM shows strongly increased
SCE over the TP (Fig. 3a), and the atmospheric signal in
MAM (Fig. 3b, low Z500 in the central North Pacific and
high Z500 with two centers from central Siberia to
Alaska) resembles the negative phase of the west Pacific
(WP) teleconnection pattern (Wallace and Gutzler 1981)
in the EOF analysis (Fig. 1b), with a strong high reaching
25 m over Siberia and Alaska and a low reaching 230 m
over the North Pacific, related to an approximate maximum 10% TP SCE anomaly in JFM. Similar patterns
are found when SCE leads by 1 month (not shown).
Meanwhile, coherent negative Z500 anomalies are significant over North America and the Arctic, and positive
Z500 anomalies are significant over western Europe and
subtropical Pacific. The MCA patterns suggest that a
consistent hemispheric-scale Z500 pattern in spring is
strongly correlated with TP SCE forcing at lags of 21 or
22 months, so heavy TP snow in winter and early spring
could cause a polarization of WP toward its negative
phase in the midlatitudes in spring. This influence is
unrelated to ENSO teleconnections and the long-term
climate trend, which were removed prior to the analysis.
Similar WP-like responses are also found in the stratosphere (not shown), indicating a barotropic response to TP
snow anomalies in the NH troposphere and stratosphere.
The MCA is also performed between JFM or FMA
TP SCE anomalies and MAM tropical Z500 (308S–308N,
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FIG. 3. First MCA mode covariance maps based on 1979–2015 for JFM SCE over the TP region [outlined in green
in (a)] against MAM Z500 over the East Asia–North Pacific area [208–658N, 608E–1208W; outlined in (b)]. Note that
Z500 lags SCE by 2 months. (a) Homogeneous SCE anomalies plotted over the greater TP region (total plot area is
the same as in Fig. 2). (b) Heterogeneous Z500 anomalies plotted globally from 308S to 908N. Note that the Z500
pattern in (b) is constructed by regressing the hemispheric Z500 fields from 308S to 908N onto the corresponding
normalized MCA-SCE time series. SCE units are percent as depicted in the color bar. Z500 units are meters, and
the light-blue dashed and light-red solid contours represent 21 and 1 m, respectively. The darker blue and red
contours are at intervals of 5 m, negative contours are dashed, and the zero line is omitted. Dots in (a) and shaded
areas in (b) denote significant regression coefficients of SCE or Z500, respectively, on the MCA-SCE time series at
the 95% confidence level based on the two-sided Student’s t test.

08–3608E). At lag 5 22 months (JFM SCE vs MAM
Z500), the MCA patterns in Fig. 4 suggest that increased
SCE over the TP in JFM is significantly correlated with
MAM positive Z500 in the tropics and negative Z500
over the North Atlantic Ocean. Large but insignificant
anomalies in the midlatitudes appear in the regression due to internal atmospheric variability or coherent
changes of Z500 in NH midlatitudes and in the tropics.
Similar MCA patterns are found at lag 5 21 month

(FMA SCE vs MAM Z500, not shown). Note that significant Z500 anomalies are mostly in the midlatitudes in
Fig. 3, but in the tropics in Fig. 4. This indicates that the
effect of JFM TP forcing on the MAM negative WP
teleconnection is almost independent of the effect of
JFM TP forcing on the MAM tropical circulation. In
fact, the correlation between the MCA-SCE coefficient
time series associated with the SCE patterns in Figs. 3a
and 4a is only about 0.1.

FIG. 4. As in Fig. 3, but for the first MCA mode covariance maps for JFM SCE against MAM tropical Z500 (308S–
308N, all longitudes). The darker blue and red contours in (b) are at intervals of 2 m.
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FIG. 5. Monthly mean responses (MAM, as labeled; W m22) of (left) net shortwave radiation (positive downward), (left center) net
longwave radiation (positive upward), (right center) sensible heat fluxes (positive upward), and (right) latent heat fluxes (positive upward). Each response is the ensemble mean ‘‘pos minus neg’’ difference between the high and low simulations, or the average of SNOW81,
SNOW83, and SNOW98 minus the average of SNOW84, SNOW85, and SNOW92. Statistical significance of the mean difference between
these two ensembles is determined using the t test (black dots indicate .95% statistical confidence level).

Overall, these observational results indicate that TP
snow anomalies can induce a hemispheric atmosphere
circulation response in spring. Such conclusions based
on MCA results at lags 22 and 21 can be extended to
the impacts of simultaneous MAM TP snow forcing
since either heavy or light TP snow anomaly in late
winter and early spring usually persists for several months.
This will be demonstrated in numerical experiments in
section 3b and the associated mechanisms will be examined in section 3c.

b. Modeled seasonal mean climate responses to TP
snow forcing
Model ensemble experiments were performed as
explained in section 2, forced by observed SCE and
SWE anomalies from three heavy and three light TP
snow years (Fig. 2), but model-generated SCE and SWE
outside the TP. Analyses below discuss ‘‘pos minus neg’’
ensemble average differences of the heavy minus light
TP snow years. The increased TP SCE and SWE forcing first affects the atmosphere regionally by changing
surface energy fluxes. Due to increased albedo in heavy
TP snow cover locations, the TP net surface shortwave

radiation is negative (Fig. 5), but becomes positive in
May in the northeastern TP where positive SWE anomalies were small in March and April, and the snow has
melted completely before May. Gradual snowmelt moistens
the soil, which continues to reduce ground temperature
and net longwave radiation, sensible heat and latent
heat (Shukla and Mooley 1987), with magnitudes of net
sensible heat fluxes generally exceeding latent heat
fluxes as a result of prescribed moderately dry climatological conditions over the TP regions. Opposite effects
of snow forcing on these fluxes are simulated over East
China, with net surface shortwave radiation anomalies
positive and much larger than other components.
Figures 6 and 7 display the ensemble mean MAM
seasonal average responses to TP snow anomalies in
various atmosphere variables. The surface air temperature (SAT) (Fig. 6a) is especially cold over the TP region
due to negative sensible and latent heat fluxes, but is also
moderately cold over many midlatitude remote land and
ocean areas. Warming SAT responses are significant
over regions such as eastern China, eastern Siberia and
the adjacent Arctic Ocean, and the eastern North Pacific.
In Figs. 6b and 6d, tropospheric circulation responses to
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FIG. 6. Ensemble-mean MAM averages of the atmospheric responses of eight variables: (a) SAT, (b) SLP,
(c) T500, (d) Z500, (e) T70, (f) 70-hPa geopotential heights (Z70), (g) wind pattern at 1000 hPa (UV1000), and
(h) UV300. The color bar depicts temperature anomaly values [K; in (a), (c), and (e)]. Each response is the average
of SNOW81, SNOW83, and SNOW98 minus the average of SNOW84, SNOW85, and SNOW92 (or ‘‘pos minus
neg’’). In (b), (d), and (f) (SLP, Z500, and Z70 anomalies, respectively), the light-blue dashed and light-red solid
contours represent 20.05 and 0.05 hPa for SLP and 20.5 and 0.5 m for Z500 and Z70 to show the details of atmospheric responses in the tropics, and the zero contour is omitted. The darker blue and red contours (negative
contours are dashed) are at intervals of 0.25 hPa for SLP and 4 m for Z500, starting with 60.25 hPa for SLP and
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increased TP SCE and SWE clearly indicate a baroclinic
vertical structure [opposite sea level pressure (SLP) and
Z500 anomalies] over the TP region, and a remote
equivalent barotropic structure (SLP and Z500 responses
of the same sign) over East Asia and the North Pacific.
Over the North Pacific, SLP shows the negative phase of
the NPO (Wallace and Gutzler 1981), and the Z500
response highly resembles the WP teleconnection pattern, with pattern correlation about 20.88 in the East
Asia to North Pacific region when compared with EOF2
in model control simulations. This confirms the observational results that a positive snow anomaly in the TP in
spring can lead to a remote teleconnection similar to the
negative phase of the WP pattern, as shown in Fig. 3b
over the western North Pacific. A WP-like response is
also found in the stratosphere (Fig. 6f), with the most
significant negative or positive response over Asia or
eastern Siberia, respectively, which suggests that dynamical mechanisms are similar between the 500- and
70-hPa levels, even though those levels are above and
below the tropopause. However, air temperatures at 500
and 70 hPa (T500 and T70, respectively; Figs. 6c,e) instead show nearly opposite response patterns in the
northern extratropics. The effects of horizontal temperature advection from warmer or colder regions by the
anomalous flow [the wind pattern at 300 hPa (UV300) in
Fig. 6h is similar at 500 and 70 hPa] play an important
role in setting up the T500 and T70 patterns. The climatological temperature decreases or increases from
the equator toward the North Pole in the troposphere or
stratosphere, respectively. So, the WP-like cyclonic wind
anomaly around 308N and anticyclonic anomaly around
608N in eastern Siberia account for the cold and warm
T500 patterns in Fig. 6c, but generate an almost exactly
opposite pattern of T70 anomalies in Fig. 6e.
Precipitation anomalies are directly related to water vapor transport/convergence and vertical motion. Significant
negative precipitation responses are simulated in a band
from the northwestern TP to Japan and northeastward
to Alaska (Fig. 7a), induced by descending motion over
the same band (Fig. 7d; increasing pressure indicates
descent) associated with negative SLP and positive Z500
anomalies in Fig. 6. Significant positive precipitation
responses are simulated over the southern TP and in
most regions around the dry band mentioned above
(such as over northwest China, central Asia and India),
which are mainly due to ascent around the area of TP

cooling (Fig. 6d). In Figs. 7c and 7d, a water vapor
convergence and vertical ascent band is seen across
southern China, the South China Sea, and the North
Pacific toward coastal western North America, which
matches the band of significant heavy precipitation in
Fig. 7a. Equatorward of this moist zone, there are large
dry areas over the subtropical North Pacific, associated
with water vapor divergence and vertical descent.
Figures 6 and 7 also clearly show that significant seasonal mean responses are simulated over most tropical
regions and parts of the North Atlantic, indicating that
the TP snow forcing could generate a significant nearglobal climate impact. Significant SLP and Z500 increases
(Figs. 6b,d) are induced over much of the subtropical
North Pacific and tropical Indian Ocean, consistent with
observed results in Fig. 4b. Northeast trade winds are
significantly enhanced over most of the tropical central
and western Pacific and Indian oceans (Fig. 6g). In Fig. 7a,
significant increased precipitation over the western
equatorial tropical Pacific is simulated over the southern part of the climatological intertropical convergence
zone (ITCZ, shown by thin black contours), indicating
that the ITCZ is shifted southward in that region. In
Fig. 7d, the areas of significant 300-hPa vertical ascent or
descent over the tropical or subtropical Pacific, respectively, are approximately collocated with the climatological vertical motions shown by thin black contours
(dashed lines and blue colors are ascending air).
Figure 8b shows the climatological pressure/latitude
cross section of the vectors of meridional horizontal and
vertical velocity, and shaded contours show the climatological zonal-mean meridional streamfunction averaged
over 1008–1308E (upward vectors in the troposphere from
about 258–308N are part of the midlatitude circulation,
and are north of the downward branch of the Hadley
circulation, which is weak in this longitude range).
Figure 8a shows the pos minus neg responses of the
velocity vectors and streamfunction, and indicates that
the Hadley circulation between the equator and 308N is
significantly strengthened and shifted northward. The
heavy TP snow forcing also simulates significant vertical
ascent (Fig. 7d) and positive precipitation (Fig. 7a) and
soil moisture anomalies (Fig. 7b) mostly over southern
and coastal eastern Africa. Over the western North
Atlantic, this forcing induces weak but significant SLP
and Z500 reductions (Figs. 6b,d), and a strengthened
westerly surface wind and subtropical jet stream around

64 m for Z500 and Z70. Shading denotes values that are significant at the 95% confidence level from a two-sided
Student’s t test. Gray-shaded areas in (g) and (h) have significant responses of zonal and/or meridional wind speed
at the 95% confidence level. In (h), the NH polar and subtropical jets are shown by overplotting 300-hPa climatological zonal wind speed $15 m s21 (red; interval 10 m s21) from the control run.
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FIG. 7. Ensemble-mean MAM averages of the ‘‘pos minus neg’’ responses of four variables: (a) precipitation anomalies, (b) soil
moisture anomalies, (c) vertically integrated water vapor flux vectors (Qu and Qy; reference vector is 15 kg m21 s21), and (d) 300-hPa
vertical velocity (ascending air has a negative vertical velocity in pressure). Dotted areas in (a), (b), and (d) and shaded areas in (c) denote
values that are significant at the 95% confidence level from the two-sided Student’s t test. Black contours in (a) and (d) show the
climatological mean precipitation and 300-hPa vertical velocity from the control run, with contour intervals of 100 mm month21 for
precipitation and 0.1 Pa s21 for vertical velocity.

308N (Figs. 6g,h), which are consistent with observational responses over North Atlantic in Fig. 4b.
Overall, the MCA and model results are consistent
over East Asia, the Pacific–North America sector and
the tropical Indian and Pacific Oceans. However, observational and model results may still differ for several
reasons. First, since MCA only identifies the patterns of
two spatial fields that produce the maximum covariance,
the MCA patterns in Fig. 4b may not be purely indicative of atmospheric responses to TP snow anomalies.
Second, the ensemble averaging process filters out most
natural internal variability simulated by individual runs.
This is shown in Fig. 4b and other figures by larger observed fluctuations than in the ensemble mean model
simulations. Third, atmospheric global circulation model
(AGCM) simulations do not allow the atmosphere and

ocean to act as an interactive, coupled system, which may
affect some aspects of the model atmosphere’s response
to TP snow forcing.

c. Mechanisms of the remote NPO/WP atmospheric
response
The local SAT and SLP responses to snow forcing
over the TP in Fig. 6 are initialized and maintained by
changes in heat and radiative fluxes (Fig. 5). Significant
cold SAT and tropospheric atmosphere over the TP are
simulated due to increased albedo. Such cooling can produce convergence and descending motion above the plateau (Wu et al. 2014), but ascent around most areas of TP
cooling, as shown in Fig. 7d. Since the TP is situated in the
subtropics, a tropospheric cold temperature and low height
anomaly can be carried or advected to the North Pacific
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FIG. 8. (a) Ensemble-mean MAM averages of the zonal mean ‘‘pos minus neg’’ responses (averaged from 1008 to
1308E longitude) of vectors composed of meridional velocity [horizontal velocity (m s21) and vertical velocity
(Pa s21)]. Shaded contours show the zonal-mean meridional streamfunction (kg s21) (b) The corresponding climatological mean cross section of the same variables. Note that vector length scales and contour intervals differ
between the panels. Positive values (red shading) indicate clockwise circulation; negative values (blue shading)
indicate counterclockwise circulation. Black vectors in (a) indicate significant responses of meridional and/or
vertical velocity at the 95% confidence level.

by the prevailing westerlies (Figs. 6c,d,h). A cold TP and
North Pacific troposphere tends to enhance the local
meridional temperature gradient toward lower latitudes
(Fig. 6c) and then (Fig. 6h) strengthens the East Asian
subtropical jet. Conversely, a cold TP and North Pacific
troposphere tends to weaken the local meridional temperature gradient toward higher latitudes (Fig. 6c) and
then (Fig. 6h) weakens the East Asian polar front jet.
In addition to the above thermodynamic processes, dynamical processes are also important for the remote large-

scale NPO/WP response to TP snow forcing. Vectors and
contours in Fig. 9a illustrate the seasonal mean response of
horizontal and vertical components of 300-hPa stationary
Plumb wave activity flux (WAF) (Plumb 1985), respectively. A 10-day low-pass filter is applied to 300-hPa height
(Z300) before the horizontal geostrophic velocities are
calculated. In Fig. 9a, wave propagation is clearly shown
toward the TP snow increase areas from northern China
and Mongolia and Southeast Asia, and westward wave
propagation is shown from the TP toward the Middle East
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FIG. 9. Ensemble-mean MAM averages of the ‘‘pos minus neg’’ responses of five variables: (a) fields of stationary horizontal wave activity
flux (vectors; reference vector is 1.5 m2 s22) and vertical wave activity flux (contour interval of 0.004 m2 s22) at 300 hPa, (b) Z300 anomalies
(contour interval 4 m), (c) EKE (m2 s22; contour interval of 1 m2 s22), (d) horizontal extended transient E-P vectors (reference vector is
2 m2 s22), and (e) 300-hPa height tendencies (m s21; contour interval of 0.5 3 1025 m s21). Shaded areas denote values that are significant at
the 95% confidence level from a two-sided Student’s t test. Negative contours are dashed, and the zero line is omitted in (a), (b), (c), and (e).

and Europe, indicating that anomalously high TP snow
cover weakens horizontal stationary WAF both upstream
and downstream of the TP region. Meanwhile, wave
propagation is also shown westward toward East Asia and
eastward toward North America from an origin in the
central North Pacific. In accordance with the WAF definition, the source of the significant WAF in the region of
the North Pacific midlatitude jet and storm track, and the
associated Z300 anomalies in Fig. 9a, appears to be interactions of transient eddies with the Pacific polar jet.
Vertical WAF responses in Fig. 9a indicate that a downward wave activity anomaly over the TP and central North
Pacific and an upward wave activity anomaly over northern China, the Japan Sea, and the eastern North Pacific
significantly respond to heavy TP snow forcing.
Eddy kinetic energy (EKE) is defined as mean deviations of the 300-hPa horizontal wind speed (u02 1 y 02 )/2
associated with 2–8-day filtered fluctuations (synopticscale weather systems), where u and y are zonal and

meridional wind components, respectively, the overbar
is the time average, and primes denote deviations from
the corresponding time mean quantities. EKE basically
indicates storm-track changes. Figure 9c shows that
EKE is significantly reduced over the high-latitude
North Pacific into North America, and increased over
East China and the midlatitude North Pacific, which
indicates that positive TP snow anomalies shift the
North Pacific storm track south. Figure 9d shows extended horizontal Eliassen–Palm (E-P) vectors, defined
as [(y 02 2 u02 )/2, 2u0 y 0 ] (Trenberth 1986). The transient
eddies in the E-P vectors act to accelerate the spring
mean flow where the arrows in Fig. 9d are divergent,
such as in the enhanced-storm-track region equatorward
of approximately 408N in the North Pacific. Conversely,
the transient eddies in the E-P vectors act to decrease
the spring mean flow where the arrows in Fig. 9d are
convergent, such as in the weakened-storm-track region
poleward of approximately 408N in the North Pacific.
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These dynamical effects are consistent with zonal wind
changes in Fig. 6h.
Quantitative impacts of the transient eddy forcings
on the mean flow at the 300-hPa level are calculated
by the geopotential height tendency method below, as
outlined in Lau (1988). Where p is defined as convergence of the vorticity flux of transient eddies, the geopotential height tendency ›z/›t is proportional to the
inverse Laplacian of p:
›z f 22
5 = p , with
›t g


1
› 1 ›
1 ›2
2
cos u 2
p[ 2
u0 y0
a cosu ›u cosu ›u
cosu ›l2
1

1
›2
cosu(u02 2 y 02 ) ,
a2 cos2 u ›l›u

(1)

(2)

where a is Earth’s radius, f is the Coriolis parameter, g is
the gravitational acceleration, l is the latitude, and u is
the longitude. Figure 9e shows that transient eddies in
MAM due to positive TP snow forcing induce a strong
increasing height tendency at 300 hPa over all of the
Arctic region, and especially in the area of the Aleutian
low and the Russian Far East. Z300 tendencies also
show a slight increase over the western subtropical Pacific,
and a strong decrease in a band from Mongolia to the
central North Pacific. These Z300 tendencies coincide
very well with the decreasing Z300 (Fig. 9b) and Z500
(Fig. 6d) across East Asia and all of the North Pacific.
In summary, the growth and maintenance of the
negative NPO/WP-like circulation response in MAM to
TP positive snow anomalies involves feedback by synoptic transient eddies propagating along the midlatitude
jet stream across the whole Eastern Hemisphere, as well
as a hemispheric-scale dipole of meridional stationary
WAF anomalies centered in the Northern Pacific. This is
consistent with previous studies that find a strong dynamical connection between the Pacific zonal flow and
the synoptic eddies (Lau 1988; Ren et al. 2008, 2010).

4. Conclusions
This study focuses on seasonal-scale widespread TP
snow anomalies that generally originate in the autumn
or winter and persist through spring or longer, and finds
consistent near-global responses in observations and
simulations. Heavy TP snow anomalies first cause significant regional surface cooling and increased precipitation over and surrounding the TP. An induced remote
NPO/WP-like teleconnection response in the NH troposphere and stratosphere then extends across the
Pacific basin. Cayan (1992) found the surface heat flux
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associated with the NPO circulation to have a tripole
structure, with consequences for SST. The enhanced
Pacific trades in the negative NPO phase (weakened
Aleutian low) are linked with tropical/subtropical ocean–
atmosphere variability, specifically the Pacific meridional mode (Chiang and Vimont 2004) and ENSO
(Vimont et al. 2003). Due mainly to downstream temperature advection, SAT and T500 responses in Fig. 6
show a three-band anomaly structure in the Pacific
similar to the pattern of SST anomalies linked with the
negative NPO (Cayan 1992; Linkin and Nigam 2008).
Other responses extend equatorward into the tropical
Pacific and Indian Oceans, poleward to the western
Arctic, and westward to the North Atlantic. These results indicate the important role of TP snow anomalies
in transient variability in spring when ENSO typically
starts to decay and has weak global impacts, and highlight the need for dynamical prediction systems to correctly represent and forecast the evolution of interannual
TP snow variability for improving their skill at predicting the surface spring climate in Asia and North
America. Our results here also underscore the potential
roles of springtime TP snow anomalies in simultaneous
ocean–atmosphere interaction in the tropical Pacific and
Indian Oceans.
Heavy winter TP snow can lead to a remote hemispheric PNA-like response caused by the eastward
propagation of Rossby waves and transient eddy feedbacks (Wu et al. 2011; Liu et al. 2017). Wang et al. (2017)
report that a negative WP-like response in summer to
increasing albedo in the western TP from late autumn to
early spring of the next year is simulated (their Fig. 10e).
Therefore, TP snow anomalies in nearly all seasons are
important sources of variability of the large-scale atmospheric circulation at seasonal and interannual time
scales, and on ocean–atmosphere variability in the tropical/
subtropical Pacific. On a multidecadal scale, TP snow
was generally light during the 1960s and 1970s, heavy in
the 1980s and 1990s, and light since 2000 (Zhang et al.
2004; Si and Ding 2013). Such decadal TP snow variations may play an important role in decadal teleconnections including the Pacific decadal oscillation and
Arctic Oscillation, and further research is needed about
possible effects of long-term TP snow trends on future
global climate changes.
At present, passive microwave remote sensing is the
only efficient way to monitor temporal and spatial variations in snow depth at a large scale. Satellite mapping
of snow depth and SWE has lower accuracy than for
SCE, especially in mountainous and heavily forested
areas (Vaughan et al. 2013). Previous research finds that
existing snow SCE and SWE products have uncertainties over the TP (Dai et al. 2017). Although CLM4.0
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combines realistic radiative, ecological and hydrologic
processes (Oleson et al. 2010), snow processes are a
major weakness in land surface models (Dirmeyer et al.
2006). Snow parameterization in such complex terrain as
the TP is always challenging. Since TP snow forcing is
prescribed from satellite SCE and SWE, CLM4.0 icesnow albedo calculations can lead to uncertainties in
surface diabatic heating. However, modeled hemispheric
responses are induced by physically based large-scale
dynamics. Observational and modeled results are remarkably consistent, which should not be simply a random coincidence. Our previous simulations with the same
models and experiment design reproduce the link of large
positive autumn and winter TP SCE anomalies to the
PNA teleconnection in winter (Liu et al. 2017). Therefore,
we conclude that the main conclusions here are not distorted by uncertainties of satellite SCE and SWE over the
TP, or by CLM4.0 snow-albedo calculations. However,
the quality, appropriateness, and reliability of observational data is still an important caveat for modeling
studies, because data limitations can affect the realism of
both input scenarios and model outputs. This suggests the
importance of continued development of long-term observational satellite TP snow datasets.
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