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ABSTRACT: Inßuences from the tropical PaciÞc and Indian Oceans and atmospheric internal variability on the South
China Sea (SCS) atmospheric circulation and cold tongue (CT) variabilities in boreal winter and the relative roles of remote
forcings at interannual time scales are studied using observational data, reanalysis products, and coupled model ex-
periments. In the observation, strong CT years are accompanied by local cyclonic wind anomalies, which are an
equatorial Rossby wave response to enhanced convection over the warmer-than-normal western equatorial PaciÞc
associated with La Niña. Also, the cyclonic wind anomalies are an atmospheric Kelvin wave response to diabatic cooling
anomalies linked to both the decaying late fall negative Indian Ocean dipole (IOD) and winter atmospheric internal
variability. Partially coupled experiments reveal that both the tropical PaciÞc airÐsea coupling and atmospheric internal
variability positively contribute to the coupled variability of the SCS CT, while the airÐsea coupling over the tropical
Indian Ocean weakens such variabilities. The northwest PaciÞc anticyclonic wind anomalies that usually precede El
NiñoÐSouthern OscillationÐindependent negative IOD generated under the tropical Indian Ocean airÐsea coupling
undermine such variabilities.
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1. Introduction

During boreal winter, the South China Sea (SCS) displays cli-
matologically warm sea surface temperatures (SSTs) strongly reg-
ulated by surface heat ßuxes involving airÐsea interaction (Liu et al.
2004; Koseki et al. 2013; Wu and Chen 2015; Thompson et al. 2016;
Seow and Tozuka 2019; Xiao et al. 2018). Located in the center of
the AsianÐAustralian monsoon system (Chang et al. 2005b), SSTs
over the SCS are strongly forced by the East Asian winter monsoon,
but the SSTs in turn inßuence the regional monsoon (Koseki et al.
2013; Wu and Chen 2015; Wu 2016).

A key feature of the SCS winter SST pattern is an elongated
cool SST pool extending from southern China to the Vietnam
coast and to peninsular Malaysia. This is known as the ÔÔcold
tongueÕÕ (CT) (Liu et al. 2004; Varikoden et al. 2010; Koseki
et al. 2013; Thompson et al. 2016). Climatologically, from
November to February, the SCS winter monsoon results in
latent heat loss and southward advection of cold water over the
western SCS, leading to the formation of CT (Seow and

Tozuka 2019; Fig. 1a). On the interannual time scale, the
northern CT (i.e., 108Ð208N) variability is mainly controlled by
latent heat, while the southern CT (i.e., 28Ð108N) variability is
controlled by horizontal advection. These are contrasted with the
basinwide SST variability, which is mainly controlled by latent
heat ßux anomalies under El NiñoÐSouthern Oscillation (ENSO)
events, as noted byWang et al. (2006)and Liu et al. (2014).

At the same time, the winter monsoon is strongly modulated by
various tropical remote forcings, such as ENSO (Wang et al. 2000;
Wang and Zhang 2002) in the tropical PaciÞc and the Indian Ocean
basin mode (IOBM; Watanabe and Jin 2002; Annamalai et al. 2005)
and Indian Ocean dipole (IOD; Yang et al. 2010; Yuan et al. 2012;
M. Chen et al. 2016) in the tropical Indian Ocean. Those adjacent
oceans affect the SCS atmospheric conditions through the MatsunoÐ
Gill response (Matsuno 1966; Gill 1980). For example, different
ENSO types inßuence or are inßuenced by the Indian Ocean, which
in turn control the strength of anticyclonic wind anomaly over the
SCS and western PaciÞc (e.g.,M. Chen et al. 2019; Xiao et al. 2020).
However, it is still difÞcult to quantify the relative contributions
of these interannual remote forcings on atmospheric circulation
anomalies over the SCS and the CT variability. This is partly
because the tropical PaciÞc and Indian Oceans are known to
exert inßuences on each other. For instance, the ENSO can force
both positive IOBM and IOD via atmospheric equatorial
Rossby waves (Ashok et al. 2003; Annamalai et al. 2005; M.
Chen et al. 2019) and the IOD can inßuence the western tropical
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PaciÞc via an atmospheric Kelvin wave that in turn affects the
ENSO evolution ( Luo et al. 2010; Wu et al. 2012).

Another factor is the atmospheric internal variability. For
example, many studies have characterized convectively coupled
equatorial waves occurring at the intraseasonal time scale, like
atmospheric Kelvin waves (Baranowski et al. 2016; W. T. Chen
et al. 2019), tropical depression-type waves (Fukutomi 2019),
and the MaddenÐJulian oscillation (MJO; Madden and Julian
1971; Chang et al. 2005a; Lim et al. 2017). However, no study to
date has investigated the impact of atmospheric internal vari-
ability on the SCS atmospheric circulation and CT at the inter-
annual time scale.

Motivated by the above, we aim to understand how each
tropical remote forcing affects the SCS atmospheric circulation
that controls the CT variability on the interannual time scale
using observational data, reanalysis products, and coupled
model experiments. We Þrst provide a description of the data
and model experiment designs insections 2and 3, respectively.
Section 4 outlines the multivariate empirical orthogonal
function (MEOF) method used to capture the coupled airÐsea
modes of variability. Section 5 discusses the winter atmo-
spheric patterns that control the CT variability via reanalysis
and observational data analyses.Section 6analyzes the relative
contributions of different tropical remote forcings through

FIG . 1. (a) NDJmean850-hPa windandDJF meanSSTover the SCSregionaveraged inthe reanalysis/observationdata. The (b) Þrstand (c)second
modes of MEOF structures of NDJ mean 850-hPa wind and DJF mean SST anomalies over the 1982Ð2015 period expressed as covariances between
PC with SST and wind. Percentages of explained total variance for each mode of MEOF are indicated in parentheses. SST and wind data within the
green box covering the SCS (08Ð208N, 1008Ð1208E) in (b) and (c) are the input data for the MEOF anal ysis. Covariances betweenunscaledÞrst PC time
series with NDJ (d) net shortwave radiation, (e) latent heat ßux, and (f) horizontal advection and surface oceanic current. (g) First mode PC time series,
with dashed lines indicating the one standard deviation thresholds and blue (red) solid circles indicating strong (weak) CT years.
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coupled model experiments. Section 7 summarizes the key
results and suggests potential future research directions.

2. Data

We focus on the study period when satellite observations are
available for the SST, which spans from 1982 to 2015. For all
the datasets described next, monthly mean data are used. The SST
data with a 18 3 18 horizontal resolution are from the National
Oceanic and Atmospheric Administration (NOAA) Optimum
Interpolation Sea Surface Temperature (OISST), version 2, dataset.
It is based on the PathÞnder Advanced Very High Resolution
Radiometer (AVHRR) infrared satellite data from 1982 to 2005
and operational AVHRR data from 2006 onward ( Reynolds et al.
2002). The atmospheric data of 850-hPa zonal and meridional winds
and surface heat ßuxes are from the ERA-Interim reanalysis
dataset of the European Centre for Medium-Range Weather
Forecasts (ECMWF). They have a T255 spectral resolution and 60
vertical levels from the surface to 0.1hPa (Dee et al. 2011). The
zonal and meridional surface ocean current data with a 18 3 18
horizontal resolution were obtained from the Ocean Reanalysis
System 4 (ORAS4), as implemented by the ECMWF based on
the Nucleus for European Modeling of the Ocean (NEMO) model
(Balmaseda et al. 2013). The rainfall data of a 2.58 3 2.58horizontal
resolution were obtained from the Global Precipitation
Climatology Project (GPCP), version 2.3, dataset, which combines
observations by satellite over land and oceans, and those of
land rain gauges and soundings (Adler et al. 2003). Anomalies
are calculated by removing the monthly climatologies, and the
long-term linear trend is removed via a least squares Þt in all
observational and reanalysis data and model results.

3. Model and experiment design

We use the version 2 of the Scale Interaction Experiment
Frontier (SINTEX-F2) coupled model ( Masson et al. 2012). The
atmospheric component is ECHAM 5.3, which has a horizontal
resolution of T106 with 31 vertical levels (Roeckner et al. 2003). A
mass ßux scheme (Tiedtke 1989) is applied for cumulus convection
with modiÞcations for penetrative convection (Nordeng 1994). The
oceanic component is NEMO, which has a horizontal resolution
of ORCA05 with 31 vertical levels without any further reÞnement
over the tropics (Madec 2008). The model is also embedded
with the Louvain-la-Neuve Sea Ice Model, version 2 (LIM2;
Timmermann et al. 2005). The atmospheric and oceanic ßuxes are
exchanged every 2 h with no ßux correction using the Ocean
Atmosphere Sea Ice Soil, version 3 (OASIS3), coupler (Valcke
2013). Previous studies (e.g.,Terray et al. 2012;Doi et al. 2016) have
shown that the model can realistically simulate tropical and mid-
latitude interannual variability over the Indian and PaciÞc Oceans.

We have performed Þve experiments to understand the
relative contributions of different remote forcings to the SCS
atmospheric circulation governing the CT variability. Each
experiment is integrated for 100 years, but the Þrst 30 years are
treated as the spinup run, and only the last 70 years are ana-
lyzed. In the control run, the ocean and atmosphere are freely
and globally coupled. In the tropical PaciÞc and Maritime
Continent (TPMC) [tropical Indian Ocean and Maritime

Continent (TIOMC)] run, the ocean and atmosphere are freely
coupled only over the tropical PaciÞc (Indian Ocean) and
Maritime Continent, whereas the SST in other areas is strongly
nudged to the monthly SST climatology of the control run
using the surface heat ßux. The ocean and atmosphere are
freely coupled only over the Maritime Continent, and the SST
in other areas is strongly nudged to the control run climatology
in the Maritime Continent (MC) run. Last, in the no tropical
Indian OceanÐtropical PaciÞc (noTIOTP) run, the ocean and
atmosphere are freely coupled everywhere except over the
tropical PaciÞc and Indian Oceans. The airÐsea coupling and
SST nudging areas are illustrated inFig. 2, and the remote
forcings that inßuence the SCS atmospheric circulation and CT
variabilities for each experiment are summarized inTable 1. By
comparing results of all Þve experiments, we can quantitatively
assess the individual impacts of each tropical remote forcing
within this model. Such decoupled experiments using SINTEX-
F2 have been successfully used to understand tropical remote
forcing impacts in other regions (e.g., Morioka et al. 2014;
Prodhomme et al. 2015; Crétat et al. 2018; Kataoka et al. 2018),
but this is the Þrst time that the method is applied to the SCS.

4. MEOF analysis

We analyze the coupled airÐsea modes of variability via an
MEOF analysis of the winter SCS (08Ð208N, 1008Ð1208E) SST (T)
and 850-hPa zonal and meridional winds (U, V). To perform the
MEOF analysis, a two-dimensional input data matrix X is Þrst
prepared:
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Here, t represents the number of time steps andn represents
the total number of grid points. Then, a singular value de-
composition of X is performed to obtain three matrices,

X 5 YDZT , (1)

where Y is the normalized principal component (PC) time series
matrix after dividing by the square root of eigenvalue, D is the
square root matrix of eigenvalues corresponding to the covariance
matrix of time-mean-removed X, andZT is the transpose matrix of
eigenvectors or spatial patterns. The columns ofY (X) are or-
thogonal in time (space). Here, D is a diagonal matrix of rank t,
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whose elements are the eigenvaluesl 1 . l 2 . � � � . l t . The
percentage of explained variance (PEV) of mth eigenvalue l m

corresponding to the mth MEOF mode is

PEV 5
l m

�
t

i5 1
l i

3 100%. (2)

Note that each column of eigenvectors inZ has a unit magnitude,
thePCtimeseriesmatrix is theproductofY andD,and theeigenvalue
of mth MEOF denotes the magnitude of combined variance of SST
and 850-hPa wind for themth mode. For the input data, the wind data
over land areas are omitted to focuson the airÐsea interaction. The
input data for the MEOF analysis are unnormalized for two reasons.
The Þrst is to retain the variance of leading mode to increase its sta-
tistical robustness. The second is to obtain eigenvalues dependent on
the data variance in different experiments in order to compare relative
contributions of tropical remote forcings in section 6.

5. Local and remote atmospheric impacts on CT
variability

a. Local atmospheric impact on CT

Since the SST lags the winter mixed layer temperature ten-
dency by one month in the SCS (Seow and Tozuka 2019), we
perform an MEOF analysis on the NovemberÐJanuary (NDJ)

mean wind and DecemberÐFebruary (DJF) mean SST data. The
leading mode of MEOF, expressed as covariances between the
leading mode PC time series with SST and 850-hPa wind, captures
strong CT associated with cyclonic wind anomalies at the center of
SCS (Fig. 1b). The spatial pattern shows a zonal SST contrast that
deÞnes the CT feature, consistent with the CT deÞnition adopted
by Varikoden et al. (2010) and Seow and Tozuka (2019). We also
calculate the CT SST index deÞned based on the DJF SST mean
contrast between the CT (28Ð208N, 1038Ð1138W) and non-CT (28Ð
108N, 1138Ð1208E) regions, which is the area-averaged SST
difference between the CT and non-CT regions, with the
long-term linear trend removed ( Seow and Tozuka 2019).
The CT SST index is strongly correlated with the Þrst PC
time series at 2 0.82, which is statistically signiÞcant at the 99%
conÞdence level based on the StudentÕst test. The Þrst MEOF
mode explains 50% of the total variance, while the second mode
(Fig. 1c), capturing the basinwide SST variation linked to the
prevailing northeast monsoon variability, explains one-Þfth of the
total variance. Since the eigenvalues between the Þrst two modes
are well separated according to the standard error criterion by
North et al. (1982) and the Þrst PC time series is strongly corre-
lated with the CT SST index, we focus on the Þrst mode as a
measure of CT and its associated atmospheric forcing variabilities.

To understand how the cyclonic wind anomalies force the
CT variability, we assess the key thermodynamic terms that
control the SST tendency over the SCS in winter, which are the

FIG . 2. AirÐsea coupling (shading) and SST nudging (white) areas for (a) TPMC, (b) TIOMC, (c) MC, and
(d) noTIOTP runs.

TABLE 1. Types of remote forcing for the control, TPMC, TIOMC, MC, and noTIOTP runs.

Control TPMC TIOMC MC noTIOTP

Tropical PaciÞc airÐsea coupling � �
Tropical Indian Ocean airÐsea coupling � �
Atmospheric internal variability � � � � �
Tropical Atlantic and extratropical oceans

airÐsea coupling
� �
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net shortwave radiation, latent heat ßux, and horizontal ad-
vection terms (Seow and Tozuka 2019). The SST horizonal
advection term ADV is calculated as

ADV 5 2
�

u
› T
› x

1 y
› T
› y

�
, (3)

where T is the SST;u and y are the zonal and meridional surface
oceanic currents, respectively; andx andy represent the longitudinal
and latitudinal axes, respectively. Since the net shortwave radiation
anomalies are negative in the entire basin (Fig. 1d), the shortwave
radiation is unlikely to induce the zonal contrast of SST anomalies.
Considering that the climatological NDJ 850-hPa winds over the
SCS are northeasterlies (Fig. 1a), the cyclonic wind anomalies gen-
erally induce stronger (weaker) winds and more (less) latent heat
loss over the northern (southern) basin as seen inFig. 1e. Hence, the
latent heat anomalies are not responsible for the zonal SST contrast
as well. In contrast, a zonal contrast with negative (positive) hori-
zontal advection anomalies is found in the western (eastern) part of
the southern SCS (Fig. 1f). This is due to cyclonic ocean current
anomalies that are driven by cyclonic wind stress anomalies and they
transport cold (warm) water southward (northward) over the
western (eastern) basin. Hence, it is the wind-driven cyclonic surface
ocean current anomalies that control the CT variability.

b. Remote atmospheric impacts—Tropical Paci�c and
Indian Oceans

To identify combined impacts of airÐsea coupling over the
tropical PaciÞc and Indian Oceans on the SCS cyclonic wind
anomaly and CT variations, we analyze the NDJ mean Indo-
PaciÞc 850 hPa wind, rainfall, and SST anomaly composite maps of
strong CT years (Figs. 3b,d). We refer to the Þrst PC time series and
deÞne a strong (weak) CT year in which the PC value lies above
(below) the one (negative one) standard deviation threshold (Fig.
1g). We also calculate how signiÞcantly different the anomalies are
between the strong and nonstrong (nonweak and weak) CT years
composites based on the nonparametric two-tailed MannÐWhitney
U test at the 90% conÞdence level. Since composites of strong and
weak CT years are nearly symmetric to each other, we focus only on
the strong CT years throughout the rest of this paper.

In Fig. 3b, we observe negative (positive) SST anomalies
over the central-eastern (western) equatorial PaciÞc, implying
that strong CT years are accompanied by canonical La Niña
episodes. Over the Indian Ocean, a negative IOD pattern is
seen during the SeptemberÐNovember (SON) period (Fig. 3a),
whereas basinwide SST cooling over the equatorial Indian
Ocean forced by La Niña, representing the negative IOBM,
can also be seen (Fig. 3b; Chowdary and Gnanaseelan 2007). A
pair of off-equatorial cyclonic wind anomalies straddles over
the SCS and northwest Australia, around 1208E longitudinal
line. The cyclonic wind anomalies are accompanied by positive
(negative) rainfall anomalies that represent enhanced (sup-
pressed) deep convection and diabatic heating (cooling)
anomalies occurring over the Maritime Continent and equa-
torial western PaciÞc (western equatorial Indian Ocean) as
seen inFig. 3d. Westerly and easterly wind anomalies lie to the
west and east of the cyclonic wind anomaly pair, respectively.
These anomalies represent the classical MatsunoÐGill pattern
(Matsuno 1966; Gill 1980), where diabatic heating anomalies
over the western equatorial PaciÞc force easterly anomalies
over the central equatorial PaciÞc as a Kelvin wave response
and a pair of cyclonic wind anomalies over the SCS and
northwest Australia as a Rossby wave response. On the other
hand, diabatic cooling anomalies in the western and central
equatorial Indian Ocean induce an atmospheric Kelvin wave
and equatorial ridge anomalies in the form of westerly wind
anomalies over the central and eastern equatorial Indian
Ocean. As explained byXie et al. (2009), the equatorial ridge
anomalies associated with the Kelvin wave enhances off-
equatorial tropospheric positive (negative) wind curl anoma-
lies, convergence, and convection over the western PaciÞc
(northwest Australia). The diabatic heating anomalies arising
from the enhanced off-equatorial convergence excite a Rossby
wave response that ampliÞes the cyclonic wind anomaly pair
under the circulationÐconvection feedback (Xie et al. 2009).
The atmospheric Kelvin wave mechanism is validated by the
model experiments in which airÐsea coupling over the western
PaciÞc and northwest Australian basins are suppressed, as
discussed later in section 6c. Thus, it seems that both the
equatorial PaciÞc and Indian Oceans contribute to the cyclonic

FIG . 3. Composites of SST and 850-hPa wind anomalies for strong CT years in (a) SON and (b) NDJ. (c),(d) As in (a) and (b), but for
rainfall anomalies for SON [in (c)] and NDJ [in (d)]. A total of 5 years (1995/96, 1996/97, 1998/99, 2005/06, and 2007/08 SeptemberÐ
January) out of 33 years of the study period are included in the composites. Only SST and rainfall anomalies signiÞcantly different from
nonstrong CT years based on the two-tailed MannÐWhitneyU nonparametric test at the 90% conÞdence level are shown.

15 MAY 2021 S E O W E T A L . 4107

�8�Q�D�X�W�K�H�Q�W�L�F�D�W�H�G���_���'�R�Z�Q�O�R�D�G�H�G���������������������������������$�0���8�7�&



wind anomaly pair during La Ni ña winters, as corroborated by
Z. Chen et al. (2016).

We further conÞrm the relationship between the Þrst PC
time series with ENSO, IOBM, and IOD via a correlation
analysis. We deÞne the ENSO index as the area-averaged NDJ
mean of SST anomalies in the Niño-3.4 region (58SÐ58N, 1708Ð
1208W). The IOBM index is the area-averaged NDJ mean of
SST anomalies in the tropical Indian Ocean basin (108SÐ108N,
408Ð1008E). The IOD index is deÞned as the difference of area-
averaged SON SST anomalies over the western (108SÐ108N,
508Ð708E) and eastern (108SÐ08, 908Ð1108E) Indian Ocean. The
correlations of the Þrst PC time series with the ENSO, IOBM,
and IOD indices are 2 0.74, 2 0.55, and2 0.68, respectively.
These correlations are statistically signiÞcant at the 99% con-
Þdence level based on the StudentÕst test.

Over the western equatorial PaciÞc, we can interpret the
winter diabatic heating anomalies as a response to the local
positive autumn and winter SST anomalies underneath them
(Figs. 3a,b). However, over the equatorial Indian Ocean, the
winter atmosphere is sensitive to the winter SST only over
the western basin instead of the whole basin. This is seen from
the diabatic heating anomaly dipole pattern accompanying the
underlying basinwide SST cooling over the Indian Ocean
during winter ( Fig. 3b). In agreement with Kohyama and
Tozuka (2016), observational analyses show that during winter
the local SST controls the convection strength only over the western
equatorial Indian Ocean, whereas it is the opposite over the eastern
equatorial Indian Ocean. While the westerly wind anomalies pre-
vailing over the equatorial Indian Ocean and Maritime Continent
are forced by the diabatic heating anomaly dipole pattern, the
negative IOBM is not behind such diabatic heating anomaly dipole
pattern. This is conÞrmed byM. Chen et al. (2016) in their SST
sensitivity experiments; the westerly wind anomalies cannot be
forced under the tropical Indian Ocean basinwide SST cooling. The
dipole pattern of diabatic heating anomalies seem to be related to
the preceding autumn negative IOD, when SST tends to force
convection over the whole tropical Indian Ocean in autumn that
persists into winter (Fig. 3a; M. Chen et al. 2016).

c. Remote atmospheric impact—Atmospheric internal
variability

Apart from the contributions from both equatorial PaciÞc
and Indian Oceans, atmospheric internal variability may also
play a role in the SCS cyclonic wind anomalies during the
strong CT years. We investigate this by Þrst removing ENSO
and IOBM years and repeating the MEOF analysis. Given that
the heating anomaly dipole pattern is related to the IOD, we
also remove ENSO and IOD years and repeat the MEOF
analysis. Years in which the ENSO index is below the2 0.5
(above the 0.5) standard deviation threshold are deÞned as La
Niña (El Ni ño); years in which the IOBM index is below
(above) the 2 1 (1) standard deviation threshold are deÞned as
negative (positive) IOBM events. Years with the IOD index
below (above) the 2 1 (1) standard deviation threshold are
deÞned as negative (positive) IOD years. We obtain 6 (10)
years out of 33 years of the study period that are non-ENSO
and non-IOBM (non-IOD) years. As the sample size after
removing ENSO, IOBM and IOD years is small, we only show
the MEOF patterns but not composite analyses of strong
events without ENSO, IOBM, and IOD.

As shown in Fig. 4, results for the removal of ENSO and
IOBM, and ENSO and IOD years are consistent with each
other. The Þrst MEOF patterns in Fig. 4 show a CT feature
with aloft cyclonic wind anomalies similar to Fig. 1b. This
suggests that atmospheric internal variability may also be re-
sponsible for the cyclonic wind anomalies.

6. Relative contributions of different tropical remote
forcings

Since observational data analysis cannot totally distinguish
contributions from both the tropical forcings and atmospheric
internal variability, we further investigate their relative con-
tributions using model experiments. Comparing the SCS SST
and 850-hPa wind climatology in the control run (Fig. 5a) with
those in the OISST and ERA-interim ( Fig. 1a), the model can

FIG . 4. As in Fig. 1b, but after removing (a) ENSO and IOBM years and (b) ENSO and IOD years prior to MEOF
analysis. A total of 6 (10) years out of 33 years of the study period are non-ENSO and non-IOBM (non-IOD) years.
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