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ABSTRACT
Recently it has been shown that the area extent of Eurasian snow cover during September–October–November
(SON) and the principal component of the leading mode of extratropical Northern Hemisphere (NH) climate
variability in the following winter are statistically correlated. In this paper, physical linkages between SON
Eurasian snow cover and the wintertime climate variability in the NH atmosphere are postulated. And in order
to test the proposed hypotheses, comprehensive analyses of satellite-based observations for snow cover and
reanalysis data for geopotential heights and sea level pressure are used.
The magnitude of the correlation between snow cover and climate variability is found to be inversely proportional to the height suggesting that snow cover may act as a lower boundary forcing to the tropospheric
circulation. Conversely, however, an index constructed to capture the downward propagating circulation anomaly
from the lower stratosphere to the middle troposphere is shown to be as highly correlated with snow cover
variability as the Arctic oscillation derived from sea level pressure.
A mechanism involving the vertical propagation of Rossby waves is proposed to explain this apparent contradiction. Anomalous fall snow cover variability not only alters near-surface temperatures but also impacts
upward propagating Rossby waves. Changes forced in the stratosphere by anomalous snow cover are not realized
until later in the winter season when the troposphere and stratosphere are actively coupled.

1. Introduction
Boreal winter [Dec–Jan–Feb, (DJF)] atmospheric circulation exhibits strong low-frequency variability on interannual, decadal, and interdecadal timescales. The
dominant mode of winter climate variability in the North
Atlantic region is recognized as the North Atlantic oscillation (NAO); a large-scale seesaw in atmospheric
mass between the subtropical high and the polar low.
The pattern is also identified by out of phase temperature
fluctuations between Greenland and Scandanavia. The
anomaly pattern associated with the NAO was first reported by Walker and Bliss (1932). The NAO is not
only the dominant mode of variability regionally in the
North Atlantic, but also the dominant mode of atmospheric variability found for the entire Northern Hemisphere (NH) in the mid- to high latitudes. The associated
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hemispheric-scale pattern of variability is referred to as
the Arctic oscillation (AO; Thompson and Wallace
1998). The hemispheric-scale mode has been shown to
have a barotropic structure, from the surface, through
the troposphere, and into the lower stratosphere, and is
associated with hemispheric-scale surface temperature
trends with warming over the landmasses and cooling
over the oceans (Hurrell 1995, 1996; Thompson et al.
2000). In recent years its relation with low-frequency
climate variability in the Arctic region, including sea
ice concentration (Mysak and Venegas 1998), the
strength of the Icelandic low (Serreze et al. 1997) and
Aleutian low (Overland et al. 1999), and variations in
the upper-layer circulation of the Arctic Ocean (Polyakov et al. 1999) have been demonstrated. An important
question that has not been convincingly answered remains: What are the forcing mechanisms for the interannual to decadal variability in the NAO (AO) pattern?
Due to the long timescales of the leading mode of
winter climate variability, the oceans have been favored
as the forcing mechanism. Observational studies have
shown an NAO-like dipole pattern of variability in sea
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surface temperature (SST), surface air temperature, and
atmospheric circulation on the decadal timescale (e.g.,
Deser and Blackmon 1993; Kushnir 1994). The potential role of SSTs in the atmospheric circulation variability has also been investigated using coupled general
circulation models (GCMs). Some numerical experiments are successful in reproducing the recorded atmospheric variability from the observed SST time series
(e.g., Latif et al. 2000; Mehta et al. 2000; Osborn et al.
1999; Rodwell et al. 1999; Watanabe et al. 1999; Bretherton and Battisti 2000; Robertson et al. 2000). However, despite efforts from both observational and computational studies, no clear lead–lag and cause–effect
relation has been established, which shows that the
ocean is forcing the atmosphere in the North Atlantic
basin. Such a caveat has been proposed by Bretherton
and Battisti (2000). They argue that the reproduced atmospheric variability in numerical models is not physical but merely a stochastic outcome, and that predictability is limited to only a few seasons.
On shorter intraseasonal timescales, the NAO (AO)
pattern has been related to waves originating from the
troposphere (Perlwitz et al. 2000) or the stratosphere
(Baldwin and Dunkerton 1999). The polar night jet
shows the largest extratropical circulation variability in
the wintertime NH stratosphere. In addition to the theoretical suggestions of Charney and Drazin (1961), and
Matsuno (1970), other studies have been conducted on
the coupling between the troposphere and the stratosphere, and its association with the leading mode of
variability during boreal winter (Kodera et al. 1996;
Kodera and Koide 1997). The structure and strength of
the stratospheric polar-night jet influence the reflection
and transmission properties of vertically propagating
planetary waves forced in the troposphere (Boville
1984). The feedback can be bidirectional between the
troposphere and the stratosphere (Hartley et al. 1998).
In the case of a weak polar vortex, the upward propagation of tropospheric waves is favored and precedes
the poleward and downward shift of negative zonalmean zonal wind anomalies from the midlatitude stratosphere, and the formation of an annular pattern in the
troposphere (Kuroda and Kodera 1999). Kodera and Kuroda (2000) discuss two different types of coupling between the troposphere and the stratosphere: one favored
in late autumn/early winter and has tropospheric origin,
while the other preferentially occurs in mid-/late winter
and originates in the stratosphere. Baldwin and Dunkerton (1999), using lag correlation between the strength
of the AO mode at various levels both in the troposphere
and the stratosphere, show that the strength of the mode
propagates downward from the lower stratosphere to the
midtroposphere on a timescale of a few weeks in winter.
Understanding of the dynamical mechanism involved in
maintaining the AO is still on going. One possibility,
as discussed by DeWeaver and Nigam (2000), is through
the coupling between the zonal-mean flow and waves.
Forcing of the interannual pattern of variability as-
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sociated with the NAO (AO) mode has also been attributed to other factors such as natural and anthropogenic
changes in atmospheric chemistry (Kodera and Yamazaki 1994; Shindell et al. 1999; etc.). To date however,
no firm conclusions have been reached.
Recently it has been shown that September, October,
and November (SON) Eurasian snow cover and the leading mode of NH climate variability during the following
DJF are significantly correlated (Cohen and Entekhabi
1999, hereafter CE99; Watanabe and Nitta 1998, 1999;
Bamzai 1999). This significant linear lag correlation between Eurasian snow cover and NH climate in the cold
season suggests potential predictive value, although the
sources of variations in the Eurasian snow cover are not
yet clear.
Important properties of snow and ice cover included
high reflectivity and emissivity, strong thermal insulation, and, when melting, the consumption of latent heat
(Kuhn 1989; Cohen 1994).
The relation between anomalous snow cover and the
climate system, both at the surface and in the troposphere, has been demonstrated in observational studies.
Walsh et al. (1985) and Leathers and Robinson (1993)
presented the local and remote effect of anomalous snow
cover in North America. Gutzler and Rosen (1992) surveyed subcontinental-scale correlation between snow
and the climate, while Serreze et al. (1998) described a
simultaneous relationship found in the United States.
Numerical experiments using GCMs have also been performed to investigate the impact of anomalous snow
cover on the climate. Yamazaki (1989) and Yasunari et
al. (1991) focused on spring snow cover anomalies
while Walland and Simmonds (1997) demonstrated the
impact of midwinter snow.
The relation of Eurasian winter/early spring snow
cover to the monsoon activity in the following warm
season has been recognized for most of the past century
and reported in both observational studies and numerical
simulation studies. Hahn and Shukla (1976) showed a
negative correlation between the two using 9 yr of data.
Bamzai and Shukla (1999) and Kripalani and Kulkarni
(1999), using different gridpoint snow depth data, also
found the inverse correlation between wintertime western Eurasia snow depth and the summer Indian monsoon
rainfall. Similarly in GCM studies with different resolutions and physics incorporated, Barnett et al. (1989)
and Douville and Royer (1996) successfully reproduced
decreased rainfall following winters with increased
snow depth (water equivalent). More recently, Gutzler
(2000) showed the same inverse relationship between
summer monsoon rainfall and spring snowpack for the
southwestern United States.
As mentioned earlier, besides the long history linking
winter/spring snow cover with monsoon circulation,
more recently, observational studies have linked autumn
snow cover with winter atmospheric circulation (CE99;
Watanabe and Nitta 1999). CE99 showed that anomalous Eurasian snow cover in autumn is significantly cor-
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related with the mid–low-tropospheric atmospheric circulation variations in the following winter. They hypothesize that autumn snow cover anomalies influence
the winter atmospheric circulation anomaly pattern
through the strenghtening and the expansion of the Siberian high into the Arctic and North Atlantic sectors.
Further, Cohen et al. (2001, hereafter CSE01) demonstrated that the anomalous sea level pressure and temperature patterns associated with the winter AO originate in the fall in Siberia, in the region of highest snow
cover variability.
Previous studies linking fall snow cover with winter
atmospheric circulation anomalies (CE99, CSE01) have
only investigated the two-dimensional (latitude–longitude) atmospheric response to snow cover forcings.
Also, posed physical mechanisms, linking snow cover
and atmospheric circulation anomlies, have been limited
to thermodynamic arguments. In this study, the nature
of the relations between autumn Eurasian snow cover
anomalies and the leading mode of interannual variability of the winter climate is investigated, not only
horizontally but also vertically from the surface to the
lower stratosphere, based on circulation statistical diagnostics and analysis of the observational data. Also
a possible dynamic mechanism linking the two is presented.
In order to improve our understanding of the role
played by snow on the large-scale climate, it is essential
to have as coherent and as accurate an observational
dataset of snow as possible, with large coverage in both
time and space. At the time of this study the best available dataset of Eurasian autumn snow cover is the remotely sensed dataset by the National Oceanic and Atmospheric Administration (NOAA) (Robinson et al.
1993). This dataset is used in the present study and will
be explained in section 2. Also in section 2, other datasets used in this study and their quality control are
discussed. The main modes of climate variability are
defined in terms of circulation anomalies in section 3.
The results of correlation analysis between these modes
of interannual climate variability and Eurasian snow
cover variations are shown in section 4 and the changes
in correlation as a function of season are presented in
section 5. A discussion on the hypothetical connection
between those variables follows in section 6, while section 7 summarizes the overall results of this study.
2. Data
a. Atmospheric pressure and geopotential height
Pressure reduced to mean sea level (MSLP) and geopotential heights from 500 to 10 hPa for the extratropical
Northern Hemisphere (poleward of 208N) were obtained
from the National Center for Environmental Prediction–
National Center for Atmospheric Research reanalysis
(Kalnay et al. 1996, hereafter referred to as the reanalysis). Analysis was conducted on gridded data of 58 3
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58 (latitude by longitude) resolution. The reanalysis data
are a merger of numerical model forecasts and observations. In regions with sparse observations, the concern
is that the model systematic errors are strongly evident
in the reanalysis fields.
For quality control purposes, daily sea level pressure
data in the Arctic region (poleward of 708N) from the
reanalysis were compared with the twice-daily surface
pressure data provided by the International Arctic Ocean
Buoy Data Products, which are collected and processed
at the Polar Science Center, University of Washington,
as part of the International Arctic Buoy Program (IABP;
Thorndike and Colony 1980). The spatial gridding of
this dataset is 108 in longitude and 28 in latitude, and
the data used in this study span from 1979 to 1998,
recorded twice daily. It is important to note that the
reanalysis data incorporate the buoy observations and,
therefore, are not independent from the IABP data; however, the IABP data are not subject to model biases.
Reanalysis MSLP data give lower values, on the order
of 1.0 hPa or less, relative to the IABP dataset over the
Arctic Ocean during all the months examined (Sep–
Feb), suggesting that the reanalysis tends to underestimate the mean sea level pressure in high latitudes.
Nevertheless, the two datasets can be regarded as consistent when the intrinsic errors (on the order of 1.0 hPa
in the IABP dataset) are considered. Over Greenland,
on the other hand, the IABP dataset tends to have lower
values and the maximum bias is greater than 8.0 hPa.
Even so, the root-mean-square errors are of the same
order as the biases (ca. 8 hPa). However, given that the
MSLP values over Greenland are not the primary interest in this study, the large errors over that region due
to topography do not affect our conclusions.
b. Snow cover
Monthly snow cover extent data from March 1972 to
February 1999 are calculated from the weekly snow
cover area dataset produced by NOAA visible satellite
imagery compiled at Rutgers University (Robinson et
al. 1993). The original visible imagery has a spatial
resolution of about 1.1 km, but the aggregated areas
represented by a grid in the charts range from 16 000
to 42 000 km 2 . The satellite imagery is currently the
best available dataset, advantageous in its coherent spatial and temporal coverage and resolution. However, it
also suffers biases and inhomogeneities resulting from
various sources, for example, low solar irradiance, presence of clouds and/or forests, patchy snow cover, and
high-albedo surfaces other than snow cover. The Rutgers
University routine further derives a consistent monthly
snow cover index by weighting the number of snowcovered days in a chart week and using an improved
land mask.
In this paper we will focus on Eurasian snow cover
for all observational analysis. To represent interannual
variability in snow cover across Eurasia, the Eurasian
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snow cover extent time series in the fall season is used
as a climate index. Snow cover extent is defined as the
areal snow cover for all of Eurasia in millions of squared
kilometers. The most extensive SON snow cover, during
1972–99, was observed in 1976 for which the SON
snow index was 13.6 million km 2 , whereas the smallest
value of 8.43 million km 2 was recorded in 1988.
c. Topography
Land surface elevation data were obtained from ETOPO5, Digital Relief of the Surface of the Earth, archived
at the National Geophysical Data Center in Boulder,
Colorado. The data are generated from several databases
of land and seafloor elevations on a 59 longitude–latitude
grid. The area of interest in this study are the mid–highlatitude mountain ranges in Eurasia and North America,
over which the horizontal resolution varies from 59 to
18 depending on the sufficiency of the available data.
Elevation accuracy also varies from 1 to 150 m. In the
forthcoming figures that contain maps, we mark the
1000-m elevation level to demonstrate high topography
and terrain barriers.
3. Construction of interannual climate variability
modes
Empirical orthogonal function (EOF) analysis was
performed, using the singular value decomposition algorithm, on DJF-mean anomaly fields of MSLP and
500–50-hPa geopotential heights from monthly reanalysis data. Resultant principal components were used as
reference indices of interannual variability of the NH
climate. The time period, 1972–99, is chosen to coincide
with the period of snow cover data observation. The
analysis presented was performed on the original raw
data. However we did repeat the analysis with the data
after interannual trends were removed (not shown), and
the results were unaffected.
The AO, as defined by Thompson and Wallace (1998),
is the leading mode of variability of MSLP reproduced
by EOF analysis (in our analysis it explains 35.6% of
the total variance). The respective leading modes of 500and 50-hPa geopotential height anomaly fields and their
respective DJF indices are similarly calculated.
EOF analysis is also conducted on combined fields
in order to isolate the leading mode of covarying climate
variabilities at different atmospheric levels. The MSLP,
and 500- and 50-hPa geopotential height fields are combined and designated as MSLP, z500, and z50, respectively. Furthermore the 500- and 50-hPa height fields
are combined and designated as z500 and z50. The first
EOF mode of these two combined fields, which explain
30.8% and 30.5% of the total variance, respectively, are
similar to the barotropic pattern associated with the AO
mode from the surface to the middle stratosphere, as
shown in Kodera et al. (1996) and Baldwin and Dunkerton (1999).

As stated in the introduction, a strong association in
winter between the AO index and the downward propagation of circulation anomalies from the middle stratosphere to the troposphere on a timescale of a few weeks
has been demonstrated. In order to capture this downward propagation between 500 and 50 hPa, another reference climate mode is constructed. First, series of 30day averages of 500- and 50-hPa geopotential height
anomaly fields, poleward of 208N, are calculated for the
cold season from 1972 to 1998, whereby each 30-day
period is advanced by 15 days from the prior period.
Let p-dimensional standardized vectors, z 500,j and z 50,j ,
denote these arrays, for 500 and 50 hPa respectively, at
the jth time period (j 5 1, 2, . . . , N), where p is the
total number of grid points (p 5 p x 3 p y ; p x is the
numbers of grids in the x direction and p y is the numbers
of grids in the y direction), and N the total number of
time periods (N 5 q 3 r and q is the number of time
periods in a year, and r is the number of years). A 2pdimensional vector,

[ ]
z 500, j
z 50, j

( j 5 1, 2, . . . , N ),

defines a (simulataneous) combined array of the 500and 50-hPa geopotential height anomaly field.
Second, the norm of projection of this combined array, [zT500,j zT50,j]T , onto a subspace defined by the normalized leading EOF mode of the combined field,
[eT500 eT50]T , is computed as

[ ][ ]
e 500
e 50

T

z 500, j
T
5 e T500 z 500, j 1 e 50
z 50, j ,
z 50, j

where e denotes the transpose of e 500 . The above norm
is decomposed into two parts according to the mutually
orthocomplementary space, eT500 z 500,j and eT50 z 50,j , for 500
and 50 hPa, respectively. These constitute two different
time series of length N, presenting the temporal changes
in the loading of the leading mode pattern of the combined geopotential height anomaly field at the respective
vertical level. For the next step, the lag cross correlation
of these two time series is calculated for different values
of lag. Figure 1 shows the lag cross correlation as a
function of lag between the two series. The dashed (dotted) line indicates 95% (99%) confidence level corresponding to the calculated equivalent sample size (48)
according to Zwiers and von Storch (1995). Lag correlation of 115 day (eT50z 50,j leading by 15 days) seems
an appropriate estimate of the maximum lead correlation, considering that the significant points with more
than 99% confidence level are 0, 115, and 130 day,
and that the cross correlation is highly symmetric with
respect to the 115 day peak. The timescale of the downward propagation from 50 to 500 hPa appears to be
approximately 2 weeks. Finally, EOF analysis is performed on the lagged-combined field of z50 and z500
where z50 leads by 15 days, denoted by [z500,
T
500
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TABLE 1. Correlation coefficients between Eurasian snow cover
area and DJF primary components (indices) of EOF modes of the
fields at various levels and of various combinations. The italic values
are statistically significant at the 95% confidence level; the boldface
values are statistically significant at the 99% confidence level.

FIG. 1. Cross correlation between ‘‘projection’’ time series of 50and 500-hPa for Sep–Feb 1972–98 (solid line). Positive lags correspond to 50-hPa anomalies leading 500-hPa anomalies. Dashed (dotted) line indicates 95% (99%) confidence limit of statistical significance for the equivalent sample size of 48.

z50(115d)]. The leading mode explains 20.3% of the
total variance and is well separated by North’s criterion
(North et al. 1982). The spatial patterns at both levels
are shown in Fig. 2 with DJF time series of the primary
coefficients. The most remarkable difference of this spatial pattern from the simultaneous, barotropic pattern is
found at 500 hPa where the zonally symmetric feature
of the geopotential height pattern is strongly visible.
This mode is referred to as the upper-AO mode, or the
uAO. Also included in Fig. 2 is the northern edge of
the 1000-m-elevation contour, shown by thick lines for
the NH landmasses (except for Greenland).
The time series of the downward propagating signal
of the leading variability mode, or the uAO index, is
highly correlated with the AO index and 50-hPa geopotential heights (correlation coefficient of 0.838 and
0.877, respectively). This is consistent with the view
that a large percentage of interannual variability of wintertime sea level pressure is related to the variability
originating at upper levels in the troposphere and in the
stratosphere.
4. Correlation analysis
a. Correlation in interannual fluctuations
CE99 showed that autumn Eurasian snow cover
anomalies and wintertime 500-hPa geopotential height
anomalies are highly correlated (20.71, significant at
the 99% confidence level, for 1973/74–1995/96). In the
now-available extended time span (1972/73–1998/99),
statistically significant correlation between the two time
series is still present. Table 1 summarizes the correlation
coefficient between SON Eurasian snow cover (ESCSON )
and climate indices defined in the previous section. The
AO, z500, and z50 refer to the leading modes of variability for MSLP, and 500- and 50-hPa geopotential
height anomaly fields, respectively. In Table 1 (MSLP,
z500, z50) denotes the simultaneous, monthly combined
field of MSLP, z500, and z50, and [z500, z50(115d)]

Field

Eurasian SON

Snow cover DJF

MSLP (or AO)
z500
z50
z500, z50
MSLP, z550, z50
z500, z50(115d), or uAO

20.521
20.530
20.428
20.530
20.547
20.564

(20.405)
(20.370)
(20.211)
(20.332)
(20.377)
(20.204)

denotes the uAO index. Statistically significant correlation with two-sided 95% confidence for 27 members
is 0.381 (represented by italics in Table 1) and 99%
confidence is 0.487 (represented by bold face in Table
1).
The correlation coefficient of ESCSON with (MSLP,
z500, z50), (z500, z50), and z50 for all 27 yr is 20.547,
20.530, and 20.428, respectively. The decrease in the
correlation with altitude suggests that Eurasian autumn
snow cover anomalies may act as a lower boundary
forcing to the wintertime atmospheric circulation anomaly, especially to the leading mode of observed variability. Yet, the correlation between ESCSON and the
uAO index is 20.564 and is as large as the correlation
between ESCSON and the AO (20.521). This seems an
apparent contradiction. In addition, results of the correlation analysis with the AO (uAO) for monthly snow
cover shows that October is the most important month
with the highest correlation of 20.547 (20.575) of the
three autumn months (not listed), even though intuitively one might expect November to have the highest
correlations since it is the month with the shortest lag
with respect to winter.
One plausible hypothesis is that the midautumn
anomalous snow cover produces an extra heat sink,
modifying the topographically generated high-latitude
tropospheric stationary Rossby waves. These vertically
propagating Rossby waves then interact with the lowerstratospheric-mean circulation (Perlwitz and Graf 2001).
As a result, during winter, downward propagation of the
stratospheric zonally symmetric circulation anomalies
affects surface atmospheric variability. A more detailed
discussion of this possibility is provided in section 6.
DJF Eurasian snow cover, in turn, shows reduced correlation with the simultaneous variations of the leading
modes investigated above (Table 1). Although the AO
narrowly retains the 95% significance, the other indices
lose all significance.
b. Intraseasonal persistence and strength in the cold
season
The physical interpretation of significant correlation
among the climate indices has to be placed in the framework of inherent persistence in the time series. There
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FIG. 2. The leading mode (uAO; 20.3%) of the combined field of the 30-day averaged geopotential height at (a) 50 (with 15-day lead) and (b) 500 hPa. Negative values are dashed, and
the zero line is dotted. Thick lines are the northern edges of the 1000-m topography. Contour
interval are (a) 20.0 gpm and (b) 12.0 gpm. Light (dark) shading indicates the local correlation
exceeding the 95% (99%) statistical significance. (c) Standardized DJF time series of the principal
component of the leading modes: the uAO (solid), the AO (first EOF of MSLP; dashed), and the
first EOF of z50 (dotted).

are also important clues about the nature of NH wintertime climate variability in the abrupt shifts of persistence behavior in the indices. Intraseasonal persistence of anomalous snow cover and the AO index are
investigated on a monthly basis by autocorrelation between the adjacent months in the cold season from 1972
to 1998. Here corr (a[month1 ], a[month 2 ]) denotes the autocorrelation of a variable a between the adjacent month1
and month 2 . The climatological monthly means were
subtracted before the computations, and the results are
shown in Figs. 3a and 3b. Values larger than 0.377
(0.497) are statistically significant with 95% (99%) confidence.
The autocorrelation of month-to-month snow cover

anomaly is always significant with more than 95% confidence and changes little throughout the cold season
(Fig. 3a), whereas the AO index shows an abrupt increase in the correlation within the cold season and retains a statistically significant value thereafter. The period with higher correlations may be referred to as the
winter regime analogous to the shift to the winter hemispheric circulation in the middle atmosphere. Increase
of the correlation coefficient of the AO occurs in December from 0.1 to 0.55, maintaining a constant value
around 0.5 afterward (Fig. 3b). In other words, at sea
level the transition from the autumn to the winter regime, defined by a strong persistence of the leading
pattern of variability, occurs in December. Similar
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FIG. 3. Correlation between two adjacent months for (a) autumn Eurasian snow cover, (b) the
AO index for 1972–98, and (c) lagged correlation of the decomposed projection time series between
50 (leads by one period, i.e., 15 days) and 500 hPa. Months in (c) correspond to 50 hPa. Dashed
(dotted) line indicates 95% (99%) confidence limit of statistical significance.

change is also observed in the covarying anomalies between the midtroposphere (500 hPa) and the lower
stratosphere (50 hPa) although the transition to the winter regime occurs about 2 months earlier (not shown).
The intraseasonal change of strength of the downward
propagation is investigated, by similar examination of the
correlation between the two time series of the decomposed
projection, eT500z 500,j and eT50z 50,j (j 5 1, 2, . . . , N), defined
in section 3. The cross correlation, corr (eT500z 500,[period2] ,
eT50z 50,[period1] ), is computed between the adjacent periods
where the 50-hPa field leads by 15 days. The result is
shown in Fig. 3c. Months shown on the abscissa present
the actual months for the 50-hPa field. While the values
presented in Figs. 3a and 3b represent persistence of the
variables across adjacent months, the values presented in
Fig. 3c reflect the strength of the downward propagation
in the month presented. The latter shows that the downward propagation increases steadily in the cold season,
becoming statistically 99% significant in December. This
coincides with the beginning of strong persistence of the

AO from December on (see Fig. 3b) and is consistent with
the high correlation between the uAO and the AO.
5. Relation of winter climate with Eurasian snow
cover
Results presented in the previous section showed that
a statistically significant relation exists between autumnal Eurasian snow cover anomalies and the leading
mode of wintertime circulation variability at several atmospheric levels including sea level. In this section intraseasonal changes or evolution of the local correlation
between ESCSON and MSLP are investigated and compared with those between ESCSON and the midtropospheric 500-hPa geopotential height.
Thirty-day-mean MSLP maps regressed onto 27-yr
ESCSON in the cold season are shown in Fig. 4 for three
selected periods: November, mid-December to mid-January, and February (i.e., early, middle, and late in the
winter season). The local regression coefficient (con-
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FIG. 4. The 30-day-averaged mean sea level pressure regressed onto SON Eurasian snow cover
for the period of (a) Nov, (c) mid-Dec–mid-Jan, and (e) Feb. Contours are drawn at 60.4, 61.2,
62.0, . . . (geopotential meters or gpm). Negative values are dashed and zero line is dotted. Light
(dark) shading indicates the local correlation exceeding the 95% (99%) statistical significance.
(b), (d), and (f ) Same as in (a), (c), and (e) except for the 500-hPa geopotential height field and
contours are drawn at 64.0, 612.0, 620.0, . . . (gpm).

toured) is derived as a result of pointwise linear regression, and is equivalent to the departure from the
mean of the local MSLP corresponding to one unit standard deviation of snow cover. The area whose absolute
value of local correlation coefficient is more than 0.381

(0.487), corresponding to the statistically critical values
of more than 95% (99%) probability, is shown in light
(dark) shading. These maps delineate the location and
intraseasonal transitions of the MSLP interannual variability patterns that are linearly related to fluctuations
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in autumn Eurasian snow cover. Similar maps of MSLP
and surface temperature, regressed/correlated onto the
uAO index, were shown in CSE01.
During December a large area of significant negative
correlation emerges over the polar cap, which extends
from Siberia to northwestern Canada (Fig. 4c). This
negative area originates in the Kara Sea in late November. Another center that originates from central Asia in
late November fills the western Siberian sector in December. These negative areas cover almost the entire
polar cap, while being confined by the northern edge of
the 1000-m topography isolines.
In the meantime, positive centers with more than 95%
significance appear over both coasts of the North Atlantic in late December, coinciding with the expansion
of the Arctic negative area into the Norwegian Basin
and the Beaufort Sea. Another area of slightly positive
regression coefficients appears in the North Pacific. This
spatial pattern of Fig. 4c is reminiscent of the AO pattern. This is not surprising considering the moderate
correlation between the two time series (r 5 0.521;
Table 1).
In late winter the significant, negative area has contracted and is mostly confined to the polar cap, flanked
by two positive areas over the North Atlantic and the
North Pacific (Fig. 4e). As the season progresses, the
correlation pattern diminishes both in area and in
strength as the correlation pattern decays.
The above-mentioned transition of the centers of action in regression maps of MSLP from late autumn to
winter (Figs. 4a, 4c, and 4e) appears to support the
hypothesis raised by CE99 that fall snow cover results
in a strengthened and expansive Siberian high during
the following winter. Therefore, intrusions of positive
anomalous MSLP anomalies can be traced from Sibiera
into North America and Europe during years of extensive Eurasian snow cover. We investigated the daily
change of sea level pressure from the twice-daily IABP
dataset over the Arctic region to examine whether this
mechanism is at work using Hovmöller diagrams (not
shown). In the years 1976 and 1988 the SLP anomalies
evolved consistent with the variability in snow cover,
as proposed by CE99. In 1976, the year with the largest
autumn snow cover over the Eurasian sector, sporadic
migration of above average surface pressure was observed from Eurasia over the Arctic Ocean and into
North America in early winter. And in 1988, the year
with the least Eurasian snow coverage in autumn, below
normal MSLP was observed in the Arctic. However, the
same analysis was inconclusive for other years, possibly
due to the noisy nature of weather events on smaller
scales in time and space.
Despite the uncertainty concerning the dynamics, this
lag correlation of the winter MSLP with the autumn
Eurasian snow cover is valuable in terms of predictability of winter climate in Europe and North America.
The negative area over the Arctic and the positive areas
appearing over Europe and North America in winter
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(Figs. 4c and 4e) are a statistical suggestion that an
autumn of extensive (deficient) snow cover over the
Eurasian continent will be followed by positive (negative) sea level pressure anomalies over the Arctic and
negative (positive) sea level pressure anomalies over
Europe and North America, with a corresponding southward (northward) shift in the storm tracks (Hurrell
1995).
As for the 500-hPa geopotential height field, the regression pattern in late autumn and winter appears to
be a superposition of several teleconnection patterns
(Fig. 4b): the Pacific–North American, NAO, and European modes (Wallace and Gutzler 1981). Deser (2000)
and Ting et al. (2000) concluded that the annular appearance of the AO mode is primarily a combination of
two different modes of regional variability in the North
Atlantic and the North Pacific sectors. Therefore, the
atmospheric circulation variability in the troposphere,
associated with the autumn snow cover, may also be a
composite of different regional variabilities.
The intraseasonal transitions of the 500-hPa geopotential height variability, associated with SON Eurasian
snow cover, follow a similar pattern to that of MSLP.
Two centers of significant negative anomalies, one over
the Kara Sea and another over northwest Canada, appear
in November and eventually extend and merge over the
Arctic Ocean (Figs. 4b and 4d). In midlatitudes between
408 and 608N, four positive anomalies of a zonal wavenumber 4 appear near each coast of Eurasia, eastern
North America, and in the North Pacific (Fig. 4d). The
zonally symmetric feature persists throughout the winter
season, while the midlatitude zonally asymmetric component of zonal wavenumber 4 is replaced by that of
zonal wavenumbers 2 and 3. In late winter two other
areas of negative correlations are observed over the subtropical central Pacific and the Arabian Peninsula. As
will be stated in section 6, the intraseasonal change of
this regression pattern of 500-hPa geopotential height
field has good correspondence with changes in the vertical energy propagation of stationary Rossby waves
during NH winter.
In the regression maps (Fig. 4) discussed above, statistical significance is tested locally at each grid point.
Due to the spatial correlation of underlying data between
adjacent grid points and the multiplicity problem of conducting independent tests, a question remains whether
they are collectively significant. In order to investigate
the global significance, a field significance test was performed and the results are summarized in Table 2.
Table 2 shows the percentage area in the extratropical
NH (northward of 408N), in which the correlation between the 30-day-averaged field (i.e., MSLP or 500-hPa
geopotential height) in the corresponding period and
ESCSON index is significant at the 95% confidence level.
This value is compared with the null distribution of the
percentage area, which is produced by the Monte Carlo
method, following the method of Wilks (1995). The test
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TABLE 2. Percentage area of significant correlation in the field
significance test between SON Eurasian snow cover anomalies and
circulation anomaly fields in the cold season.
Period
1–30 Nov
15 Nov–15 Dec
1–31 Dec
15 Dec–15 Jan
1–31 Jan
15 Jan–15 Feb
1–28 Feb
DJF

MSLP

z500

1.5
6.9
16.3*
15.6*
11.3
10.0
18.3*
28.6*

9.2
15.1*
16.2*
13.1
6.8
5.3
7.6
27.9*

* Within upper 5%.

time series is produced to have the same first-order autoregression structure with the ESCSON index.
At sea level, starting from December the correlation
between MSLP and the snow cover starts to show field
significance at the 95% critical level. On the other hand,
snow cover exhibits field significance at the 95% critical
level with the extratropical NH 500-hPa geopotential
height field one period earlier (i.e., mid-November to
mid-December) than it does with the MSLP field. This
further demonstrates the apparent contradiction (even
though the correlation coefficient between snow cover
and heights decreases with altitude, the highest correlation coefficient is between snow cover and the uAO;
see section 4a), which leads us to speculate that the
effect of anomalous Eurasian snow cover first appears
in the midtroposphere or higher and then propagates
downward.
The 50-hPa geopotential height field, regressed onto
the ESCSON , shows a much simpler spatial pattern. The
pattern is primarily zonally symmetric and the zonally
asymmetric component is apparent only in zonal wavenumber 1 in mid- to high latitudes. A negative area
resides over the high latitudes in early to middle winter
and diminishes in area rapidly during late winter (not
shown).
6. Mechanisms for SON Eurasian snow influence
on DJF NH climate variability
In the previous two sections we showed that the interannual variability of ESCSON starts to show a globally
statistically significant relation with the extratropical
Northern Hemisphere sea level circulation around December, which coincides with the start of the ‘‘winter
regime’’ at sea level (see section 4b). It was also shown
that the start of global significance of snow cover variability with sea level anomaly patterns follows the global significance of snow cover with the variability in 500hPa geopotential heights by about half a month. Also
ESCSON correlates as highly with the uAO or the downward propagating, zonally symmetric signal from the
lower stratosphere to the midtroposphere, as with the
AO. The strength of this downward propagation (uAO)
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increases steadily in autumn to reach a climax in midwinter (Jan).
In general the significant lagged relationship between
autumn Eurasian snow cover variability and wintertime
NH atmospheric circulation variability raises three possibilities. First, that the significance shown is spurious
and unstable, due to the short length of data taken from
only 30 yr, and the two have no connection of physical/
dynamical significance (or in a less extreme sense the
relationship lacks temporal stationarity). Second, that
the anomalous autumn Eurasian snow cover is, in fact,
one of the major forcing terms that contribute to the
total variability of winter Northern Hemisphere atmospheric circulation. The third possibility is that there are
other common contributors that take place during or
before midautumn that affect both the autumn Eurasian
snow cover and the wintertime NH atmospheric circulation. For example it is possible that SST anomalies
are forcing both the SON snow cover and DJF atmospheric anomalies. Another potential forcing of both
SON snow cover and DJF atmospheric anomalies is the
tropospheric circulation during SON.
The above question would be partially clarified with
the help of longer coverage of snow cover data. Even
then, no cause–effect relationship is established by statistical means alone. A numerical climate model of adequate temporal and spatial resolution and refined physical/dynamical components can be used to simulate the
relative role of autumn snow cover on the interannual
variability of wintertime circulation, deepening our understanding of the dynamical mechanism.
Another possibility is to analyze through more comprehensive diagnostics derived from the basic motion
and thermodynamic fields available through the reanalysis. In this section, we provide additional observational
analysis of a possible physical mechanism linking earlyseason snow cover and NH climate variability later in
the season. We propose that SON snow cover may influence DJF tropospheric circulation by first impacting
stratospheric dynamics. To pose the hypothesis, Cohen
and Entekhabi (2001) reproduced the tropospheric
anomaly patterns associated with the NAO or the NH
dominant mode of winter variability in a general circulation model forced only by varying snow cover. In
trying to reconcile those results with other studies showing that the dominant mode of variability is forced by
the stratosphere (refer to the introduction), Cohen and
Entekhabi (2001) hypothesized that changes in the latitudinal temperature gradient forced by snow cover may
influence stratospheric dynamics. It is plausible that latitudinal temperature gradient changes forced by snow
cover lead to anomalous potential vorticity gradients in
the stratosphere, which then alter the wave refraction
index. Changes in where propagating wave energy is
deposited lead to the different observed phases of the
AO. In this section, we further pursue this idea as a
possible physical mechanism linking fall snow cover
and NH climate variability during the winter season.
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Using general circulation diagnostics and reanalysis
data, we aim to establish the following dynamical mechanism connecting anomalous ESCSON with wintertime
Northern Hemisphere climate variability. Anomalously
extensive snow cover in Eurasia in midautumn induces
perturbed thermal forcing of the lower boundary
(CSE01), resulting in the amplification of the orographically forced regional stationary Rossby wave response
(Ringler and Cook 1999). In autumn the tropospheric
stationary Rossby waves are allowed to propagate into
the stratosphere under favorable zonal-mean westerlies.
Later in winter, with the onset of strong tropospheric–
stratospheric coupling (Kuroda and Kodera 1999), a
poleward and downward shift of mean zonal wind is
expected from the stratosphere into the troposphere. Resultant stratospheric and tropospheric height anomalies
are consistent with opposite phases of the dominant
mode of variability in the NH.
We calculate the wave activity flux that diagnoses the
vertical propagation of the stationary Rossby waves
(Plumb 1985). The wave activity flux is a three-dimensional extension of the Eliassen–Palm (E–P) flux, which
illustrates the propagation of wave activity and the net
effect of the waves on the mean flow. Figure 5 shows
the zonal-mean wave activity flux and the zonal-mean
wind, u , both regressed onto the ESCSON index for selected 30-day periods. In November, an upward and
slightly poleward energy flux appears in the midlatitudes
in the troposphere and in the stratosphere (Fig. 5a).
Weakly negative zonal wind anomalies appear in the
mid- to high-latitude stratosphere. After 45 days the
upward and poleward flux is enhanced both in the troposphere and in the stratosphere. In this period negative
u is strongly enhanced (Fig. 5b) and is shifted downward
in the following month (not shown). With the end of
the winter season the energy flux becomes weak in the
stratosphere and downward in the troposphere (Fig. 5c)
while the center of easterly wind anomalies propagates
down to the lower stratosphere and weakens.
Our results, presented in Fig. 5, resemble Kuroda and
Kodera (1999) calculations of the leading propagating
mode of the common variability between the vertical
component of the E–P flux and the zonal-mean zonal
wind. Also a marked resemblance is found between the
regression pattern over the Eurasian and the Atlantic
sectors of 500-hPa geopotential height field in Fig. 4
(panels b, d, and f ) and Fig. 2 (panels a, b, and c) in
Kuroda and Kodera (1999). They demonstrate the role
of tropospheric planetary waves in the coupled variability of the NH wintertime troposphere–stratosphere.
What has not been shown is the anomalous source of
vertical wave propagation over Siberia, which takes
place earlier than the formation of the AO pattern. We
suggest this may result from anomalous cooling forced
by extensive snow cover.
Figure 6 shows a longitude–pressure cross section at
608N (averaged over all latitudes between 508 and 708N)
of the mean wave activity flux difference between the
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FIG. 5. Zonal-mean wave activity flux (arrow) and zonal wind
(shading) regressed onto SON Eurasian snow cover for 30-day period
of (a) Nov, (b) mid-Dec–mid-Jan, and (c) Feb. Positive (negative)
values are shown by solid (dashed) line and dark (light) shading.
Contour interval is 1.0 m s 21 . Zero line is dotted. Horizontal (vertical)
scale of arrow is shown at upper right of panel and represents 2.0
(0.01) m 2 s 22 .

five heaviest snow cover years (1972, 1973, 1976, 1993,
and 1998) and the five lightest snow cover years (1979,
1980, 1988, 1990, and 1992) for the same three 30-day
periods as shown in Fig. 5. In November, anomalous
upward propagation is initiated around 608E in the lower
troposphere in years of extensive snow cover (Fig. 6a).
Through early and midwinter the region of strong upward flux spreads over from 608E to the date line (Fig.
6b). In late winter some remnant upward flux is still
seen over eastern Eurasia, but the major fluxes over
Eurasia are downward.
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anomalies (Fig. 7e). While the region of upward flux
anomaly is shifted to the south and another large area
of upward flux anomaly is found over the northern North
Atlantic. Presented in Figs. 7b, 7d, and 7f are the 5-yr
composite differences of the horizontal distribution of
Eurasian snow cover, for 1 month earlier than periods
presented in the corresponding maps in Figs. 7a, 7c, and
7e. This demonstrates the geographical collocation of
the region of greatest snow cover difference and the
area of the greatest anomalous upward propagation, in
the Eurasian sector. The 1-month lag is probably because it is the resultant heating anomaly that is forcing
the changes in vertical propagation rather than the presence of snow cover itself; however, the reason for the
lag of 1 month, found between the two fields, needs to
be investigated further.
These results support the hypothesis proposed that
connects autumn Eurasian snow cover anomalies and
the leading mode of the winter Northern Hemisphere
variability. However, the evidence is somewhat circumstantial. There are also gaps in the theoretical understanding on the dynamical mechanism of the tropospheric wave–stratospheric mean circulation interaction
(Perlwitz and Graf 2001). The proposed hypothesis
needs to be examined through further observational
analyses, theoretical investigations, and simulation studies with numerical models of the global atmosphere with
adequate resolution in the stratosphere.
7. Conclusions

FIG. 6. Composite difference of zonal and vertical wave activity
flux at 608N, averaged between 508 and 708N, between five heaviest
and lightest snow cover years for 30-day periods of (a) Nov, (b) midDec–mid-Jan, and (c) Feb. Horizontal (vertical) scale of arrows is
shown at upper right of panel and represents 100 (0.0625) m 2 s 22 .

The horizontal distribution of the composite difference of the vertical wave activity flux component at the
100-hPa level is shown in Figs. 7a, 7c, and 7e. In November upward fluxes are observed over high-latitude
eastern Siberia and the Gulf of Alaska, and a maximum
is found over the Bering Sea (Fig. 7a). In midwinter,
upward fluxes are strengthened and spread over a wide
area of mid- and highlatitude Eurasia and the Gulf of
Alaska (Fig. 7c). The maximum upward flux anomaly
is found over eastern Siberia. In contrast, at the end of
winter these high-latitude areas, once covered by upward flux anomalies, are largely covered by downward

Early season Eurasian snow cover (ESCSON ), from
1972 through 1998, shows statistically significant correlation with the leading modes of the Northern Hemisphere wintertime (DJF) extratropical atmospheric circulation variability with apparent barotropic characteristics from sea level to the lower stratosphere. The correlation coefficient between snow cover and the leading
mode of variability of a given geopotential height level
decreases with altitude, implying that snow cover may
act as a lower boundary forcing to the atmospheric circulation in the troposphere. However field significance
tests of the correlation between ESCSON and atmospheric
circulation fields show that the global significance is
attained earlier at the 500-hPa level by half a month
than at sea level, suggesting a downward propagation.
This apparent contradiction may be resolved through a
mechanism that incorporates the impact of snow cover
initally on the stratosphere, which then progates to the
midtroposphere and eventually down to the surface.
Further analysis shows that during the cold season
the strength of the leading mode of variability propagates downward from the lower stratosphere to the middle troposphere on a timescale of a few weeks. The
constructed variable of the downward propagating circulation anomaly, the uAO, is shown to have as high a
correlation with ESCSON as the AO.
Given the above results, a mechanism connecting
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FIG. 7. Composite difference of vertical component of wave activity flux at 100-hPa surface
between five heaviest and lightest snow cover years for 30-day periods of (a) Nov, (c) mid-Dec–
mid-Jan, and (e) Feb. Contour interval is 4.0 3 10 22 m 2 s 22 . Negative values are shaded and zero
line is dotted. Similar composite difference of Eurasian snow cover for (b) Oct, (d) mid-Nov–
mid-Dec, and (f ) Jan. Contour interval is 65, 615, . . . (%).

ESCSON anomalies and wintertime MSLP variability
through upper-level dynamics is proposed. An anomalously extensive snow cover in Eurasia in midautumn
acts as an additional thermal forcing at the lower boundary resulting in an amplification of the orographically

forced stationary Rossby wave response over Eurasia.
As autumn progresses, zonal-mean westerlies in the
stratosphere are established and propagation of the tropospheric stationary waves are allowed into the stratosphere. Evidence of anomalous upward (downward)
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propagation of stationary Rossby waves is found over
the Siberian sector in late autumn during years of more
(less) extensive snow cover. As a result of tropospheric–
stratospheric coupling, a poleward and downward shift
of zonal-mean zonal wind is expected in winter. So that
when extensive (reduced) ESCSON occurs, during the
following DJF, a weaker (stronger) polar vortex results
in the stratosphere while in the troposphere over the
Arctic positive (negative) anomalous pressures/heights
are observed while at midlatitudes negative (positive)
anomalous pressures/heights are observed.
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