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ABSTRACT
The space–time structure of intraseasonal (10–90 day) rainfall variability in the western tropical Pacific is studied
using daily 3B42 TRMM and ERA-Interim reanalysis data for the period 1998–2014. Empirical orthogonal
function (EOF) analysis of 10–90-day filtered daily rainfall anomalies identifies two leading modes in both May–
October and November–April; together these modes explain about 11%–12% of the total intraseasonal variance
over the domain in both seasons and up to 60% over large areas of the western Pacific in both climatological periods.
The two leading modes in May–October are linearly related to each other and both are well correlated with the
Madden–Julian oscillation (MJO) indices. Although the two leading EOF modes in November–April are linearly
independent of each other, both show statistically significant correlations with the MJO. The phase composites of
30–80-day filtered data show that the two leading modes are associated with strong eastward and northward
propagation of rainfall anomalies in May–October, and eastward and southward propagation of rainfall anomalies
in November–April. The eastward propagation of rainfall anomalies in both seasons and southeastward propagation related with EOF2 in November–April is linked to the development of low-level moisture flux convergence
ahead of the active convection. Similarly, the northward propagation in May–October is also connected with lowlevel moisture flux convergence, but surface wind and evaporation variations are also important. The wind–
evaporation–SST feedback mechanism drives the southeastward propagation of rainfall anomalies associated with
EOF1 in November–April. The different mechanisms for southeastward propagation associated with two leading
modes in November–April suggest dynamically different relations with the MJO.

1. Introduction
The rainfall variability in the tropical western Pacific
is characterized by the intertropical convergence zone
(ITCZ) in the Northern Hemisphere (Bain et al. 2011),
and the South Pacific convergence zone (SPCZ) in the
Southern Hemisphere (Haffke and Magnusdottir 2013).
The rainfall variability in this region is largely controlled
by the dynamics of these large-scale rainfall bands and
their interactions with the El Niño–Southern Oscillation
(ENSO) and the Madden–Julian oscillation (MJO) at
different time scales (Lau et al. 1989; Folland et al. 2002;
McPhaden et al. 2006; Hendon et al. 2007; Matthews
2012; Haffke and Magnusdottir 2013; Zhang 2013;
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Borlace et al. 2014). In particular, the intraseasonal oscillation is one of the most significant signals over the
tropical Indian Ocean, the Maritime Continent, and the
tropical western Pacific (Zhang 2005, 2013).
The intraseasonal time scale dominates rainfall variability in the western Pacific and it has a great impact on
the livelihood of people inhabiting the Pacific Island
countries. Figures 1a and 1b show the explained variance
of the intraseasonal rainfall variability (10–90-day band)
to the total daily variance over the western Pacific for
May–October and November–April based on daily
Tropical Rainfall Measuring Mission (TRMM) 3B42 data
from 1998 to 2014. In particular, up to 60% of the daily
rainfall variance is observed within the intraseasonal time
scale (Figs. 1a,b). The intraseasonal rainfall variability is
essential for the Pacific island countries where the domestic and agricultural water demands highly depend
upon the regular rainfall, because of limited water management infrastructure (Falkland and Custodio 1991;
White et al. 1999; Falkland 2002; Gawander 2007). Thus,
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FIG. 1. Fraction of daily intraseasonal (10–90 day) rainfall variance (%) to the total daily variance in (a) May–
October and (b) November–April. Fraction of daily intraseasonal (10–90 day) variance (%) explained by the MJO
in (c) May–October and (d) November–April. The 5-mm daily rainfall climatology from 1998 to 2014 is represented
by blue contours.

understanding intraseasonal rainfall variability is useful for
improving the prediction of rainfall on these time scales for
this region; and improvement in rainfall prediction skill on
these time scales could be useful in agricultural decision
making, like on the timing of planting and harvesting, use
of fertilizers, and the need for irrigation.
The MJO is the primary source of intraseasonal variability in the tropical Indo-Pacific region (Madden and
Julian 1994; Zhang 2005, 2013). It is characterized by
large-scale deep convective rainfall anomalies, originating from the Indian Ocean, propagating to the east
through the Maritime Continent and into the western
Pacific (Knutson and Weickmann 1987; Rui and Wang
1990; Hendon and Salby 1994; Matthews 2000; Zhang
2005; Hsu and Lee 2005, DeMott et al. 2015; Tseng et al.
2017). The fraction of daily intraseasonal rainfall variance associated with the MJO compared to the total
10–90-day rainfall variance is presented in Figs. 1c and
1d. The MJO explains up to 35% of the intraseasonal
variance over the western North Pacific in May–October
(Fig. 1c), and up to 25% over the South Pacific in
November–April (Fig. 1d). As the MJO explains a
considerable amount of the total daily rainfall variance
in the 10–90-day band, it is important to understand
the impacts of the MJO on the intraseasonal rainfall
variability over the western Pacific and the possible
mechanisms involved in MJO–western Pacific rainfall
teleconnection.

Past studies on the intraseasonal rainfall variability in
this region focused mostly on the western North Pacific
(Murakami 1980; Lau and Chan 1986; Chen and Murakami
1988; Lau et al. 1988; Tanaka 1992; Ding 1992; Nakazawa
1992; Wang and Xu 1997; Kang et al. 1999; Chen et al. 2000;
Wu and Wang 2001; Li and Wang 2005; Wang et al. 2009)
and very few studies discussed the intraseasonal rainfall
variability and its propagation in the South Pacific (e.g.,
Matthews and Li 2005; Matthews 2012; Van Der Wiel
et al. 2015). Proposed mechanisms for eastward propagation of the MJO include wind–evaporation–SST feedback or wind-induced surface heat exchange (Emanuel
1987; Neelin et al. 1987; Xie and Carton 2004; Lin et al.
2008), wave–CISK (conditional instability of the second
kind) (Lau and Peng 1987; Yamasaki 1969; Lindzen
1974), frictional wave–CISK (Wang 1988; Wang and Rui
1990; Xie and Kubokawa 1990), convection–water vapor
feedback and self-regulating moisture modes (Bladé
and Hartmann 1993; Kemball-Cook and Weare 2001;
Bretherton et al. 2005; Raymond and Fuchs 2009), and
multiscale interactions (Majda and Klein 2003; Majda
and Biello 2004; Biello and Majda 2005; Majda and
Stechmann 2009). The relevance of these mechanisms for
driving intraseasonal rainfall variability over the western
Pacific has not been fully studied and it is not clear which
of the proposed mechanism is more appropriate for this
region. In this context, the present study investigates the
dominant large-scale intraseasonal (10–90 day) rainfall

Unauthenticated | Downloaded 01/09/23 10:28 PM UTC

AUGUST 2019

PARIYAR ET AL.

patterns over the western Pacific, its characteristics, its
connection with the MJO, and possible mechanisms
by using the daily TRMM rainfall and ERA-Interim
reanalysis data from 1998 to 2014. Specifically, this
work addresses the following questions: (i) What are the
dominant intraseasonal rainfall patterns in the tropical
western Pacific in May–October and November–April?
(ii) What is the role of the MJO on the dominant intraseasonal rainfall modes in this region? (iii) What are the
fundamental mechanisms involved in the intraseasonal
rainfall variability?

2. Data and methods
The analysis of 10–90-day rainfall variability uses both
observed and reanalysis datasets. The observed daily
TRMM-3B42 version 7 rainfall estimates (Huffman et al.
2007) are used for EOF analysis. The TRMM data between 1998 and 2014 with a horizontal resolution of 0.258
is used. The reanalysis data is used to understand the
atmospheric dynamics associated with the observed
rainfall patterns. The daily ERA-Interim reanalysis at
0.758 3 0.758 horizontal resolution over the same period is
used (Dee et al. 2011). The selected surface variables are
sea level pressure (SLP), sea surface temperature (SST),
10-m zonal and meridional wind speed (WS), evaporation
(EVP), and vertically integrated moisture flux divergence
(VIMFD). Similarly, the pressure level fields are specific
humidity (SH), and zonal and meridional winds. The daily
total evaporation is computed by summing the cumulative
evaporation of two 12-h forecasts initiated at 0000 and
1200 UTC. The daily values for all other variables are
computed by averaging over four 6-hourly values. The
velocity potential (VP) at 200 hPa is computed from the
daily zonal and meridional winds. The MJO is defined by
using the all season Real-time Multivariate MJO (RMM)
index suggested by Wheeler and Hendon (2004). The
daily RMM index data are obtained from the Australian
Bureau of Meteorology website (http://www.bom.gov.au/
climate/mjo/). The RMM index consists of the first two
leading PCs (RMM1 and RMM2) obtained from the
combined EOF analysis of daily outgoing longwave radiation, 850-hPa zonal wind, and 200-hPa zonal wind
averaged over 158S–158N.
From the daily rainfall and atmospheric data, daily
anomalies are computed by subtracting the smoothed
multiyear mean annual cycle (sum of the first four harmonics decomposed from the mean annual cycle). The
anomalies are then detrended to remove the long-term
trend. To retain the intraseasonal variability only, we filter
out the daily detrended anomalies by applying 10–90-day
bandpass Butterworth filter. Principal component analysis (PCA) also known as empirical orthogonal function

2943

(EOF) analysis is used to understand the dominant largescale rainfall patterns over the western Pacific. The EOF
analysis is performed for daily 10–90-day filtered TRMM
rainfall anomalies in May–October and November–April
separately.
To test the significance of the leading EOF modes, we
implemented the Dommenget (2007) stochastic null hypothesis test that compares the observed EOF modes with
the EOF modes of the fitted null hypothesis. The null hypothesis is that the data can be explained by a first-order
autoregressive process, which is fitted to the statistics of the
observed time series. The observed EOF modes that are
statistically different from the fitted EOF modes are called
distinct EOF modes (DEOFs). The DEOF modes are assumed to differ from the stochastic noise hypothesis because
of a differing physical mechanism. Along with the null hypothesis test, we also apply North’s rule to confirm whether
the selected modes are statistically distinguishable from
each other and from other higher modes (North et al. 1982).
The power spectra of daily PC time series are computed
by averaging the individual power spectrum for each of
the 17 (16) years in May–October (November–April). To
test the statistical significance of power spectra, the mean
spectrum is compared with a red-noise spectrum and associated 99.9% confidence level (Torrence and Compo
1998). The 99.9% confidence level is obtained by multiplying the red noise spectrum by the 99.9th percentile
value of the chi-squared distribution (Gilman et al. 1963).
To determine the confidence level, 34 (17 years in total for
May–October) and 32 degrees of freedom (16 years in
total for November–April) are used by assuming roughly
2 degrees of freedom for each seasonal spectral estimate
(Feldstein 2000). Lag correlation analysis between the
principal components (PCs) is done to identify the phase
relation between leading variability patterns. Likewise, we
perform lag correlation analysis to establish a relationship between the MJO and the leading rainfall variability
patterns. For the statistical significance of lag correlation
coefficients, the two-tailed Student’s t statistic is used.
Because, the characteristic time scale of intraseasonal
variability is on the order of 30–80 days, the degrees of
freedom for the t statistic is estimated by identifying the
number of independent intraseasonal cycles of 30–80-day
time scale. For each season with an approximate length of
180 days, four to six cycles are observed in each PC.
Taking five cycles per season results in roughly 75 cycles in
total. Hence, for 73 (n 2 2) degrees of freedom, the critical
value of Pearson’s correlation coefficient at 95% level is
0.2. The observed correlation coefficients above this value
are considered as statistically significant.
To quantify the impact of the MJO on the 30–80-day
rainfall variability over the western Pacific, multiple regression analysis is performed between daily 30–80-day
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FIG. 2. Spatial structures of leading EOF modes of rainfall (mm day21) based on daily 10–90-day bandpassfiltered data in (a),(b) May–October and (c),(d) November–April. The two leading modes in May–October and
November–April explain about 12% and 11% of the total intraseasonal variance. The 5-mm daily seasonal climatological rainfall is represented by the green contours. Black dashed diagonal lines are the climatological position of
the mean rainfall axis of the SPCZ. The green dashed diagonal lines are the diagonal axes considered for computing
time–latitude plots for November–April in section 4c(3). The blue boxes (A–F) indicate the region chosen to compute
area-averaged rainfall and other atmospheric variables for the explanation of the mechanism in section 4c(3).

filtered rainfall anomalies and RMM indices. Composites
of rainfall anomalies at different lags are computed by
selecting strong events based on standardized PCs in order
to understand the space–time evolution of each EOF
mode. The statistical significance of the composites is
assessed by implementing two-tailed Student’s t test at
95% confidence level (Harrison and Larkin 1998). To
understand the general atmospheric condition associated
with each EOF pattern, anomaly composites of different
atmospheric fields at zero lag are constructed, and this is
followed by a significance test similar to that of the rainfall
anomaly composites. Furthermore, the space–time evolution of leading EOF modes and the associated mechanisms are studied by lag composites of rainfall and other
atmospheric-variable anomalies. These are computed over
six selected regions of maximum rainfall variance, as
identified from the EOF modes.

3. Dominant patterns of intraseasonal (10–90 day)
rainfall variability
The temporal and spatial characteristics of leading
patterns of western Pacific intraseasonal rainfall variability are identified by EOF analysis of 10–90-day

bandpass-filtered daily rainfall anomalies from 258S–
208N to 1208E–1508W; May–October and November–
April seasons are analyzed separately. The sensitivity of
the EOF analysis to the domain was checked by repeating the analysis for various domains covering the
western Pacific. The EOF modes for different domain
sizes show high positive pattern correlation coefficients
that are statistically significant at the 95% level. This
suggests that the leading EOF modes are not sensitive to
the selected domain size. The first two EOF modes in
both seasons are significantly different from variability
generated by stochastic isotropic diffusion (Dommenget
2007). According to North’s rule, the first two modes in
both seasons are also well separated from higher modes.
Figure 2 shows the spatial structure of the leading
EOF modes for May–October and November–April.
The first two EOF modes explain about 11%–12% of
total 10–90-day rainfall variance in both May–October
and November–April. Though the total explained variances are not very high, the first two modes explain
about 40% to 60% of the total daily rainfall variance in
some larger areas (Fig. S1 in the online supplemental
material) that have relatively higher climatological
rainfall and relatively large intraseasonal variance, such
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FIG. 3. Power spectra of each PC of the first two leading EOF modes in (a) May–October and (b) November–April.
The power spectrum is calculated separately for each year with 184 and 181 sample size for May–October and
November–April and then averaged over the respective 17 and 16 seasons from 1998 to 2014. The solid black line with
the circle is for PC1 and the dotted line with the circle is for PC2. The red noise spectrum represented by two lower black
lines without circle (PC1: solid; PC2: dashed) is computed from lag-one autocorrelation. The upper two gray lines without
circle (PC1: solid; PC2: dashed) is the 99.9% confidence level needed to reject a null hypothesis of red noise.

as western North Pacific in May–October and SPCZ in
November–April (Figs. 1a,b). In May–October, the EOF1
mode shows large-scale rainfall anomalies of one sign over
the western North Pacific (Fig. 2a), and the EOF2 mode
shows a meridional dipole structure with a variance maximum located at 158N and another located over the Maritime Continent (Fig. 2b). On the other hand, the first two
EOF modes in the November–April have maximum
loadings over the South Pacific. The EOF1 mode in
November–April has a maximum in rainfall variance that
is collocated with the observed climatological position of
the SPCZ (dashed black diagonal line in Fig. 2c); we will
term this mode the suppressed-enhanced SPCZ mode. In
contrast, the EOF2 mode has its maximum variance
southwest of the mean SPCZ position and we will refer to
it as the shifted SPCZ mode. The mean position of the
SPCZ (black dashed lines in Figs. 2c,d) is constructed by
following the maximum rainfall along the SPCZ of daily
rainfall climatology (1998–2014).
The power spectra of the PCs show dominant peaks
between 30–80-day period in both seasons (Fig. 3). In
May–October, these dominant spectral peaks are significantly different from the null hypothesis of a stochastic auto-regressive process of order one, while in
November–April the variability is more consistent with
the null hypothesis. The fraction of total intraseasonal
daily rainfall variance concentrated in the 30–80-day
band is approximately 49% for both PCs in May–
October, while in November–April the fractions are
47% and 41% for PC1 and PC2, respectively. The power
spectra in the 10–30-day band in both seasons for
both PCs do not provide strong evidence for a preferred
oscillatory time scale, although the spectral peaks

at roughly 25 and 15 days for the EOF2 mode in
November–April are statistically significant. In this
study, we will only focus on the 30–80-day band because
it contains a large part of the variance, there are distinct
spectral peaks, and it coincides with the typical time
scale of the MJO (Wheeler and Hendon 2004); we leave
the analysis of the higher-frequency (10–30 day) part of
the variability for future work.
To investigate the phase relationship between PCs, we
computed the lag correlation between PC1 and PC2
(Fig. 4). The lag correlation is performed for the raw PCs
(solid line) and the 30–80-day bandpass-filtered PCs
(dashed line); here it is more meaningful to compute the
correlation coefficients from 30–80-day bandpass-filtered
data because we will focus mostly on this time scale. In
May–October, PC1 tends to lead PC2 by about six (eight)
days with a maximum correlation of 0.44 (0.56) for unfiltered (filtered) data (Fig. 4a). While the relationship
between PCs is not asymmetric with respect to the positive
and negative phases for the unfiltered data, they are nearly
asymmetric for filtered data. This suggests that the two
EOF modes in May–October represent different phases of
the same mode of variability. In contrast, the two PCs in
November–April show a very weak correlation of 0.23 for
the filtered time series, and no significant correlation for
the unfiltered data (Fig. 4b). Thus, the two EOF modes in
November–April are treated as two different modes.

4. Low-frequency (30–80 day) intraseasonal
variability
We now focus on the 30–80-day frequency band
in order to understand the mechanisms driving the
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FIG. 4. Lag correlation between daily time series of PC1 and PC2 in (a) May–October and (b) November–April.
The correlation is computed for each year with 184 and 181 days segments for May–October and November–April
and then averaged over respective 17 and 16 seasons from 1998 to 2014. The solid line is for raw PCs (10–90 day) and
the dashed lines are for PCs after applying 30–80-day bandpass filter. Positive (negative) values indicate lead (lag).
Positive lags are PC1 leading PC2. The horizontal dotted line represents the 95% confidence level based on twotailed Student’s t test.

enhanced rainfall variability on these time scales, particularly during May–October, and its relation to the
MJO. The results presented in this section are based on
the 30–80-day bandpass-filtered data unless stated otherwise. To understand the space–time structures, lag
composites of rainfall anomalies are computed after
applying a 30–80-day bandpass filter to both daily PCs
and rainfall anomalies. Furthermore, we consider only
PC1 for May–October, and both PCs for November–
April; for May–October we do not consider PC2 because of its relatively strong lag relation to PC1. Positive
events are identified by local maximum PC values that
are greater than 0.5 standard deviations; negative events
are similarly defined. Lag composites are computed by
averaging rainfall anomalies over all events for each day
from the 16 days before to 16 days after the peak event
(i.e., a centered 33-day segment).

a. Space–time structures
In general, the two leading patterns of 30–80-day
rainfall variability over the western Pacific in May–
October and November–April are associated with MJOlike large-scale rainfall structures over the Indian Ocean
and the western Pacific (Fig. 5). In both seasons, eastward
propagation of rainfall anomalies from the Indian Ocean
to the western Pacific is evident between 216 days to zero
lag. Apart from eastward propagation, northward propagation in May–October and southeastward propagation
in November–April are also observed.
In May–October, 16 days before the EOF1 mode
peaks there is enhanced rainfall over the Indian Ocean
and suppressed rainfall over the western North Pacific.
As the event develops, the positive rainfall anomalies

propagate from the Indian Ocean through the Maritime
Continent, reaching maximum values over the western
North Pacific at zero lag (Fig. 5a). The positive rainfall
anomalies also propagate northward from the equatorial western Pacific to the South China Sea. Meanwhile,
the dry anomalies from the Indian Ocean replace the
positive anomalies over the equatorial western Pacific,
producing a north–south dipole structure at 18 days.
This pattern is fairly similar to the spatial structure of the
EOF2 mode (see Fig. 2b). This is consistent with the two
EOF modes in May–October representing different
phases of an eastward and northward propagating pattern of intraseasonal variability. At 116 days, the rainfall anomalies over the South China Sea weaken, to be
replaced by northward propagating negative anomalies
from the equatorial region. The northward propagation
is also observed over the Indian Ocean and the Maritime
Continent during the eastward propagating phase.
In November–April, both EOF modes exhibit similar eastward propagation of 30–80-day rainfall anomalies from the Indian Ocean to the Maritime Continent,
but they show different propagation characteristics from
the Maritime Continent to the South Pacific (Figs. 5b,c).
For the EOF1 mode, the positive rainfall anomalies
propagate from the Indian Ocean to the Maritime Continent from 216 days until its peak at zero lag (Fig. 5b).
The propagation of rainfall anomalies from the Maritime Continent to the South Pacific is less clear, with a
somewhat abrupt intensification of the SPCZ from
28 to 216 days. For the EOF2 mode, 16 days before the
event’s peak, rainfall is enhanced over the Maritime
Continent and suppressed over the South Pacific (Fig. 5c).
The positive rainfall anomalies then propagate from the
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FIG. 5. Rainfall life cycle anomaly composites (mm day21) of (left) EOF1 in May–October, (middle) EOF1 in November–April, and
(right) EOF2 in November–April. The composites are computed from the daily 30–80-day bandpass-filtered data. Events with an amplitude greater than 0.5 standard deviations of the normalized PCs are considered for this composition and only statistically significant
values at 95% confidence level are shown.

Maritime Continent to replace the negative anomalies
in the South Pacific at the event’s peak. As the event
decays, the positive rainfall anomalies in the South Pacific become weaker and are replaced by negative
anomalies at 116 days. The propagation of rainfall
anomalies from the Maritime Continent to the South
Pacific is more pronounced for the EOF2 mode compared to the EOF1 mode.

b. Relation to the MJO
As presented in the previous section, the time evolution of each of the dominant patterns of 30–80-day
rainfall variability over the western Pacific shows

similar space–time structures to the MJO (Fig. 5). To
assess the relationship between the MJO and these
patterns of variability, we perform the lag correlations
among daily time series of 30–80-day bandpass-filtered
PCs and RMM indices (Fig. 6). The maximum lag correlations among PCs and RMM indices are higher in
May–October than November–April. In May–October,
RMM1 leads PC1 by 1 day with a maximum correlation
of 0.71, while PC1 leads RMM2 by 8 days with a maximum correlation of 0.62 (Fig. 6a). Similarly, for PC2,
RMM1 leads PC2 by 8 days with a correlation of 0.56 and
the correlation between PC2 and RMM2 is maximum
(r ; 0.65) at lag zero (Fig. 6b). In November–April,
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FIG. 6. Lag correlation of each PC with RMM1 (solid lines) and RMM2 (dashed lines) index in (a),(b) May–
October and (c),(d) November–April for 30–80-day period. The correlation is computed for each year with 184 and
181 days segments for May–October and November–April and then averaged over respective 17 and 16 seasons
from 1998 to 2014. The horizontal dotted line represents the 95% confidence level based on two-tailed Student’s t
test. For positive lag, the RMM indices lead the PCs.

RMM1 leads PC1 by 2 days (r ; 0.56) and the negative of
PC1 leads RMM2 by 8 days (r ; 20.58) (Fig. 6c). For
PC2, RMM1 leads PC2 by 12 days (r ; 0.41) and PC2
leads RMM2 by 1 day (r ; 0.46) (Fig. 6d). To quantify the
variance explained by the MJO in the 30–80-day band, we
construct multiple linear regression models (four in total)
for each of the 30–80-day filtered PCs in both seasons
using both RMM indices. In May–October, the MJO
explains about 61% of the 30–80-day PC1 variance and
about 53% of the PC2 variance. Similarly, in November–
April, the MJO explains about 47% of the 30–80-day PC1
variance and about 37% of the PC2 variance.
To further identify which phase of the MJO is more
relevant to the observed EOF patterns, we compute the
pattern correlation coefficients between each of the
EOF modes and the rainfall anomaly composite patterns associated with each of the eight MJO phases. In
May–October, the EOF1 mode has a maximum positive
pattern correlation with the MJO phase 5 rainfall composite (r ; 0.92), and the EOF2 mode has a maximum

correlation with the MJO phase 6 rainfall composite
(r ; 0.89). While in November–April, phase 4 (r ; 0.76)
and 6 (r ; 0.65) show maximum positive correlations with
EOF1 and EOF2, respectively.

c. Dynamical explanation of 30–80-day variability
Three different types of analysis are performed to
identify the physical mechanisms driving rainfall variability
on the 30–80-day time scale. First, the anomaly phase
composites of atmospheric variables and rainfall at zero lag
are computed to understand the general atmospheric features associated with each EOF mode. Second, time–
longitude and time–latitude plots of rainfall anomalies are
constructed to characterize the zonal and meridional
propagation of the rainfall patterns. Last, lag composites of
area-averaged anomalies of rainfall and atmospheric variables are computed to illustrate the propagation mechanisms. We summarize these analyses in the subsections
below. Please note the following: The climatological winds
(Fig. S2) are considered in discussions of wind-driven
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FIG. 7. Composites of rainfall anomalies (shaded), and anomalies of atmospheric variables (contours and vectors)
for 30–80-day period associated with (a)–(d) PC1 and (e)–(h) PC2 in May–October. Blue contours in (a),(e) show
SLP (mb), in (b),(f) show SST (8C), in (c),(g) evaporation (mm day21), and in (d),(h) show vertically integrated
moisture flux divergence (1025 kg m22 s21). Black vectors in (a),(e) show the 10-m wind (m s21); and red contours
in (b),(f) show the 200-hPa velocity potential (106 m2 s21). The solid contours are positive values and dashed are
negative values. Only significant values at 95% confidence level are shown.

evaporation. We consider the moisture flux divergence
integrated vertically over the entire air column when relating rainfall patterns to atmospheric circulation (Figs. 7
and 8 ), while low-level (1000 hPa) moisture flux divergence is used to represent the propagation mechanism
in section 4c(3). The moisture flux divergence at 1000-hPa
level is chosen, as it is relevant to the frictional moisture
convergence theory. Furthermore, low-level moisture
flux divergence is dominated by the anomalous wind

divergence of the climatological specific humidity, while
other terms in the moisture flux divergence equation are
very small.

1) GENERAL ATMOSPHERIC CONDITION IN
MAY–OCTOBER
The spatial structures associated with the EOF1 mode
in May–October show large-scale low pressure anomalies over the western North Pacific and relatively high
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FIG. 8. As in Fig. 7, but for November–April.

pressure anomalies over the Indian Ocean (Fig. 7a).
Relatively strong westerly surface wind anomalies are
found within and to the west of the active convection,
while weaker easterly anomalies are found east of the
convection. These anomalies mostly cause strengthened
total wind to the east and west of the active convection,
because the background winds in May–October are
westerly over the Indian Ocean and easterly over the
Pacific Ocean (Fig. S2). The enhanced surface evaporation within and west of the active convection (Fig. 7c)
is consistent with the stronger wind. The surface evaporation also shows some positive anomalies to the north
of the active convection over the South China Sea. Over

the same region, anomalous easterly flow and positive
SST anomalies are also observed. The observed SST
anomalies are a few tenths of a degree and of similar
magnitude to those associated with intraseasonal variability (Hendon and Glick, 1997; Shinoda et al. 1998;
Woolnough et al. 2000; Kemball-Cook and Wang, 2001;
Cao et al. 2017). The 200-hPa velocity potential anomalies indicate that the rainfall anomalies are linked to
deep convection and to a planetary-scale circulation
pattern, in a structure consistent with the MJO (Fig. 7b).
The vertically integrated moisture flux divergence and
rainfall anomalies are in good agreement with each
other (Fig. 7d).
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For the EOF2 mode, the low pressure anomalies are
shifted to the north of the equatorial region producing
an anomalous cyclonic circulation centered around 208N
over the South China Sea (Fig. 7e). The wind anomalies
are southwesterly within and to the southwest of the
active convection and east-northeasterly to the north.
Given the background wind (Fig. S2), this leads to
stronger total wind speed in the region. Consistently,
surface evaporation is also enhanced within and to the
southwest and north of the active convection (Fig. 7g).
As for the EOF1 mode, the positive rainfall anomalies
and vertically integrated moisture flux convergence
anomalies are in good agreement (Fig. 7h). The 200-hPa
velocity potential anomalies over the western Pacific are
weaker compared to that of the EOF1 mode. This is
consistent with the weaker large-scale rainfall patterns
(Fig. 7f) and with EOF2 representing the decay phase of
this joint mode. The negative SST anomalies are collocated with the positive rainfall anomalies within and to
the north of the active convection (Fig. 7f).

2) GENERAL ATMOSPHERIC CONDITION IN
NOVEMBER–APRIL
The EOF1 mode in November–April shows enhanced rainfall over the Maritime Continent and suppressed rainfall over the SPCZ (Fig. 8a). Positive but
weaker rainfall anomalies are also observed along the
eastern coast of Australia (southwest of the SPCZ).
Over the Maritime Continent, there are westerly wind
anomalies within and to the west of the suppressed
convection, while there are strong southeasterly wind
anomalies in the South Pacific. The southeasterly wind
anomalies along the SPCZ are associated with high
pressure anomalies to the southwest of the mean SPCZ
position, and relatively lower SLP anomalies over the
Maritime Continent. The negative (positive) 200-hPa
velocity potential anomalies over the Maritime Continent (South Pacific) indicate the presence of enhanced
(suppressed) convection and are consistent with a
planetary-scale mode of variability (Fig. 8b). The SST
patterns associated with the EOF1 mode show warm SST
anomalies to the south and southeast of the active convection that extends from the Maritime Continent to the
South Pacific (Fig. 8b). While to the west of the active
convection (i.e., over the Indian Ocean), negative SST
anomalies are observed. Over the Maritime Continent,
surface evaporation is enhanced (within and to the west
of the active convection), whereas it is suppressed over
the South Pacific (Fig. 8c). Interestingly, the negative
evaporation anomalies are slightly southwest of the
suppressed convection along the SPCZ. On the other
hand, near the equatorial region to the northeast of the
suppressed convection, positive evaporation anomalies

are observed. These positive evaporation anomalies are
possibly caused by the easterly wind anomalies, as the
climatological winds here are primarily from the east
(Fig. S2c). The association between anomalous vertically integrated moisture flux divergence and rainfall is
similar but less coherent than for the EOF modes in
May–October (Fig. 8d).
In the case of the EOF2 mode, there is enhanced
convection to the southeast of the mean SPCZ position
and suppressed rainfall over the Maritime Continent
and Indian Ocean (Fig. 8e). The enhanced convection
in the South Pacific is characterized by negative SLP
anomalies along the eastern coast of Australia and an
anomalous cyclonic circulation. To the northeast of the
anomalous cyclonic center, anomalous strong northwesterly flow is collocated with the positive rainfall
anomalies. As for the EOF1 mode, the positive (negative) upper-level velocity potential anomalies over
the Indian Ocean and Maritime Continent (South Pacific) indicate suppressed (enhanced) convection that
is linked to a planetary-scale pattern of variability
(Fig. 8f). There are negative SST anomalies to the east of
the suppressed convection, and positive SST anomalies
to the west of it (Fig. 8f). The negative SST anomalies
are consistent with the increased surface evaporation
(Fig. 8g) that is likely driven by the stronger northwesterly wind from Maritime Continent to the SPCZ.
Furthermore, the vertically integrated moisture flux
convergence (divergence) anomalies and positive (negative) rainfall anomalies are in good agreement with
each other (Fig. 8h).

3) MECHANISMS FOR THE PROPAGATION OF
RAINFALL

To better understand the time evolution of the 30–80-day
rainfall variability and its relationship with atmospheric
fields, we plot time–longitude and time–latitude rainfall anomalies (Fig. 9) and phase composites of areaaveraged anomalous atmospheric fields (Fig. 10), using
30–80-day bandpass-filtered data. It is important to note
that the longitudinal averaging in the time–latitude plots
for both EOF modes in November–April are computed
by defining a diagonal axis along the enhanced and
shifted SPCZ positions, which correspond to the two
EOF modes (Figs. 2c,d). The diagonal axis is constructed
by identifying the latitudinal maximum rainfall anomaly
along the enhanced and shifted SPCZ positions and fitting linear diagonal lines to these. Because the orientation
and location of maximum loading along the SPCZ are
different in the two EOF modes, the orientations of diagonal axes are also different. For each latitude, the average value is computed from 108E to 108W of the
diagonal axis. Also, note that the time–longitude and
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FIG. 9. (a)–(c) Time–longitude plot of 30–80-day rainfall anomalies (mm day21) averaged over 108N to 58S for May–October and 58N to
108S for November–April. (d)–(f) Time–latitude plot of rainfall anomalies averaged over 1208–1508E for May–October and along the
diagonal rainfall axis over the South Pacific for November–April. In November–April, for both EOF modes, the diagonal axis is constructed by following the maximum rainfall variance along the enhanced and shifted SPCZ associated with each EOF mode. For each
latitude, the region from 108E and 108W of the diagonal axis is selected for averaging. Only significant values at 95% confidence level are
shown. Positive lags in days indicate the PC is leading.

time–latitude plots are only prepared for the EOF1 mode
in May–October, because of the relatively high lag correlation between the two PCs.
The time–longitude and time–latitude plots of rainfall
anomalies in May–October clearly show eastward
propagation from 708 to 1708E and northward propagation from 08 to 158N (Figs. 9a,d). The eastward propagation of rainfall anomalies is also present in both
EOF modes in November–April with comparable magnitudes (Figs. 9b,c). However, the southeastward propagating rainfall signals (Figs. 9e,f) are less pronounced in
November–April as compared to the northward propagation in May–October. Furthermore, the southeastward
propagation of rainfall anomalies is mostly concentrated
between 08N and 108S, while a relatively stationary signal
is observed between 108 and 208S.
The mechanisms governing the propagation of rainfall
anomalies are identified by performing extensive phase
composite and lag-correlation analysis to relate the PCs
and the anomalous atmospheric fields. In particular,
anomaly lag composites of primary atmospheric variables (SLP, SST, 1000-hPa moisture flux divergence,

evaporation, and wind speed at 10 m) and rainfall are
computed (Figs. S3–S8). The results are synthesized
in area-averaged anomaly lag composites. The areaaveraged anomaly lag composites demonstrate the
phase relationship among atmospheric fields and their
connection with the rainfall anomalies along the region
of propagation (Fig. 10). The composites are computed
by taking weighted area averages of each field over six
different regions (region A–G, Fig. 2). We selected these
regions because the rainfall signals are pronounced in
these locations and because the phase composites over
these regions are easier to interpret, as maximum rainfall anomalies occur at zero lag. In May–October, the
area-averaged time series is computed over an equatorial western Pacific (EWP) region and a northwestern
Pacific (NWP) region. The EWP region (region A,
Fig. 2) is selected to characterize the eastward propagation associated with the EOF1 mode and the NWP
region (region B, Fig. 2) is selected to characterize the
northward propagation associated with the EOF2 mode.
For November–April, a Maritime Continent (MC) region and two South Pacific (SP) regions are selected.
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FIG. 10. Lag composites of 30–80-day anomalies of rainfall (PCP) (mm day21) and other atmospheric variables. The atmospheric
variables used are SLP (mb), SST (8C), 10-m wind speed (WS) (m s21), evaporation (EVP) (mm day21), and 1000-hPa moisture flux
divergence (qDIV) (1026 g kg21 s21). The fields are averaged over (a) equatorial western Pacific region 58S–108N, 1308–1608E (region A,
Fig. 2a) for EOF1 mode in May–October; (b) Maritime Continent region 58N–108S, 1108–1408E (region C, Fig. 2c) for EOF1 mode in
November–April; (c) Maritime Continent region 58N–108S, 1108–1408E (region E, Fig. 2d) for EOF2 mode in November–April;
(d) northwestern Pacific region 58–208N, 1208–1508E (region B, Fig. 2b) for EOF2 mode in May–October; (e) South Pacific region 58–158S,
1708E–1608W (region D, Fig. 2c) for EOF1 mode in November–April; and (f) South Pacific region 58–158S, 1508E–1808 (region F, Fig. 2d)
for EOF2 mode in November–April. Positive lags in days indicate the PC is leading.

The MC region (region C and E, Fig. 2) is selected to
characterize the eastward propagation. While the two
SP regions (D and F, Fig. 2) are selected to characterize
the different southeastward propagation in the two EOF
modes. For comparison, the area-averaged fields are
standardized by their respective time standard deviations. The top row in Fig. 10 represents the eastward
propagation of rainfall and the bottom row represents
the northward in May–October and southeastward
propagation in November–April.
The phase composite approach used here assumes
that the rainfall signal is propagating. It can provide
insight on the propagation mechanisms when the composite is based on an index of rainfall averaged over a
region in the path of the propagating rainfall signal (e.g.,
Hendon and Glick 1997; Tseng et al. 2015). In this case,
the development phase of the composite also corresponds to what occurs ahead of the propagating signal,
while the decay phase of the composite corresponds to
what occurs to the rear of the propagating signal. Thus,
the time axis can be considered as the distance along the
path of propagation. The sensitivity of the results to the

selected boxes was checked by considering different
boxes shifted along the propagation pathway. Shifting
the location of the boxes along the propagation pathway
by 58–158 results in comparable relations between
anomalies of rainfall and other atmospheric variables.
This provides confidence in the propagation mechanisms. Note that the low-level moisture flux divergence
anomalies presented in this section refer to the horizontal moisture flux divergence anomalies at 1000-hPa
level.
The phase relationship between anomalies of rainfall and
atmospheric fields for the eastward propagating rainfall
signal in both seasons shows warm SST, low SLP and lowlevel moisture convergence leading the rainfall pattern. The
maximum rainfall anomalies are then followed by positive
wind speed and evaporation anomalies. Though the eastward propagating rainfall patterns in both May–October
and November–April have a similar mechanism, the phase
relationship between anomalies of rainfall and atmospheric
fields are a little different. The time lag between SST and
rainfall anomalies is 12 days (SST leading rainfall) in May–
October, while in November–April anomalies of SST lead
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rainfall by seven and five days for the EOF1 and EOF2
modes, respectively. Furthermore, the negative SLP anomalies and positive rainfall anomalies are maximum at
zero lag in November–April for both EOF modes; however, SLP anomalies tend to lead rainfall anomalies in
May–October. The eastward propagation of rainfall
anomalies does not appear to be driven by wind speed
caused changes in evaporation, as positive anomalies of
evaporation and wind speed do not lead the active convection for the EOF modes in both seasons; but they
may partly contribute to precondition the next suppressed
phase, by producing cold SST anomalies to the east of the
suppressed convection. Thus, low-level moisture flux
convergence appears to be the most relevant mechanism
for the eastward propagation of rainfall anomalies in
both seasons.
To better understand the role of low-level moisture
flux divergence, composites of moisture flux divergence
from the surface to the upper troposphere are computed
by taking the weighted area average over the same six
regions (Fig. 11). Remember that the horizontal moisture flux divergence presented here is dominated by the
anomalous wind divergence of climatological specific
humidity. Consistent with Fig. 10, the near-surface
moisture flux convergence anomalies lead the positive
rainfall anomalies by 6–10 days and becomes deeper (up
to 500 hPa) when the positive rainfall anomalies are
maximum at lag zero (Figs. 11a–c). As the propagation is
eastward, this corresponds to a westward tilt of moisture
flux convergence anomalies. Thus, low-level moisture
flux convergence ahead of the active convection appears
to help precondition the deep convection. A similar
frictional low-level moisture flux convergence mechanism has also been suggested by Tseng et al. (2015), and
our results are comparable with their findings.
Though the underlying mechanisms for the eastward
propagation of rainfall anomalies in both seasons for
both EOF modes are fairly similar, the mechanisms for
northward propagation in May–October and southeastward propagation in November–April show some
noticeable differences (Figs. 10d–f). The northward
propagation of rainfall anomalies associated with the
joint EOF mode in May–October shows positive SST
anomalies and low-level moisture flux convergence
leading the active convective phase. The time lags are
different compared to that for the eastward propagation,
in particular, anomalous low-level moisture convergence only slightly leads anomalous rainfall. The vertical
structure of moisture flux divergence anomalies is also
different; it is mainly limited to below 850 hPa and shows
little evidence of tilting (Fig. 11d). In addition, positive
anomalies of surface wind speed and evaporation are
almost in phase with the positive rainfall anomalies
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(Fig. 10d). This relation indicates that wind speed
anomalies may drive anomalous evaporation and contribute to the northward propagation of rainfall anomalies in May–October. The dominant impact of wind
speed on the evaporation over the tropical Ocean has
been documented by previous studies (Krishnamurti
et al. 1988; Hendon and Glick 1997; DeMott et al. 2014)
and our results are consistent with these. Thus, both lowlevel moisture flux convergence and evaporation could
contribute to the northward propagation of the EOF1
and EOF2 related rainfall anomalies in May–October;
and the relation among anomalies of SST, wind speed,
evaporation, and rainfall indicates a mechanism similar
to the wind–evaporation–SST feedback (Emanuel 1987;
Neelin et al. 1987; Wang 1988; Xie and Philander 1994;
Zhang 1996; Xie and Carton 2004; Lin et al. 2008).
The phase relation among anomalies of southeastward propagating rainfall and atmospheric fields are
different for the two EOF modes in November–April
(Figs. 10e,f). For the EOF1 mode, positive evaporation
and wind speed anomalies lead the active convection by
three to four days, and low-level moisture flux convergence anomalies are in phase with positive rainfall
anomalies. In contrast, for the EOF2 mode, low-level
moisture flux convergence anomalies lead positive
rainfall anomalies by seven days, but both wind speed
and evaporation anomalies are in phase with the rainfall
anomalies. Furthermore, the SLP anomalies lead the
rainfall anomalies, being almost in phase with the
moisture flux divergence anomalies. In the case of
the EOF1 mode, the SLP anomalies lead the rainfall
anomalies by around 18 days, and thus their relationship
is not clear. Interestingly, the phase relationship between anomalies of rainfall and SST are fairly similar in
both the EOF modes, with positive SST anomalies
leading positive rainfall anomalies. The relation among
SST, wind speed, evaporation, and rainfall anomalies for
EOF1 mode is reminiscent of the wind–evaporation–
SST feedback; and there is little evidence of vertical titling in moisture flux divergence for this mode over the
South Pacific (Fig. 11e). While in case of EOF2 mode,
low-level moisture flux convergence anomalies appear
to be important for the development of convection over
the South Pacific, and this is supported by the vertical
tilting in moisture flux convergence anomalies (Fig. 11f).

5. Summary and discussion
The daily TRMM rainfall data has been used to investigate the 10–90-day patterns of variability in the
western Pacific. Two leading EOF modes are identified in the May–October and November–April climatological periods. The spatial structures of 10–90-day
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FIG. 11. Lag composites of the 30–80-day moisture flux divergence (1026 g kg21 s21) from the surface to the upper troposphere based on the
standardized PCs (shaded). Negative values indicate convergence. The moisture flux divergence is averaged over the same six regions as described
in Fig. 10. The line plots are corresponding composites of standardized rainfall anomalies (mm day21) averaged over the same regions.

EOF modes in May–October closely resemble one
of the phases of Monsoon intraseasonal oscillation investigated in previous studies (Krishnamurthy and
Shukla 2008; Suhas et al. 2013; Lee et al. 2013; Shukla
2014). Similarly, the spatial structures associated with
the suppressed and shifted SPCZ modes in November–
April are fairly similar to the EOF modes obtained by
Matthews (2012).

The 30–80-day variability associated with the two EOF
modes in both climatological periods are related to the
MJO. The two EOF modes correspond to MJO phases
5 and 6 in May–October and MJO phases 4 and 6 in
November–April. In May–October, the two EOFs are
associated with eastward and northward propagation of
rainfall anomalies that resemble the typical MJO propagation patterns (Lawrence and Webster 2002; Wheeler
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and Hendon 2004; Chou and Hsueh 2010). In addition,
the two PCs exhibit a relatively high lag-correlation
and the MJO explains a large part of their variability.
Thus, the leading EOF modes in May–October appear to
be a manifestation of two different phases of the MJO.
In November–April, the two EOFs are associated
with eastward propagation of rainfall anomalies resembling the MJO, but southeastward propagation over
the South Pacific is less distinct. In addition, the lagcorrelation between the two PCs is weak and the MJO
explains relatively little variance in two PCs. Thus, in
November–April, the two EOF modes appear to be independently associated with the MJO, and are less
influenced by the MJO compared to in May–October;
this is despite that the MJO signal is overall more pronounced in December–March (Zhang and Dong 2004).
The lesser relative importance of the MJO over the
South Pacific in November–April is consistent with the
lower MJO explained variance during these months as
compared to May–October (Figs. 1c,d). Furthermore,
the difference in propagation mechanisms for the two
EOF modes in November–April could explain why the
two modes appear to be influenced by different MJO
events. Scale interactions among the MJO, ENSO, and
the SPCZ (Hendon et al. 2007; Tang and Yu 2008;
Matthews 2012) may explain why the two EOF modes
appear to be independently influenced by the MJO.
Understanding such interactions is an interesting topic
for a future study.
The eastward propagation of 30–80-day rainfall variability associated with the two EOF modes in both seasons is characterized by the low-level moisture flux
convergence mechanism, with a potential positive SST
feedback. The mechanism is consistent with the low-level
moisture convergence mechanism proposed for the
propagation of MJO (Wang and Rui 1990; Hendon and
Salby 1994; Maloney and Hartmann 1998; Matthews
2000; Sperber 2003; Lin et al. 2004; Yang et al. 2008;
Tseng et al. 2015). In particular, we show that anomalously warm SST and low-level moisture flux convergence
anomalies develop ahead of the active convection, where
at the same time there are negative wind speed and
evaporation anomalies. The positive SST anomalies to
the east of the increased rainfall could enhance the moist
static energy by increasing the surface equivalent potential temperature and thereby destabilize the atmospheric
column east of the active convection (Flatau et al. 1997;
Hendon and Glick 1997; Lau and Sui 1997; Tseng et al.
2015). On the other hand, the warm SST anomalies could
also lower the surface pressure, supporting moisture flux
convergence in advance of the convection (Wang and Xie
1998; Waliser et al. 1999; Kemball-Cook et al. 2002;
Maloney and Kiehl 2002). The enhancement of wind
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speed and evaporation a few days after the passage of
active convection and the cooling tendency of SST suggests that the evaporation is primarily controlled by the
development of westerly wind anomalies.
Low-level moisture flux convergence and wind–
evaporation–SST feedback appear to drive the northward
propagation of 30–80-day rainfall anomalies associated
with the two EOF modes in May–October. However,
low-level moisture flux convergence anomalies only
slightly lead anomalous deep convection in the northward propagation, and the vertical profile of anomalous
moisture flux divergence is very shallow (limited to
850 hPa and below). The SST here seems to be primarily driven by wind speed and evaporation, and warm
(cold) SST anomalies appear to drive low (high) sea
level pressure anomalies. On the one hand, low sea level
pressure anomalies could support frictional low-level
moisture flux convergence. On the other hand, they could
also enhance the evaporation by supporting easterly and
northeasterly wind anomalies. Cao et al. (2017) document similar northward propagation of SST anomalies
over the western North Pacific and the South China Sea
in May–October.
Different mechanisms govern the southeastward propagation of 30–80-day rainfall anomalies in November–
April over the South Pacific associated with two leading
modes. For the EOF1 mode, the wind–evaporation–
SST feedback appears to be a relevant mechanism for
the propagation, whereas, for the EOF2 mode, lowlevel moisture flux convergence seems to be important.
The mechanism driving southeastward propagation
of rainfall anomalies associated with the EOF1 mode
in November–April appears similar to that driving
northward propagation in the May–October, except
that the wind speed and evaporation anomalies now
lead instead of slightly lag the rainfall anomalies. Increase in wind speed to the southeast of the convection
could potentially enhance surface evaporation, and
thereby help to destabilize the atmosphere and supply
moisture to higher levels supporting the southeastward
propagation. Unlike the EOF1 mode, the development
of the low-level moisture flux convergence southeast
of the active convection seems to contribute to the
southeastward propagation of rainfall anomalies associated with the EOF2 mode in November–April. The
essential role of moisture flux divergence in the case of
the EOF2 mode is also supported by the tilted vertical
profile of anomalous moisture flux divergence over the
South Pacific. However, the maximum moisture flux
divergence anomalies are not at the surface as in the
other cases. Here, the maximum moisture divergence
anomalies are observed at 850-hPa level. It is not clear
why this is the case and it needs further study.
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An interesting feature associated with the 30–80-day
rainfall variability in November–April is the link between rainfall anomalies over the South Pacific and the
circulation anomalies over the South China Sea (Figs. 7
and 8). A statistically significant signal of strong northerly flow from the South China Sea to the South Pacific is
evident in the phase composites at zero lag for both EOF
modes (Figs. 8a,e), but the signal is more pronounced
in the EOF2 mode. Consistent with the wind anomalies,
the surface evaporation anomalies are also positive over
the South China Sea (Figs. 8c,g). Such strengthening
of the circulation over the South China Sea and associated positive evaporation feedback, particularly in the
case of the EOF2 mode, may interact with the eastward
propagating MJO signal over the Maritime Continent
(Chang et al. 2005; Chang et al. 2016), and consequently
modulate the rainfall variability over the South Pacific.
Hence, understanding of such interaction and its implication to the 30–80-day rainfall variability over the
South Pacific could be useful to explain the discrepancy
in the propagation mechanisms for two EOF modes in
November–April.
In summary, the investigation of intraseasonal rainfall
variability and its relation to the MJO presented here helps
to explain the key characteristics of the dominant rainfall
patterns, with their eastward and northward propagation
in May–October and their eastward and southeastward
propagation in November–April. Based on previous
studies along with results presented here, we suggest that
the low-level moisture flux divergence and the wind–
evaporation–SST feedback mechanism are relevant for
the intraseasonal rainfall variability over the western
Pacific. However, the different propagation mechanisms
for two dominant EOF modes in November–April and
their linear relation with MJO suggests dynamically different relations with the MJO. Numerical experiments
would be helpful to better understand such discrepancy in
the mechanisms and the connection to the MJO.
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