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ABSTRACT
Climatological monthly upper-ocean temperature anomalies from the annual mean in the subtropical southwest
Pacific Ocean show a characteristic out-of-phase relationship between the mixed layer and the underlying water.
The mixed layer temperature anomalies in the subtropical gyre and midlatitudes are consistent in the spatial
distribution and phase expected from solar radiation. However, below the mixed layer, the temperature anomalies
between 108S and 308S are coherent throughout the water column to 450-m depth and are almost 1808 out of
phase with the mixed layer temperatures. This pattern of temperature anomalies describes vertical movements
of the thermocline more closely linked to the seasonal variations in the wind stress curl.
To test this hypothesis, a one-dimensional linear vorticity model was forced using the Hellerman and Rosenstein
monthly wind stresses across the entire width of the South Pacific Ocean. This simple wind-driven model has
considerable skill in predicting the gyre-scale pattern of change in the phase and amplitude associated with
thermocline variations in the subtropical gyre. Experiments, varying the Rossby wave speed, showed that a
better representation is achieved with speeds of 2 to 2.5 times that observed from altimeter observations. Overall,
the inclusion of long Rossby waves appears to be a very important contribution to the amplitude of the thermocline
depth variations in the southwest Pacific. Furthermore, this important Rossby wave contribution is supported
by the large-scale anomaly patterns obtained from more sophisticated three-dimensional dynamical ocean models.

1. Introduction
Most oceanographic work in the southwest Pacific
has focused on either the East Australian Current (EAC)
(Hamon 1965; Godfrey et al. 1980; Boland and Church
1981; Church and Boland 1983; Church 1987), the Tasman Front (Andrews et al. 1980; Mulhearn 1987), mesoscale eddies shed by the EAC (Mulhearn et al. 1986;
Lilley et al. 1986; Mulhearn et al. 1988), or on the largescale steady circulation within the region (Wyrtki 1962;
Ridgway and Godfrey 1994). These studies have shown
that the EAC and the Tasman Front are constantly meandering and shed discrete eddies. The frequency of
discrete eddy formation from the EAC is about two per
year and appears to be related to the seasonal cycle
(Godfrey et al. 1980). Calculations of the strength of
the EAC from wind stress data using the Sverdrup balance indicates that the EAC has a net transport of about
25 Sv (Godfrey 1989). However, this transport is weak
when compared with the transport of the other western
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boundary currents such as the Gulf Stream, the Kuroshio, and the Agulhas.
The apparent seasonality in the strength of the EAC
and the generation of mesoscale eddies has implications
for the large-scale structure of the subtropical gyre (158–
408S) and for the circulation in the equatorial region
and Coral Sea. Seasonal changes in the transport of the
EAC implies that there has been an adjustment of the
subtropical gyre and that this adjustment must be reflected in temperature anomalies within the water column.
In this paper, we focus on the seasonal cycle of the
depth variations of the thermocline across the southwest
Pacific derived from existing bathythermograph data for
the period 1955 to 1988. This emphasis on the gyrescale seasonal cycle has several distinct advantages.
First, the distribution of the historical data favors the
examination of large-scale variations rather than the
shorter scales in time and space that are required to study
the EAC directly.
Second, large-scale seasonal variations in sea surface
heights can now be sampled globally by satellite altimeters such as the TOPEX/Poseidon satellite (Stammer
and Wunsch 1994; Minster et al. 1995). It is of interest,
therefore, to understand and evaluate the vertical chang-

q 1999 American Meteorological Society
Unauthenticated | Downloaded 07/06/22 12:47 AM UTC

MARCH 1999

HOLBROOK AND BINDOFF

367

es in temperature (and salinity) implied by the sea surface height measurements from this satellite. Such internal changes in the temperature field describe the baroclinic component of the altimeter height variations and
is important for assimilation techniques that depend on
vertical extension schemes that propagate information
from the sea surface to the bottom of the ocean (De
Mey and Robinson 1987; Haines 1991).
Third, due to the large spatial scales, it is possible to
examine the dynamical processes that drive the thermocline variations using a simple wind-driven model.
For the subtropical gyre, where this model is found to
be appropriate, we are able to explore the role of local
forcing, through Ekman pumping, and the role of Rossby waves on the seasonal cycle of the thermocline.
The structure of this paper is as follows. Section 2
describes the data analysis, section 3 presents the results
of the data analysis, section 4 the comparison of the
observed thermocline variations with a simple windforced model, and section 5 is the final discussion.
2. Data and analysis
The ocean temperature data used in this study are
from the archives of the National Oceanographic Data
Center (National Oceanographic Data Center 1991) and
represent the most comprehensive compilation of oceanographic measurements available for this region. A total
of almost 40 000 mechanical and expendable bathythermograph (MBT and XBT) casts are included in this
analysis of the temperature data for the southwest Pacific
region between 08 and 508S, 1408E and 1808 during the
period from 1955 to 1988. The distribution of these data,
after quality control, is shown in Figs. 1 and 2. Given
the large number of observations and the limitations of
computer resources, the data handling was made much
more convenient by subdividing the original dataset.
Based on the general circulation pattern in the region
and the amount of data reduction required, four subregions were selected with reference to the local dynamics. Further, since the focus of this paper is on the
large-scale seasonal variations across the region, and
since the data near the East Australian coast are strongly
affected by mesoscale eddies, which are noise in the
analysis, the observations between 308 and 378S and
eastward from the East Australian coast to 1548E, were
not included in the study. Since a major aim of this
study was also to produce regularly gridded maps of the
temperature distribution over the data domain, these
subregions were chosen to contain a 28 overlap at each
of the north–south and east–west boundaries that would
ensure continuity of the mapped isotherms across the
boundaries. A complete description of the data, quality
checks, and data preparation are provided in Holbrook
(1994).
The upper-ocean temperature measurements are fourdimensional, but are irregularly distributed in space and
time. First, the bathythermograph profiles were linearly

FIG. 1. Spatial positions and frequency histogram of all MBT casts
retained after quality control of the data. Individual subregions are
numbered accordingly while their boundaries are defined to overlap
one degree beyond their respective marked bounding lines.

interpolated at 5-m depth intervals. Second, in order to
homogenize these unevenly distributed ocean temperature data, they were optimally interpolated onto a regular grid in space and time. The spatial grid is the same
as that for the Comprehensive Ocean–Atmosphere Data
Set (Woodruff et al. 1987), that is, 28 3 28, while the
temporal grid points were centered on each month. The
mapping of the ocean temperature data in time and space
was performed using a combination of empirical orthogonal functions (EOFs) and objective mapping. This
approach follows the methods used by Fukumori and
Wunsch (1991) and Bindoff and Wunsch (1992) in their
analysis of hydrographic data.
The procedure for interpolating the data and producing the monthly gridded climatology involves the following steps. First, the temperature profiles were organized into 12 individual monthly groups identified by
each ‘‘365.25/12 day’’ month. Essentially, all January
data were organized into one group, all February data
into another group, and so on. Second, the EOFs of the
vertical structure of the temperature data were determined and only the significant modes retained. Third,
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FIG. 2. Spatial positions and frequency histogram of all XBT casts
retained after quality control of the data. Individual subregions are
numbered accordingly and their boundaries are defined to overlap
one degree beyond their respective marked bounding lines.

the corresponding spatial–temporal modes, associated
with the position in time and space of each MBT/XBT
profile, were objectively mapped onto both their data
positions (for statistical reliability checks) and onto the
regular grid. It was found here that only a small number
of significant EOFs needed to be mapped. Finally, the
gridded temperature field was reconstructed at each grid
point (with errors) by expanding the mapped EOFs by
their coefficients.
The data matrix used in the EOF procedure consisted
of normalized differences between the temperature data
and the a priori mean (see appendix). Here, the a priori
mean field was modeled as a second-order polynomial
in latitude and depth and an annual and semiannual
harmonic fit in time. The normalization factor used in
the EOF procedure was the estimate of the a priori noise
(see appendix). The a priori noise represents the noise
associated with the unresolved physical processes such
as internal waves and mesoscale eddies and other sources of noise that occur with instrument type and reporting
technique.
The objective mapping of the data used a zonal scale
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of 48, a meridional scale of 28, and a timescale of 90
days. The longer zonal length scale was used because
the ocean temperature field is quasi zonal in this region.
This choice of scales is consistent with the data distribution in time and space over the observation period.
The objective mapping procedure also gives an objective estimate of the random error at each grid point.
This error estimate takes into account variations in data
density caused by, for example, changes in ship routing.
The final gridded temperature field is a monthly climatology determined from all of the available data, in
5-m depth intervals, to 450-m depth.
Statistical checks of the objective mapping were performed to ensure that the residuals were unbiased and
consistent with the a priori noise (Holbrook 1994). It
was found that the vertical structure of the temperature
data could be described to within the noise using only
five EOFs, which explained more than 90% of the total
variance in the data for each subregion. This small number of required modes shows that the vertical temperature profiles contain strong vertical correlations. Consequently, computing time was reduced by a factor of
36, resulting from the objective mapping of only five
modes instead of the original 91 vertical levels, that is,
a reduction of 18 times each for mapping onto the original data positions and the model grid. After objectively
mapping the temperature data in the four subregions,
the subregions were blended to produce the full southwest Pacific region dataset by averaging the data across
the 28 overlapping boundaries. For a more detailed description of the various components of the analysis procedure see the appendix.
In summary, the EOF analysis not only reduced the
data to only five modes explaining most of the overall
variance, but it was also successful in identifying the
relevant physical scales of both shallow and deeper
depths. It should be noted that a form of EOF analysis
(rotated principal components analysis) has also been
applied to the uniformly gridded temperature time series, that is, the time history of temperature changes
over the entire 1955–88 period in the southwest Pacific
region. That particular study provided information about
the important spatial and temporal patterns of interannual variability in the region derived from the same set
of temperature observations (Holbrook and Bindoff
1997).
3. Observed seasonal variability
a. Wind stress curl
The monthly mean vertical wind-stress curl fields
were calculated by taking finite differences of the
monthly mean wind stresses from Hellerman and Rosenstein (1983). Figure 3 shows the wind-stress curl
anomalies across the entire South Pacific Ocean for the
months of February and June when the local wind stress
curl anomalies are at their peak amplitudes in the gyre
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FIG. 3. Monthly mean wind-stress curl anomalies from the annual
mean across the South Pacific Ocean for the months of February and
June. Wind stress curl anomalies are in units of 1028 N m23 .

region of the southwest Pacific. During both of these
months, it is clear that the large band of anomalies extends in a west-northwest to east-southeast orientation
across the subtropics and into the central eastern Pacific.
The positive wind stress curl observed over the subtropics of the southwest Pacific Ocean is continually

FIG. 5. Hovmöller plot of monthly and zonally averaged depths of
the 148C isotherm (equatorward of 368S) and 138C isotherm (poleward of 368S) in the southwest Pacific Ocean. Depths are in meters.

forcing downwelling in the center of the gyre. Between
108 and 308S, the wind stress curl changes sign during
the seasonal cycle. These sign reversals are associated
with the north–south excursions of the southeast trade
wind maximum during the year.
Figure 4 shows a Hovmöller plot of the climatological
monthly wind stress curl anomalies from the annual
mean, zonally averaged across the southwest Pacific
Ocean region. These zonal averages of the data are
across ocean points only: that is, from either the eastern
coastlines or western boundary of the southwest Pacific
Ocean region (1418E), across the southwest Pacific basin
(as defined by the boundaries shown in Figs. 1 and 2).
In the subtropics (158–308S), the maximum negative
wind stress curl anomalies occur during February while
the maximum positive wind stress curl anomalies occur
from June to August. South of 308S there is almost a
1808 change of phase in the wind stress curl anomalies.
b. Subsurface thermal variability

FIG. 4. Hovmöller plot of zonally averaged anomalies of the monthly mean wind stress curl from the annual mean over the southwest
Pacific Ocean for each month of the seasonal cycle. Wind stress curl
anomalies are in units of 1028 N m23 .

The observed seasonal variability of the depth of the
thermocline in the southwest Pacific, as calculated from
the monthly climatological temperature atlas, is presented. These variations are examined primarily through
variations in the depth of the 148C (D148C) isotherm.
This isotherm is used as a proxy for the depth of the
pycnocline and is a reasonable choice of isotherm for
the Tropics and subtropics (e.g., Meyers 1979). However, near 358S, the 148C isotherm rapidly approaches
the surface (Fig. 5). Thus, for latitudes poleward of
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FIG. 6. Climatological Mar and Oct anomalies, from the annual mean, of the depths of the 148C isotherm (equatorward
of 368S) and 138C isotherm (poleward of 368S) in the southwest Pacific Ocean. Depth anomalies are in meters and
positive anomalies indicate that the isotherms are deeper.

358S, this choice of isotherm is unsuitable. From close
examination of the temperature data, it was found that
the 138C isotherm was the most suitable isotherm for
representing the thermocline at these latitudes. Although

FIG. 7. Hovmöller plot of monthly and zonally averaged anomalies,
from the annual mean, of the depths of the 148C isotherm (equatorward of 368S) and 138C isotherm (poleward of 368S) in the southwest
Pacific Ocean. Depth anomalies are in meters and positive anomalies
indicate that the isotherms are deeper.

we have used two specific isotherms here to represent
thermocline motions, the seasonal atlas shows that below the mixed layer the temperature changes are vertically coherent over the entire depth range of the XBT
data.
The variability in the depth of the thermocline (i.e.,
D148C/D138C anomalies) in the southwest Pacific
Ocean region has large spatial scales (Fig. 6). These
scales are larger than the scales used in the objective
mapping. For the subtropics, a very coherent pattern
between 108 and 308S of negative D148C anomalies
during March indicates that the thermocline is raised in
late summer to early autumn; that is, the subsurface
temperatures are cooler than the annual average during
this time. Conversely, in October, the D148C anomalies
in this region indicate that the thermocline is depressed
in mid spring; that is, the subsurface temperatures are
warmer than the annual average during this time.
The most coherent changes in the depth of the D148C
isotherm occurs over the main part of the subtropical
gyre in this region (cf. Fig. 5). Furthermore, the sign of
the depth changes for the peak months of March and
October (Fig. 6) remains the same across the entire gyre
region for which data are available, whereas the longitudinal shape of the anomalies suggests that the zonal
scales are at least the 308 of longitude encompassing
the southwest Pacific basin (with the main peak structure
extending over about 158 of longitude). Because of these
long zonal scales, the seasonal pattern is presented as
a simple Hovmöller plot (Fig. 7) of zonally averaged
depth anomalies. The maximum amplitudes in the depth
of the thermocline for the subtropics (158–258S) are observed during March (215 m) and October (115 m)
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FIG. 8. The vertical structure of zonally averaged monthly mean
temperature anomalies, to 450-m depth, along 198S in the western
Pacific Ocean. Temperature anomalies are in degrees Celcius.

with a smooth transition between these two periods. The
pattern is represented by a single seasonal harmonic
with only the slight suggestion of a semiannual period.
South of 308S, the maximum amplitudes in the depth
of the thermocline tend to occur earlier in the year than
at lower latitudes, with the thermocline shallowest in
January/February and deepest in July/August. North of
108S, the seasonal cycle is dominated by a semiannual
period.
The difference between the mixed-layer seasonal cycle and the seasonal cycle of the depth of the thermocline is best shown in a Hovmöller plot of the vertical
temperature structure near the middle of the subtropical
gyre (Fig. 8). Here, the zonally averaged monthly mean
temperature anomalies to 450-m depth along 198S in
the southwest Pacific indicate that warm mixed layer
anomalies occur during the austral summer and autumn
(December to May) extending to the base of the mixed
layer (to about 100-m depth). The temperature changes
observed in the surface mixed layer during the year are
in phase with, and are dominated by, the seasonal cycle
of solar insolation for the Southern Hemisphere. However, below the mixed layer, the zonally averaged temperatures are observed to be as much as 0.48C less than
the annual mean during March (early autumn) at depth
300–400 m. The mixed layer is cooled during the winter
months (June–August) with the upper 100 m being cooler than the annual mean through to October–November
(late spring). Despite the upper-ocean cool anomalies
extending to about 100-m depth during this time as a
result of winter convection, warm anomalies of from

0.28–0.48C are observed between 100-m and 450-m
depth, with maximum values during October at depth
300–400 m. Since air temperatures are at a maximum
in mid–late summer (January–February) and are at a
minimum in mid–late winter (July–August), these subsurface temperature changes over the main part of the
subtropical gyre are almost 1808 out of phase with the
annual insolation cycle for the Southern Hemisphere.
Furthermore, the vertical extent of the temperature
changes along 198S are coherent to 450-m depth, and
probably extend to deeper depths. Thus, these thermocline variations are likely to be associated with the
gravest baroclinic modes.
Comparison of the D148C anomalies with the local
surface wind stress curl anomalies in the center of the
subtropical gyre (108–308S) indicates that there is approximately a three-month lag of the vertical excursions
of the thermocline from the corresponding changes in
the wind stress curl. The phase of the depth variations
of the thermocline in this region is consistent with the
pumping of the thermocline by the surface winds. In
contrast, south of 308S, the thermocline depth (and subsurface temperature) anomalies are about 1808 out of
phase with the local wind stress curl. Equatorward of
108S, there appears to be a semiannual cycle of the
thermocline fluctuations and an annual cycle of the local
winds.
In summary, the most likely candidate for causing the
thermocline fluctuations within the subtropical gyre appears to be wind forcing over the central part of the
gyre. However, the lack of correlation of the local winds
with the thermocline displacements poleward of 308S
and equatorward of 108S suggests that the dynamics
involved in these regions is not simply Ekman pumping.
c. Dynamic height and sea level changes
Monthly dynamic height changes referenced to 450m depth were also made using a uniform salinity of 35
psu. These calculations do not take account of the positive correlation between temperature and salinity in this
depth range and, since the salinity–temperature correlation is positive in the Tasman Sea (Boland 1971;
Pearce 1981; Reid 1986), it is likely that these dynamic
heights are overestimated by a factor between 1 and 2.
As expected, the monthly and zonally averaged surface dynamic-height anomalies (not shown) with respect
to 450-m depth change in phase with the heat content
of the mixed layer, which is 908 phase lagged with seasonal solar heating over most of the southwest Pacific
region, but has an increasing lag toward the higher latitudes. These surface dynamic height variations are locally consistent with monthly averaged tide gauge records from the Permanent Service for Mean Sea Level
(PSMSL) (Woodworth 1991) for various sites across the
southwest Pacific including Honiara (Solomon Islands)
and Noumea (New Caledonia) where sea level similarly
varies in phase with solar heating.
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Although sea-level (and surface dynamic height) variations have been reported to be a useful measure of
thermocline depth fluctuations in the tropical Pacific to
158S (Rebert et al. 1985), for the subtropical latitudes
and midlatitudes of the Coral and Tasman Seas, monthly
anomalies of surface dynamic height are a poor diagnostic of the large-scale dynamic response of the thermocline to changes in the wind stress curl. The dynamic
height variations for deeper depths below the mixed
layer (not shown), in particular the dynamic height
changes just below the base of the mixed layer (100 m)
relative to 450-m depth (64 cm over the seasonal cycle),
are very similar to the pattern of D148C/D138C fluctuations (Fig. 7) for the region. This suggests that in
order to properly understand variations in the upperocean thermal structure for the subtropical–middle latitudes of the southwest Pacific, in particular the dynamic
variability of the thermocline, it is necessary to examine
the dynamic height variations below the mixed layer,
rather than the variations at the surface. Consequently,
most of the thermal contribution to the surface dynamic
height field relative to 450-m depth is through seasonal
solar radiation warming of the surface mixed layer and,
hence, the dynamic contribution of the winds to the
temperatures below the mixed layer and to steric sea
level is masked.
4. Dynamical model representations
a. Linear vorticity model simulations
Based on the analysis of the observations presented
in the previous section, it is apparent that the thermocline depth variability on seasonal timescales in the
southwest Pacific is unrelated to the exchange of heat
into the mixed layer and is probably a dynamical response to the large-scale wind field. In order to understand the observed seasonal variability of the depth of
the thermocline in this region, in terms of the relative
contributions from both the local and remote wind forcing, a simple one-dimensional linear vorticity model has
been used. This model is an appropriate choice for the
Tropics and subtropics where the vertical density (here,
the temperature) structure is approximated as an active
upper layer, separated by an interface (pycnocline) from
the deep motionless ocean.
From linear theory, Philander (1979) and previous
investigators have shown that for wind forcing with periods of less than 1 yr, the steady-state Sverdrup balance
cannot be achieved in the Pacific Ocean. On these timescales, a slightly more sophisticated model of the ocean
circulation is required. Here, this model is based on the
linear vorticity equation

1

¹2 2

2

f 2 ]c
]c
1b
5 (= 3 t ) z ,
c 2 ]t
]x

(1)

where c is the mass (or volume) transport streamfunction measured in Sverdrups (1 Sv ø 10 9 kg s21 ), c 5
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Ïgheq is the reduced-gravity wave speed, heq is the
equivalent depth of the ocean layer, f is the Coriolis
parameter, b 5 ] f /]y is the gradient of the Coriolis
parameter with latitude, (= 3 t ) z is the vertical component of the curl of the wind stress (t ) and x and t
denote longitude and time, respectively. The long Rossby wave speed is given by C R 5 bc 2 / f 2 (Meyers 1979;
Kessler 1990). For this model of the ocean, the equivalent depth is given by heq 5 (Dr /r 0 )h1 , where Dr is
the density difference between the upper and lower layers and h1 is the mean depth of the upper layer.
The monthly mass transport streamfunction anomalies from the model can be used to predict the expected
excursions of the internal surface (thermocline). These
model predictions can then be used for direct comparison with the observations. The change in height (when
z is positive upward) of the internal and free surfaces
are easily found using the relationships
Dhinternal 5 2

f
Dc
rc 2

(2)

Dhsurface 5 2

c2
Dh
.
gh1 internal

(3)

The above equations are only valid for a motionless
lower layer, whereas the mean depth of the active upper
layer in the calculation is here taken to be the typical
value of 300 m (Tomczak and Godfrey 1994, p. 37).
As shown in the previous section, the seasonal thermocline variability has large zonal and meridonal scales
greater than 108 lat. Using simple scaling arguments, it
can be shown that the dispersion term [i.e., the Laplacian
term in Eq. (1)] can be neglected. For zonal length scales
of Dx ø 10 6 m (i.e., one-third of the width of the study
region) and meridional length scales of Dy ø 10 6 m
(i.e., about 108 lat), the Laplacian term is two orders of
magnitude smaller than the stretching term, f 2 /c 2 . Thus,
the dispersion of the Rossby waves can be neglected
and the essential physics for the time and space scales
of interest to the observations is represented by the nondispersive long-wave approximation of Eq. (1) given
below
2

f 2 ]c
]c
1b
5 (= 3 t ) z .
c 2 ]t
]x

(4)

For this model of the ocean, a single boundary condition is imposed on the streamfunction such that there
is no flow through the eastern boundary. The numerical
solution to this simplified form of the vorticity equation
[Eq. (4)], in one spatial dimension (longitude) and time,
is solved in this study using a two-step Lax–Wendroff
scheme, which is accurate to second order.
Equation (4) has two important features. It retains the
effect of long Rossby waves forced by the winds outside
and inside the study region and also includes the effect
of the Ekman velocity (i.e., local wind forcing) on the
thermocline. In the case where b is zero, Rossby waves
are not supported, and this equation reduces precisely
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to the Ekman velocity of the pycnocline. Thus, where
b is small this equation only represents the effect of the
local winds.
The model involves a number of unknown parameters
all of which are linked. They are the upper-layer depth
h1 , the density difference between the layers Dr, the
first baroclinic mode gravity wave speed c1 , and the
long Rossby wave speed C R . Because of the relationship
between these variables there is only one truly free parameter, and in this paper we have used the first-mode
baroclinic gravity wave speed, c1 .
Based on recent global studies of theoretical and observed long oceanic Rossby waves, the zonally averaged
values of C R used in the vorticity model have been approximated from satellite altimeter observations (Chelton and Schlax 1996; Chelton et al. 1998). Since the
vorticity model depends on the first-baroclinic-mode
gravity wave speed, c1 (w), we define a set of effective
gravity wave speeds, as a function of latitude determined
directly from the observed long Rossby wave speeds
[Fig. 5b of Chelton and Schlax (1996)].
Figure 9 shows the representation of both the zonally
averaged theoretical and observed long Rossby wave
speeds (cf. Chelton and Schlax 1996) and theoretical
(cf. Chelton et al. 1998) and effective gravity wave
speeds. The gravity wave speeds have a maximum in
the middle of the subtropical gyres where they exceed
4 m s21 . For Rossby waves forced with a period of 1
yr, the wavelength of these waves is a very significant
proportion of the study region. For example, using the
observed Rossby wave speeds, C R , determined from the
TOPEX/Poseidon satellite altimeter (Chelton and
Schlax 1996), the wavelength is 1615 km at 358S and
6550 km at 118S. This compares with the width of the
study region of approximately 3000 km.
Numerical experiments with the model using the observed altimeter-derived phase speeds provide fair
agreement with the phase and amplitude of the temperature observations presented earlier. The inclusion of
long Rossby waves (at the observed Rossby wave
speeds) in the model solution for the gyre region, produces a slight increase (e.g., 62 m along 198S) in the
seasonal range of the internal surface depth variations
for the southwest Pacific that more closely represents
the observed D148C variations in this region. However,
the improvements caused by including Rossby waves is
still insufficient to explain the larger magnitude of the
observed anomalies in this region. Although the wavelength of these baroclinic Rossby waves is a significant
fraction of the region, the wavelength of these observed
Rossby waves is too short, particularly at the higher
latitudes, to reproduce the large zonal changes in the
depth of the thermocline seen in the observed monthly
temperature climatology.
We interpret this mismatch between the vorticity
model simulations, using the altimeter-derived phase
speeds, and the observed changes in the thermocline
depths as requiring an increase in the apparent Rossby

373

FIG. 9. Approximations to the first baroclinic mode gravity wave
speeds, c1 (w ), and the long Rossby wave speeds, C R (w ). The upper
panel shows both the polynomial representation of the theoretical
gravity wave speeds (Chelton et al. 1998) as a function of latitude
(bold line), determined from the distribution of temperature and salinity, and the effective gravity wave speeds used in the model (dashed
line), as determined from the observed long Rossby wave speeds
from the TOPEX/Poseidon satellite altimeter (Chelton and Schlax
1996). The middle panel is an enlargement of the upper panel, for
the latitudes of interest to this study. The lower panel shows the
theoretical long Rossby wave speeds (bold line) as determined from
the theoretical gravity wave speeds above, and the observed long
Rossby wave speeds (dashed line) found by multiplying the ratio of
the effective and theoretical gravity wave speeds by the theoretical
long Rossby wave speed (cf. Fig. 5b of Chelton and Schlax 1996).

wave speed. There are good reasons for increasing the
Rossby wave speed. The altimeter-based observations,
filtered on different time and space scales to our results,
show that the observed Rossby waves are approximately
twice the speed of the expected long-wave speeds from
conventional linear theory south of 208S (Fig. 9). In
addition, annually forced baroclinic long waves, driven
by spatially uniform wind stresses, are expected to propagate westward at twice the phase speed of free nondispersive Rossby waves with the same period (White
1977). More recently, theoretical work on long Rossby
waves also shows that the second and third baroclinic
modes have a very important effect on the structure of
the vertical shear that results in an increase by up to a
factor of 2 in the apparent Rossby wave speed in the
subtropics (Killworth et al. 1997).
Here, we present results from the numerical model
driven by the Hellerman and Rosenstein winds. Figure
10 shows the distribution of depth anomalies of the
internal surface from the annual mean [defined here as
the negative of Eq. (2)] for the months of April, June,
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FIG. 11. Hovmöller plot of the zonally averaged internal surface
depth anomalies (in meters) in the southwest Pacific Ocean calculated
from the mass transport streamfunction as simulated by the numerical
model and forced with monthly mean wind stress curl anomalies from
the annual mean across the width of the Pacific Ocean. Here, a positive
internal surface depth anomaly implies a depressed thermocline and
corresponds to a raised sea surface height (positive anomaly of the
free surface), i.e., greater heat content in the upper ocean and warmer
temperature anomalies below the mixed layer. The Rossby wave
speeds have been scaled by a factor of 2.
FIG. 10. Monthly internal surface depth (m) anomalies (from the
annual mean) across the South Pacific Ocean for the months of April,
June, August, and October. These results were simulated using the
vorticity model forced with monthly mean wind stress curl anomalies
across the width of the Pacific Ocean. The Rossby wave speeds at
each latitude were scaled by a factor of 2.

August, and October across the South Pacific Ocean.
These results are from a simulation with the Rossby
wave speeds scaled by a factor of 2 (2 3 C R ). With this
scaling of the Rossby wave speeds in the simulation,
the model gives a better representation of the spatial
scales observed in the upper-ocean temperature data for
the southwest Pacific region. From this figure, it is clear
that there is westward propagation of an elongated
(‘‘sausage’’ shaped) structure of wave anomalies, which
extends in a west-northwest to east-southeast orientation
between about 108 and 258S across the South Pacific
Ocean. The approximate wavelength (horizontal scale)
of this feature is in excess of 6000 km. This horizontal
scale is roughly twice the width of the southwest Pacific
region.
Following this wave propagation westward in time
from April to October, the internal surface depth anomalies between 108 and 208S in the southwest Pacific
region are shallowest in April, whereas in October they
are deepest. On reaching the southwest Pacific region,
the amplitude of the internal surface depth anomalies
in the southwest Pacific, which have been propagated

into the region from farther east, have combined with
the local forcing to increase the local amplitude.
Examination of the zonally averaged 2 3 C R model
results (Fig. 11) and data (Fig. 7) as three separate latitude bands, 08–108S, 108–308S and .308S, provides a
qualitative understanding of the similarities between the
model results and observations. From this comparison,
the greatest similarity is across the latitude band 108–
308S.
The phase of the internal surface depth variations is
consistent with the phase of the variations in the depth
of the 148C isotherm at all latitudes between 108S and
308S. In this zonal band, which covers much of the
subtropical gyre, the negative D148C anomalies (subsurface cooling) in the early part of the year are qualitatively well represented by the negative internal surface depth anomaly pattern for the same latitudes and
months in the model output. Similarly, the positive
D148C anomalies (subsurface warming) from July to
November/December in the same region, are also well
represented by the positive internal surface depth anomaly pattern given in the corresponding model results.
Overall, the maximum amplitudes are such that the thermocline is shallowest (minimum depth) in March–April
and deepest (maximum depth) in September–October.
Thus, on these large spatial scales, the linear vorticity
model predicts reasonably well the observed pattern of
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climatological monthly thermocline variations for the
subtropical gyre.
The amplitudes of both the zonally averaged internal
surface depth variations and the surface height anomalies are also similar to the observations. Figures 11 and
7 both show that the maximum depth anomalies of the
internal surface (thermocline) are about 615 m in the
band 158–208S. Similarly, the amplitudes of the surface
height anomalies (not shown) are consistent with the
amplitudes of the zonally averaged dynamic height
anomalies at 100-m depth relative to 450 m; that is,
both have seasonal amplitudes of about 64 cm. Overall,
it is clear that this simple vorticity model predicts quite
well the observed ranges in both the internal surface
depth anomalies and the dynamic height anomalies between 108 and 308S for this enhanced Rossby wave
speed.
In order to examine the dependence of the model
results on the long Rossby wave speed (via the first
baroclinic mode gravity wave speed, c1 ) in the southwest Pacific arm of the subtropical gyre, 12 separate
model simulations were performed by scaling the Rossby wave speed, C R [through scaling b in Eq. (4)]. For
experiments 1–12, C R values were, respectively, scaled
by factors of 0.01, 0.1, 0.5, 1, 1.5, 2, 2.5, 3, 3.5, 4, 5,
and 10. Along 198S, for example, the 12 scaled long
Rossby wave speeds were, respectively, 0.001, 0.011,
0.053, 0.106, 0.158, 0.211, 0.264, 0.316, 0.369, 0.422,
0.527, and 1.055 m s21 . In the case where scaled Rossby
wave speeds approach 0 m s21 , the linear vorticity model
simulation becomes the familiar Ekman velocity.
Figure 12 shows the zonally averaged (a) internal
surface depth and (b) surface height anomalies (meters)
along 358S, 298S, 198S, and 98S in the southwest Pacific
as a function of experiment number (Rossby wave
speed) and month. For the gyre latitudes of 298 and
198S the phase of the internal surface depth anomalies
best represents the phase of the D148C anomalies (Fig.
7) when the model is scaled by (2–2.5) 3 C R (experiments 6–7). For 198S, not only the phase but also the
amplitude of the internal surface depth anomalies
matches the D148C anomalies at this latitude very well.
Similarly at 298S, also in the subtropical gyre, the phase
agrees well for experiments 4–6 [i.e., (1–2) 3 C R ], but
at this latitude, the amplitude is smaller than observed.
Hence, for the higher latitudes within the subtropical
gyre, the amplitude of the thermocline variations tends
to be underestimated. South of the subtropical gyre, in
the outflow of the East Australian Current (358S), 4 3
C R (experiment 10) is the only scaling that results in
internal surface depth variations that matches the D148C
phase variations seen in the observations.
Interestingly, for a number of latitudes, there appears
to be resonance corresponding to a limited range of
Rossby wave speeds. For example, at 198S, as the Rossby wave speed increases from near zero (i.e., the Ekman
solution), there is a slight increase in the magnitude of
the internal surface depth anomalies at the satellite-ob-

served Rossby wave speed [i.e., 1 3 C R (experiment
4), thus providing a slightly improved representation of
the observed thermocline depth anomalies in the southwest Pacific region] followed by a sharp increase in
magnitude to maximum values when the model is scaled
by (2–2.5) 3 C R (experiments 6–7). For higher Rossby
wave speeds (experiments 8–12), the amplitude of the
response decreases again. The peak in the response amplitude for 2.5 3 C R (experiment 7) at 198S shows that
the forced linear vorticity equation is close to resonance
for this Rossby wave speed. Similar features are observed for (2.5 and 5) 3 C R (experiments 7 and 11) at
358S and for 1 3 C R (experiment 4) at 98S.
The first experiment (0.01 3 C R ) represents the case
where the vorticity equation degenerates to the local
Ekman velocity since Rossby wave propagation becomes negligible. At 198S, the amplitude of the Ekman
pumping on the internal and free surface is quite small,
about 6 m and 0.02 m, respectively. Clearly, the inclusion of long Rossby waves (experiment 4 and particularly experiments 6–7) has amplified the internal surface
depth and free surface height anomalies by a factor of
2 to 3 and consequently makes an important contribution
to the amplitude of these anomalies. In addition, the
phase of the internal surface depth response at 2.5 3
C R is effectively the same as that for C R → 0 at this
latitude. This result holds true for the whole of the subtropical gyre where the observed amplitudes of the
D148C isotherm are larger than that expected from the
pure Ekman solution, yet have the same phase as the
Ekman solution. This gives rise to the important result
that a purely local analysis is unable to distinguish the
contribution of Ekman pumping and Rossby waves to
the changes of the thermocline depth in the subtropical
gyre, except through the amplitude of the response.
At 358S, however, the observed D148C anomalies are
1808 out of phase with the local wind stress curl. Clearly,
for this latitude, the phase of the anomalies is not consistent with local Ekman pumping. Furthermore, for the
2.5 3 C R case (experiment 7), the modeled variations
of the depth of the internal surface at 358S are also about
3 months out of phase with the D148C anomalies; that
is, the modeled anomalies lead the observations by
about 3 months. In contrast, for 4 3 C R (experiment
10), the phase of the modeled anomalies better represents the observations. Hence, for this higher latitude,
the much larger scaling of the Rossby wave speed performs much better.
b. Three-dimensional model simulations
Comparisons between the observations in the southwest Pacific and results from three-dimensional dynamical models further support the results in the simple
vorticity model for the subtropical gyre. Results from
model simulations discussed here are those generated
using the Large Scale Geostrophic (LSG) model (MaierReimer et al. 1993) and the marginally eddy-resolving
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number (i.e., scaled Rossby wave speed) and month.
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FIG. 13. Hovmöller plots, along 198S, of (a) sea level anomalies
(in meters) from the LSG model, and (b) D148C anomalies determined
from the POCM. Positive sea level anomalies indicate that sea level
is higher, whereas positive D148C anomalies contribute dynamically
to a raised sea level.

Parallel Ocean Climate Model (POCM) of Semtner and
Chervin (Semtner and Chervin 1988; Semtner and Chervin 1992).
In the LSG model simulation, the model was forced
with climatological seasonal wind stresses, surface heat,
and freshwater fluxes. The wind forcing is the same as
that used to drive the linear vorticity model. The role
of the heat and freshwater fluxes on the predicted sea
level was diagnosed and removed, leaving the seasonal
wind-driven component of the sea level variations (Bindoff et al. 1997). Figure 13a shows a Hovmöller plot
of sea surface height anomalies along 198S over the
seasonal cycle. At this latitude, the zonal scale is large
and coherent from the East Australian coast to 1808.
The amplitude of the changes over this region are about
half of that inferred from the dynamic height variations
(i.e., at 100-m depth relative to 450-m depth), determined using a constant salinity. However, the phase is
very consistent with the observations, with the maximum upwelling of the thermocline causing a sea level
minimum to occur in March–May and the maximum
depression of the thermocline causing a sea level maximum to occur in late October. This pattern of change
over the subtropical gyre in the model is quite similar
to that observed over the subtropical gyre in the observations.

Results from a separate analysis of monthly averaged
D148C anomalies from a simulation over the 1980–89
decade using the POCM forced with daily European
Centre for Medium-Range Weather Forecasts wind
stresses (Chervin et al. 1997) are also consistent with
those seen in the simple linear vorticity model. In this
analysis, a monthly climatology was generated from the
POCM output between 1983 and 1989 by averaging all
seven Januarys, seven Februarys, etc., in an analogous
way to the observations, the first three years of the simulation being ignored due to anomalies associated with
the model spinup (A. Craig 1996, personal communication). The model climatology is, therefore, less averaged than the observations, which have data for 34
yr. Figure 13b shows the seasonal cycle of D148C anomalies along 198S for this 3D model. These results, for
the gyre, are again similar to those for both the LSG
and vorticity models, with the maximum negative (positive) amplitudes in March–May (October–December).
The main difference here between the POCM and LSG
model results is that wave peaks and troughs can be
clearly seen in the figure. The wavelength of these waves
along 198S (about 308 of long), is consistent with the
observed first baroclinic mode Rossby wave (and
speeds) for this latitude (0.106 m s21 , see Fig. 9) derived
from the TOPEX/Poseidon satellite altimeter observations (Chelton and Schlax 1996). Furthermore, despite
the amplitude of these POCM thermocline depth variations being about a factor of 2 smaller than the observations, the longitudinal structure of the peak amplitudes in the model results for the southwest Pacific
region, in particular the dominant wave peaks seen just
to the west of 1608E (Fig. 13b), is remarkably similar
to the structure of D148C anomalies at these longitudes
(and latitude) in the observations for March and October
(cf. Fig. 6).
5. Discussion and conclusions
In this paper, thermocline depth (D148C/D138C)
anomalies, derived from a new atlas of monthly mean
upper-ocean temperatures for the southwest Pacific
Ocean, were used to investigate the phase and amplitude
of the seasonal changes in the depth of the thermocline
for this region. In this study, it was found that vertical
movements of the thermocline, and hence also seasonal
temperature anomalies below the surface mixed layer
in the subtropical southwest Pacific, were out of phase
with the annual cycle of solar insolation.
Interestingly, these thermocline movements were not
expressed in the surface dynamic height fields relative
to 450-m depth. Similarly, monthly mean sea level data
at various sites in this region describe sea level changes
that are also typically in phase with seasonal variations
in the insolation of the surface mixed layer, but again
fail to represent the anticorrelation with observed subsurface temperature anomalies (due to movements of
the thermocline) in the southwest Pacific as described
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in this study. These thermocline variations are masked
in both the 0–450 m dynamic height and sea level fields
by the integrated effects of the vertical temperature
changes in the upper ocean, which are dominated by
seasonal solar heating of the surface mixed layer. Hence,
upper-ocean circulation variability in the subtropics and
midlatitudes of the southwest Pacific Ocean cannot be
properly understood without in situ observations of temperature changes below the surface mixed layer.
To further examine the seasonal relationship between
thermocline movements in the southwest Pacific region
and the contribution from both the local and remote
wind stress curl, a simple time-dependent numerical
model was developed based on the linear vorticity equation and was forced with observed wind stresses across
the entire South Pacific Ocean. Results from the vorticity model, with the inclusion of Rossby waves at the
altimeter-observed phase speeds, C R , showed a moderate improvement in the prediction skill of the vertical
movements of the thermocline in the southwest Pacific
region, as compared with the simple Ekman solution.
Furthermore, it was found that the observed thermocline
variability in the southwest Pacific was represented
much better by the model using Rossby wave speeds of
(2–2.5) 3 C R .
Overall, the results from these model simulations for
the subtropical gyre latitudes between about 108 and
308S, with the inclusion of Rossby waves, were both
qualitatively and quantitatively consistent with seasonal
changes in the depth of the 148C isotherm. It should be
stressed that the numerical results for the subtropics of
the southwest Pacific Ocean, generated using this purely
dynamical model, were more consistent with the inclusion of both the time-varying and b (Rossby) terms in
the vorticity equation. The role of the modified b term
implies that Rossby waves are an important part of the
dynamics in the region between Australia and 1808.
These findings are supported by results from numerical simulations using two separate three-dimensional
models. In particular, the results from the Parallel Ocean
Climate Model of Semtner and Chervin suggest that
Rossby waves, at the phase speeds observed with the
TOPEX/Poseidon altimeter, are important to the overall
structure of the thermocline depth anomalies in the subtropical gyre region of the southwest Pacific.
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APPENDIX
Synthesis of Ocean Temperature Data
a. Singular value decomposition
Let A be an M 3 N matrix for the data such that M
represents the number of standard depths and N is the
number of stations. Vertical positions are allocated every five meters from the surface to 450-m depth, making
a total of 91 standard depths. Following Fukumori and
Wunsch (1991), the temperature data are normalized by
subtracting an a priori (first guess) mean and dividing
by an a priori error. Hence, each element of the A matrix
is described by
a ij 5

T ij 2 T ij
,
si

(A1)

where T ij is the temperature value at depth i and station
j, T ij is the a priori mean at depth i and station j, and
the normalization factor s i is the a priori error (noise)
estimate at depth i.
The southwest Pacific region was divided such that
each subregion still contained more than 8000 individual
casts. Consequently, the number of stations in any one
subregion was always far greater than the number of
standard depths. To minimize the size of the eigenvalue
problem, the data matrix was constructed with depth in
the row dimension. Hence, each column of the matrix
contained a separate MBT/XBT cast corresponding to
a geographic location and time. The singular value decomposition (SVD) was performed on the vertical covariance matrix AAT for the data within each subregion.
In mathematical terms,

AAT 5 UL 2UT ,

(A2)

where the columns, u i , of U are the vertical eigenvectors.
Now, from the definition of the SVD of the data matrix, A,

A 5 ULVT ,

(A3)

a simple rearrangement, using the orthogonality property of U (i.e., U21 5 UT ), yields

V 5 (L21UTA)T ,

(A4)

where the diagonal elements of the M 3 M matrix L
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are the set of singular values (effectively the eigenvalues) and V is an N 3 M matrix with each column vector
v i , representing the amplitudes of the associated vertical
eigenvector u i . Since each column of the data matrix A
represents a single cast corresponding to a geographic
location and time, each column vector v i represents the
time and space variation of the associated vertical eigenvector u i .
The rank, p, of the matrix A, is the minimum dimension of M 3 N and represents the total number of
modes, that is, equal to the total number of eigenvectors
or eigenvalues arising from the SVD. Here, we are primarily interested in the number of significant modes, k
# p, which are above the noise level in the data. Hence,
these k modes are retained and only the elements in the
first k vectors, v i , are objectively mapped in space and
time onto a regular grid (discussed in the appendix part
d).
b. A priori mean field
The a priori mean field was calculated as a polynomial
fit to the entire temperature dataset for the southwest
Pacific. This mean field is modeled as a second-order
polynomial in latitude and depth and with an annual and
semiannual harmonic in time yielding a total of 45 regression coefficients including cross-correlation terms.
The resulting a priori mean field was used as the firstguess mean field estimate in the EOF analysis.
c. A priori noise
On these relatively large spatial scales, noise is defined as the small-scale variability associated with mesoscale eddies, internal waves, and other unresolved
ocean processes. The variance of the data about its mean
vertical structure contains both the signal variance and
the noise variance, and is not necessarily an appropriate
measure for s i . A better estimate of the noise variance
at each depth is found from the difference between each
temperature value and those for neighboring casts.
‘‘Neighboring’’ is referred to here as the shorter scales
that tend to separate individual casts along a cruise track
spatially by less than 100 km and temporally by less
than 1 day, and may comprise repeated sampling of
individual eddies.
Let T r be the observed temperature for cast r at a
selected depth and T s be the temperature value of a
neighboring cast at the same depth. The noise variance
is defined as
1
s 2i 5
2N

O (T 2 T ) ,
N

r

2
s k

(A5)

k51

where (T r 2 T s ) k is the kth difference between pairs of
distinct casts separated spatially by less than 100 km
and temporally by less than 1 day [see Fukumori and
Wunsch (1991)]. The a priori noise estimates calculated
at each depth with this equation were used to normalize

the temperature differences in the EOF analysis and to
scale the error fields associated with the gridded temperature maps arising from the objective mapping.
d. Objective mapping
Objective mapping is used to map each of the retained
v i onto the chosen regular horizontal grid. The vertical
structure at each grid point for each mapped mode is
defined by u i . The objectively mapped v i values are
given by Bretherton et al. (1976) as
v igrid 5 C imdC21
i dd (v i 2 v i ) 1 v i ,

(A6)

where v i is the ith eigenvector of the horizontal coefficient matrix, v i is the mean of the coefficients for the
ith mode, and C md and C dd are, respectively, the model–
data and data–data covariance matrices.
An anisotropic Gaussian covariance function (including time) was chosen for the analysis. Each element of
the data–data covariance matrix C idd is given by

5 1 2 1 2 1 26

C idd 5 s i exp 2

Dr xjk
lx

2

2

Dr yjk
ly

2

2

Dr tjk
lt

2

1 e id jk ,
(A7)

where Dr xjk , Dr yjk , Dr tjk are the distances (degrees) in
longitude, latitude, and time (days), respectively, between data points j and k; l x , l y , l t are the corresponding
covariance scales; and s i and e i are estimates of the
signal and noise variances for the ith mode, respectively.
The noise variance (e i ) of v i is obtained using the same
procedure as for the a priori noise. The model–data
covariance matrix C imd is described by an equation almost identical to Eq. (A7), the only difference being
that the Kronecker delta term is not included. Here, the
identities Dr xjk , Dr yjk , Dr tjk are the distances (degrees) in
longitude, latitude and time (days), respectively, between a data and model grid point.
The nondimensional error, s ijnorm , is reconstructed using the relation

O (u
k

s 2ij norm 5

im

l m e jm ) 2 ,

(A8)

m51

where k is the number of modes for the reconstruction
and u im and e jm are, respectively, the mth mode eigenvector and estimated error of the mapped coefficients
at the jth grid point and at the ith depth (cf. Bretherton
et al. 1976). Consequently, the dimensional error is represented by

ŝ 5 snorm sapriori .

(A9)

This estimate of the error is incomplete since it does
not account for the error associated with the neglected
modes.
Computationally, the objective mapping procedure is
costly. The procedure involves an inversion of the data–
data covariance matrix. This is an N 3 operation in time
and becomes almost unmanageable for N . 1500 points,
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or so, on most good workstations. A major advantage
of the EOF analysis procedure combined with objective
mapping is that it reduces the number of times that
mapping is required while still retaining the three-dimensional correlations present in the data.
In this analysis, monthly mean temperature fields on
a 28 3 28 grid were generated in order to describe the
seasonal variability in the temperature data collected
between 1955 and 1988. To generate these gridded
monthly means, the data were organized into 12 months
of length ‘‘365.25/12 days.’’ To a close approximation,
all January data were organized into one group, all February data into another group, and so on.
The objective mapping procedure relies on a reasonable choice of scales based on both the underlying physics and the data distribution. Here, horizontal length
scales of 28 lat 3 48 long and a timescale of 90 days
were chosen. The larger scales in longitude were chosen
due to the zonality of ocean temperatures and the choice
of grid was selected to be consistent with the wind
stresses.
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